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Abstract 

Mesoscale eddies, not only in the Southern Ocean but globally, play a vital role in mixing and 

transporting climatically important tracers such as heat and carbon dioxide. Nearly all the 

ocean models used for climate studies run at a non-eddy-resolving horizontal resolution of 1° 

or coarser, and therefore the effects of eddies (advection and mixing) are parameterised in 

these models. In some models, this parameterisation is employed as a spatially uniform value 

while other models employ varying advection and mixing parameterisations. However, 

observations show that it is spatially non-uniform. Recently developed, suppressed mixing 

length theory takes into account eddy propagation relative to the background mean flow 

which suppresses the mixing rates - Ferrari and Nikurashin, (2010). Observations have also 

shown the evidence of suppression of mixing (Naveira Garabato et al., 2011; Roach et al., 

2018). The research on suppressed eddy mixing has revealed that mixing rates vary spatially 

and impact tracer transport. An improved parameterisation of eddy mixing which considers 

the spatial variability of eddy mixing could improve our understanding of the response of the 

global ocean to tracer uptake and climate change. Here we test the competing 

parameterisations. We do this assessment in Python Ocean Model (pyOM2.2), with a closed 

energy cycle where the energy available for the mixing in the ocean is only controlled by the 

external energy input from the atmosphere, tidal system, and internal exchanges. Currently 

none of the other ocean models used for climate projections use such an energy consistency 

framework. 

First, the parameterisation of suppressed eddy mixing is implemented in an idealised model 

configuration of the Antarctic Circumpolar Current in a zonally symmetric periodic channel. 

This study of an idealised channel model suggests that suppressed eddy mixing 

parameterisation performs better than the traditionally used parameterisations (spatially 

uniform and unsuppressed), in the context of tracer uptake. Suppressed mixing 

parameterisation relies on the energy consistency framework of pyOM2.2 and captures the 

wind sensitivity information and suppression effect. Therefore, suppression coupled with 

improved eddy advection parameterisation reduces the tracer uptake difference with high-

resolution simulation to less than 2%. 



Secondly, we found from the findings of the first scientific chapter that the inclusion of improved 

eddy advection term (spatially uniform) improves the slopes of isotherms and leads to accurate 

estimates of the tracer transport. This motivated us to use a realistic model configuration of 

the global ocean with 2° resolution and test different values of eddy advection and eddy 

mixing (which are spatially uniform) to determine which eddy effect, advection, or mixing, 

plays the main role in controlling the tracer distribution on different time scales. We found 

on decadal time scales eddy mixing and eddy advection both play equally important roles in 

controlling tracer distribution. However, on the time scale of a hundred-year eddy advection 

dominates eddy mixing to control the global tracer uptake. 

Finally, suppressed eddy mixing is parameterised in the global ocean. The suppressed eddy 

mixing parameterisation shows a rich spatially varying structure of eddy mixing in the western 

boundary currents due to the strong presence of jets and eddies. Suppression plays an 

important role not only in the Southern Ocean but also in the global ocean. Overall, this work 

provides evidence that in a 2°x2° pyOM2.2 model that mixing parameterisation schemes give 

limited scope to improve the tracer uptake estimates on decadal and century time scales and 

that the key uncertainty from Chapter 2 and Chapter 3 is in eddy advection. 

Implementing improved parameterisations of advection and mixing in an energetically 

consistent ocean model will lead to improved representation of mesoscale eddy effects in the 

coarse resolution ocean models and help to develop a better understanding of the response 

of the Southern and global oceans to climate change and to accurate projections of carbon 

feedbacks in the future.  



i

TABLE OF CONTENT 

TABLE OF CONTENT ........................................................................................................... i 

LIST OF TABLES ................................................................................................................ iv 

LIST OF FIGUERS ............................................................................................................... v 

LIST OF ACRONYMS ....................................................................................................... xvii 

Introduction ..................................................................................................................... 1 

1.1 Global Climate and its Components ............................................................................................. 1 

1.2 Meridional Overturning Circulation .............................................................................................. 2 

1.3 Antarctic Circumpolar Current, Eddies and Climate Variability .................................................... 3 

1.4 Eddies and how their Effects are Represented in Ocean Models ................................................. 5 

1.4.1 What are Mesoscale Eddies? ................................................................................................. 6 

1.4.2 Eddy Mixing ............................................................................................................................ 8 

1.4.3 Eddy Advection .................................................................................................................... 10 

1.4.4 Eddy Mixing, Advection, and their Relationship .................................................................. 12 

1.5 Mean Flow Interaction with Eddies and Suppression................................................................. 14 

1.6 Objectives and Outline of the Thesis .......................................................................................... 16 

The Role of Eddy Mixing Suppression in the Ventilation of the Southern Ocean .............. 20 

2.1 Introduction ................................................................................................................................ 21 

2.2 Model Description and Forcing ................................................................................................... 25 

2.3 Tracer Forcing ............................................................................................................................. 28 

2.4 Parameterisation of Suppressed Eddy Mixing ............................................................................ 28 

2.5 Coarse Resolution Experiments used in this Study ..................................................................... 29 

2.6 Results: Mean EKE Validations, Unsuppressed and Suppressed Mixing Rates........................... 31 

2.6.1 Results: Mean EKE Equilibration .......................................................................................... 40 

2.7 Results: Comparison of Fine and Coarse Resolution Simulations ............................................... 42 

2.8 Results: Different Mixing Parameterisations Affecting Tracer Distribution ............................... 44 

2.8.1 Results: Tracer Uptake Timeseries ....................................................................................... 47 

2.9 Discussion and Conclusions ........................................................................................................ 50 

The Impact of Eddy Advection and Mixing on Passive Tracer Transport in a Global Ocean 

Model ............................................................................................................................ 53 



ii 
 

3.1 Introduction ................................................................................................................................ 54 

3.2 Model Description and Eddy Parameterisations ........................................................................ 57 

3.3 Validations .................................................................................................................................. 61 

3.3.1 Validation of the Temperature Distribution of the Reference Experiment with the World 

Ocean Data .................................................................................................................................... 61 

3.3.2 Validation of the Salinity Distribution of the Reference Experiment with the World Ocean 

Data ............................................................................................................................................... 67 

3.3.3 Pycnocline Depth and Global Meridional Overturning Circulation ..................................... 72 

3.4 Results of Tracer Distribution ..................................................................................................... 75 

3.5 Discussion and Conclusions ........................................................................................................ 86 

The Role of Eddy Mixing Suppression in Tracer Transport in the Global Ocean Model ...... 90 

4.1 Introduction ................................................................................................................................ 91 

4.2 Model Description ....................................................................................................................... 94 

4.2.1 Model Forcing ...................................................................................................................... 95 

4.2.2 Energy Consistency in pyOM2.2 .......................................................................................... 97 

4.2.3 Experimental Design .......................................................................................................... 101 

4.3 Results: Model Validations........................................................................................................ 102 

4.3.1 Validation of EKE ................................................................................................................ 102 

4.3.2 Validation of Circumpolar Transport ................................................................................. 104 

4.3.3 Validation of Temperature ................................................................................................. 105 

4.3.4 Validation of Salinity .......................................................................................................... 107 

4.3.5 Validation of Density .......................................................................................................... 109 

4.3.6 Global Meridional Overturning Circulation........................................................................ 111 

4.4 Results: Modelling of Mixing Length Theory ............................................................................ 112 

4.4.1 Different Length Scales in the Ocean ................................................................................. 113 

4.4.2 Results: Eddy Phase Speed, Zonal Mean Flow and Eddy Decorrelation Timescale ........... 115 

4.4.3 Results: Unsuppressed and Suppressed Mixing Rates ....................................................... 117 

4.4.4 Results: K0 and KFN  and their Vertical Profile .................................................................. 119 

4.4.5 Results: Comparison of K0 and KFN with Observations .................................................... 120 

4.4.6 Results: Suppression Factor ............................................................................................... 122 

4.5 Results: Distribution of a Passive Tracer ................................................................................... 123 

4.5.1 Different Parameterisations and their Impact Tracer Transport ....................................... 124 

4.6 Discussion and Conclusion ........................................................................................................ 129 

Conclusion and Outlook ................................................................................................ 133 

5.1 Synthesis of Results ................................................................................................................... 134 



iii 
 

5.2 Implications ............................................................................................................................... 137 

5.3 Future Work .............................................................................................................................. 138 

Appendix ...................................................................................................................... 142 

Bibliography ................................................................................................................. 145 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 



iv 

 

LIST OF TABLES 

Table 2. 1 – Parameters used in the idealised numerical model in the standard experiment.

.................................................................................................................................................. 27 

 

Table 2. 2 – First column shows the experiment number. Second column shows different 

values of wind strength. Third column shows values of KGM. Fourth column shows 3 different 

schemes of parameterisations for eddy mixing, 1. Kiso = 500 m2s−1, 2. Kiso = K0 , and 3. Kiso 

= KFN. The Table shows the suite of 15 experiments used in this work to quantify the impact 

of different parameterisations of eddy mixing on the tracer distribution in the SO. Note that 

there are 5 dynamically different ocean states in the ocean interior in this Table… ............. 30 

 

Table 3. 1 – Table showing different values of KGM  and Kiso used in all nine experiments and 

corresponding mean temperature and Salinity differences with respect to world ocean data. 

Experiment 5 is the reference experiment, shaded in grey. Mean Temperature Difference is 

(MTD) and Mean Salinity Difference (MSD). ........................................................................... 60 

 

Table 4. 1– Table showing different values of KGM and Kiso used in all the five different 

experiments. Experiment 1 is the reference experiment, shaded in grey. ........................... 101 

 

 

 

 

 

 

 



v 

 

LIST OF FIGUERS 

Figure 1. 1: Schematic showing the 3-D structure of the dynamics of SO, ACC and MOC 

adapted from (Morrison et al., 2015). ....................................................................................... 3 

 

Figure 1. 2: Schematic adapted from (Rintoul et al., 2001) showing different currents and gyres 

in the SO. Shaded areas show depths shallower than 3500m. The ACC is mainly made up of 

two parallel running fronts (Subantarctic and Polar fronts). Abbreviations used in the Figure 

are: “F” is for Front, “G” is for Gyre and “C” is for Current. Zonal path of the ACC is deflected 

at locations 1, 2, 3 and 4. This deflection is mainly controlled by the topography................... 4 

 

Figure 1. 3: A snapshot of global sea surface currents coloured by sea surface temperature 

from a model output; Estimating the Circulation and Climate of the Ocean, Phase II (ECCO2) 

which uses satellite data at a very high resolution. Colour scale ranges from 1°C (dark blue) to 

32°C (dark red). Image courtesy; NASA Scientific Visualization Studio: 

https://svs.gsfc.nasa.gov/3912. ................................................................................................. 7 

 

Figure 1. 4: The global distribution of eddy mixing, adapted from (Bates et al., 2014). Left 

panel shows the estimate of eddy mixing (Kiso) from satellite altimetry on the surface of the 

global ocean (contours of grey isolines represent Kiso = 1000 m2s−1) and its variability along 

the latitude is shown in the right panel. .................................................................................... 9 

 

Figure 1. 5: Time mean (1958 to 2007) of eddy advection in m2s−1 at the surface of the global 

ocean from different coupled ocean models adapted from (Farneti et al., 2015). Models 

(NCAR, BERGEN, AWI and GISS) used depth-dependent KGM parameterisation and their 

values are shown at 300m depth. ........................................................................................... 11 

 

Figure 1. 6: The spatial variability of eddy mixing rates (m2s−1) in the SO adapted from 

(Marshall et al., 2006). ............................................................................................................. 13 



vi 
 

Figure 1. 7: Adapted from (Klocker and Abernathey, 2014); showing global eddy mixing rates 

using the satellite observations. Panels (a) and (b) represent unsuppressed and suppressed 

eddy mixing rates, respectively. The mixing rates are shown on a log10 scale. ..................... 14 

 

Figure 2. 1: Model forcing components; (a) Surface heat flux (positive into ocean), (b) wind 

stress and (c) northern boundary temperature restoring profile. .......................................... 25 

 

Figure 2. 2: Log10 of the meridional section of Mean EKE from HR-experiments with 
1

10
° 

resolution in cm2s-2 . Each panel shows a different wind stress case.  .................................. 32 

 

Figure 2. 3: Same as in Figure 2.2 but for the CR experiments with 1° resolution, each panel 

shows a different wind stress case. ……………………………………………………………..………………………33 

 

Figure 2. 4: Log10 of unsuppressed K0 and suppressed KFN diffusivities (panels (a) and (c)) at 

the surface of the ocean for the 0.2 N m-2 control experiment. Panels b and d represent zonal 

mean values of unsuppressed and suppressed, respectively………………………………………………..35 

 

Figure 2. 5: The left panel shows the eddy velocity (blue line), zonal mean flow U̅ (green 

circles), eddy phase speed c (black line), and the difference between zonal mean flow and 

eddy phase speed, U̅-c (red dotted line). Middle panel shows the inverse of the suppression 

term shown with a brown continuous line. Right panel shows the mixing rates of the 

unsuppressed mixing (dark blue dotted line) and suppressed mixing (dark blue continuous 

line), same as shown in (Figure 2.4 b and d).. ......................................................................... 36 

 

Figure 2. 6: Log10 of unsuppressed mixing rates K0 for all three wind cases (experiments 2, 5, 

and 8 in Table 2.2). ................................................................................................................... 37 

 

Figure 2. 7: Log10 of suppressed mixing rates KFN for all three wind cases (experiments 3, 6, 

and 9 in Table 2.2). ................................................................................................................... 38 



vii 
 

 

Figure 2. 8: ACC transport of HR and CR experiments for all three different wind cases. ...... 39 

 

Figure 2. 9: Mean EKE of the HR experiments. Black lines in each panel shows that mean EKE 

is well equilibrated from 0 to 25 years. For the high wind cases the equilibration happens 2-3 

years sooner than for the low wind case. The green colour lines show the time when the 

passive tracer was released at the surface of the ocean from 25 to 35 years. ....................... 41 

 

Figure 2. 10: Panel 1 shows zonally averaged temperature from HR 0.2 N m-2 wind 

experiment. Black lines show HR isotherms of 0, 1, 3, 5 and 7°C and black dotted lines show 

sponge layer in the north. Panel 2 shows CR for the (0.2 N m-2 wind) experiment 6 (Kiso = 

KFN). Orange lines show CR isotherms of 0, 1, 3, 5 and 7°C and black dotted lines show sponge 

layer. Panel 3 shows temperature difference between HR and CR and panel 4 shows the root 

mean square of the temperature differences..........................................................................42 

 

Figure 2. 11: Summary of mean square temperature difference of CR experiments. Black 

dotted lines along X-axis and Y-axis show the HR reference experiment of τ0 = 0.2 N m-2. Grey 

area of the plot show experiments 3, 6, and 9 (KGM = 100, 300, and 600 m2s-1 ). The white 

area represents experiments 12 and 15 (KGM = 300 and 1000  m2s-1 )…………………………………44 

 

Figure 2. 12: Tracer distribution, top row: the HR experiments with three different winds. 

Black solid lines show isotherms of 0, 1, 3, 5 and 7 °C. Black dotted line shows sponge layer. 

Middle row: experiments 1, 4 and 7 with Kiso = 500 m2s-1 . Bottom row: experiments 3, 6 and 

9 with Kiso = KFN. To avoid confusion, experiments 2, 5 and 8 with Kiso = K0, are not shown 

here because they are very similar to experiments 1, 4 and 7 but their results are discussed in 

next section and shown in Figures 2.13 and 2.14.................................................................... 45 

 

Figure 2. 13: Mean Square Tracer Difference with changing winds. Black dotted lines show the 

HR-reference experiment (τ0 = 0.2 N m-2). The grey and white area of the plot show 

experiments 1 to 9 and experiments 10 to 15, respectively. .................................................. 46 

 



viii 
 

Figure 2. 14: Time series of globally averaged tracer concentration for three different wind 

values. Panel (a) shows the HR experiments for all wind cases. Panel (b), (c) and (d) show the 

CR and the HR for 0.1 N m−2, 0.2 N m−2, and 0.3 N m−2 cases, respectively……………………. 48 

 

Figure 3. 1: The panels (a) and (b) show the global annual mean of surface temperature from 

observations (WOD) and from the reference experiment 5 (Table 3.1). The bottom panel (c) 

shows the difference of surface temperature between observations and model. Panel (d) 

shows the RMS of the difference shown in (c). The simulations shown here is reference 

simulation from Table 3.1, at year 190 to 200 of the simulation ………………….…….…..…………….62 

 

Figure 3. 2: The panels (a) and (b) show the global annual mean of temperature fields at 

1000m depth from observations (WOD) and from the model (pyOM2.2), respectively. The 

bottom left panel show the temperature difference between observations and model and (d) 

shows the RMS of the difference shown in (c). The simulations shown here is reference 

simulation from Table 3.1, at year 190 to 200 of the simulation………………………………………….63 

 

Figure 3. 3: The panels (a) and (b) show the zonal and time mean of temperature from 

observations (WOD) and from the model (pyOM2.2), respectively for years 190 to 200. The 

bottom left panel show the temperature difference between observations and model and (d) 

shows the RMS of the difference over depth shown in (c). The simulations shown here is 

reference simulation from Table 3.1, at year 190 to 200 of the simulation. .......................... 64 

 

Figure 3. 4: Summary of mean temperature difference with respect to WOD of all the 9 

experiments shown in Table 3.1 .............................................................................................. 66 

 

Figure 3. 5: Circumpolar Transport for the global ocean for all the experiments shown in Table 

3.1. ........................................................................................................................................... 67 

 

Figure 3. 6: The panels (a) and (b) show the global annual mean, surface salinity from 

observations and from the model, respectively. The bottom panel (c) shows the surface 



ix 

 

salinity difference between observations and model (d) shows the RMS of the difference 

shown in (c). The simulation shown here is reference simulation from Table 3.1, at year 190 to 

200 of the simulation. ………………………………………………………………………………………………………..68 

 

 Figure 3. 7: The panels (a) and (b) show the global annual mean of salinity at 1000m depth 

from WOD and from pyOM2.2, respectively. The bottom left panel show the Salinity difference 

between observations and model and (d) shows the RMS of the difference shown in (c). The 

simulations shown here is reference simulation from Table 3.1, at year 190 to 200 of the 

simulation…………………………………………………………………………………………………………………………..69 

 

Figure 3. 8: The panels (a) and (b) show the zonal and time mean of salinity from WOD and 

from the pyOM2.2, respectively. The bottom left panel show the salinity difference between 

observations and model and (d) shows the RMS of the difference shown in (c). The simulations 

shown here is reference simulation from Table 3.1, at year 190 to 200 of the simulation…..69 

 

 Figure 3. 9: Temperature and salinity profiles for the entire global ocean for the control run 

at different depths. The left-hand side legend shows global mean, surface mean, mid-depth 

mean, and deep ocean mean temperature values, whereas, the right hand legend shows 

global mean, surface mean, mid-depth mean and deep ocean mean salinity values……………..71 

 

Figure 3. 10: Density change for all nine experiments, at year 200, for the global ocean. 

Pycnocline depth is shown using the blue box and it is between 700m to 950m for all the nine 

experiments. KGM and Kiso values all are in m2s-1 as shown in Figure’s legend in the bottom 

left corner………………………………………………………………………………….……………..………………………..72  

 

Figure 3. 11: Difference of Global Meridional Overturning Circulation (GMOC) between 

experiments 2, 4, 6, 8 from experiment 5 (control run) is shown in panels 1, 2, 3, and 4, 

respectively (note the colour bar changes from -1 to 1 Sverdrup). Mean meridional 

overturning stream function units are in Sverdrup for the integration years 100–200 for the 

global ocean. The contours are plotted on all the four panels of the difference plots to show 



x 

 

the mean GMOC values of the control run (which changes from -30 Sv to 30 Sv). Positive 

contours are clockwise and negative contours are anticlockwise…………………………………………73 

 

Figure 3. 12: Mean Kinetic Energy for all nine experiments for 200 years. The first 100 years 

show how the model reached equilibration and 100 to 200 years show the period when the 

passive tracer was introduced…………………………………………………………………………………………….76 

 

Figure 3. 13: Snap shots of zonal mean of tracer distribution in the reference experiment (KGM 

= 500 m2s−1 and Kiso = 500 m2s−1) at different times of the model run for the global ocean. 

The black contours indicate the isopycnals in kg m−3. The density shown is sigma1, potential 

density with respect to a reference pressure of 1000 dar, that is, this potential density – 1000 

kg m−3……………………………………………………………………………………………………………………………....76 

 

Figure 3. 14: Tracer uptake of experiments no. 1, 2 and 3 with different KGM = 100, 500 and 

1000 m2s-1 respectively but same Kiso = 100 m2s-1 values. All three panels demonstrate zonal 

and time mean of tracer distribution for the global ocean for the last 10 years of the model 

run. The density shown is sigma1, potential density with respect to a reference pressure of 

1000 dbar, that is, this potential density – 1000 kg m-3………………………………………………………..77 

 

 Figure 3. 15: Tracer uptake of experiments no. 1, 4 and 7 with different Kiso = 100, 500 and 

1000 m2s−1 respectively but same KGM = 100 m2s−1 values. All three panels demonstrate 

zonal and time mean of tracer distribution for the global ocean. The density shown is sigma 

1, potential density with respect to a reference pressure of 1000 dbar, that is, this potential 

density – 1000 kg m−3……………………………………………………………………………………………………..…79 

 

Figure 3. 16: Tracer difference plots of all nine experiments. Each panel represents the 

difference of the zonal and time mean of the tracer distribution with respect to the reference 

experiment for the global ocean. The time used for this plot is from 140 to 150 years. The term 

‘Ref’ in the title of all panels represent reference experiment………………………………………………80 



xi 
 

 

Figure 3. 17: Tracer difference plots of all nine experiments. Each panel represents the 

difference of the zonal and time mean of the tracer distribution with respect to the reference 

experiment for the global ocean (same as Figure 3.16 but at different time scale). The time 

used for this plot is from 190 to 200 years. The term ‘Ref’ in the title of all panels represent 

reference experiment………………………………………………………………………………………………………….82 

 

Figure 3. 18: RMS of the tracer difference of all nine experiments. Each panel represents the 

difference of the tracer distribution with respect to the reference experiment for the global 

ocean. The time used for this plot is from 190 to 200 years, the red, green, and blue lines 

represent KGM 100, 500 and 1000 m2s-1. RMS is calculated over the 0-3000m depth range….83 

 

Figure 3. 19: Tracer mean concentration for all nine experiments for the global ocean. Note 

the winds are fixed, and these values are for years 190 to 200 years…………………………………….84  

 

Figure 3. 20: Time series of total tracer concentration for all nine experiments for the global 

ocean (for years 100 to 200)………………………………………………………………………………………………..85 

 

 Figure 4. 1: Plot shows a snap shot of surface temperature from 90°S to 60°N (from reference 

experiment)………………………………………………………………………………………………………………………..95 

 

Figure 4. 2: (a) zonal averaged surface temperature, (b) zonal averaged surface salinity (c) 

zonal averaged surface wind stress. Note this forcing is same as in (Eden et al., 2014). ....... 96 

 

Figure 4. 3: Schematic adopted from Talley (2011) showing length and time scales of different 

processes. The pyOM2.2 model keeps track of the energy flow from mesoscales to turbulent 

mixing which is important to understand the large-scale circulation. .................................. 100 

 



xii 
 

Figure 4. 4: Log10 of high-resolution 
1

10
° surface EKE (cm2s−2) from the AVISO altimeter 

product (a) & (c), and coarse-resolution (2°) parameterised surface EKE (cm2s−2) from the 

pyOM2.2 model (b) & (d). Different black boxes in Figure 4 are drawn to help compare EKE 

from different regions. ........................................................................................................... 103 

 

Figure 4. 5: Circumpolar Transport of all the experiments in Table 4.1. KGM and Kiso values 

are in m2s−1........................................................................................................................... 104 

 

Figure 4. 6: Mean (zonal, time and depth mean) temperature difference between experiment 

1 (base case) and the WOD is shown with brown line. The other four lines show the 

temperature difference between experiments 2, 3, 4 and 5 and experiment 1 (base case). 

These lines represent the mean zonal difference, averaged over depth, and years 190 to 200. 

All KGM and Kiso values are shown in  m2s−1 ... ................................................................... 105 

 

Figure 4. 7: Globally zonal and time averaged, meridional section of the temperature 

difference of experiments 2, 3, 4 and 5 with experiment 1 (base case). Red and green boxes 

represent equatorial regions. ................................................................................................ 107 

 

Figure 4. 8: Same as Figure 4.6 but for the salinity……………………………………..……………………. 108 

 

Figure 4. 9: Same as Figure 4.7 but for the salinity. .............................................................. 109 

 

Figure 4. 10: Depth averaged density of WOD and all the five experiments from Table 4.1. All 

the KGM and Kiso values are shown in  m2s−1 . The density shown is sigma1, potential density 

with respect to a reference pressure of 1000 dbar, that is, this potential density–1000 kg m−3.

................................................................................................................................................ 110 

 

Figure 4. 11: Mean meridional overturning stream function units are in Sverdrup for the 

integration years 100–200 of the control run for the global ocean. The contour interval is 1-3 

Sv for positive values (clockwise) and 1 Sv for negative values (anticlockwise)……………………….112 



xiii 
 

 

Figure 4. 12: Ratio r (red line) is shown in panel (a). Regions with r < 1 are dominated by linear 

Rossby waves and r > 1 are dominated by nonlinear mesoscale eddies, the thick black dashed 

lines show the critical latitude. Panel (b) Eddy scale radius (green line) estimated by pyOM2.2 

and panel (c) shows the Rossby radius of deformation (Ld; black line) and the Rhines scale (Lr; 

blue line). All these panels calculated from the output of the experiment 5 (Table 4.1). .... 115 

 

Figure 4. 13: (a) Eddy phase speed (blue line) and eddy phase speed including the Doppler 

shift (red line). (b) zonal mean flow (green line). (c) eddy decorrelation time scale (red line). 

All these panels calculated from the output of the experiment 5 (Table 4.1). ..................... 116 

 

Figure 4. 14: (a) shows the rms-eddy  velocity  [urms] (blue line), zonal mean flow [U̅] (green 

circles) eddy phase speed [c] (black line) and the difference between zonal mean flow and 

eddy phase speed [U̅-c] (red dotted line), which is a good indicator of the distribution of the 

suppression. (b) shows the square of [urms] (blue line), the square of  [U̅-c] (orange dotted 

line) and the ratio 
 [U̅−c] 2

[urms] 2
 (light green dotted line) which has no units and gives a good 

indication of the strength of suppression. (c) shows the suppression (brown line) and (black 

dotted lines) show the critical latitudes from -17°S to 20°N and this region is dominated by 

linear Rossby waves. (d) shows the unsuppressed mixing (dark blue dotted line) and 

suppressed mixing (dark blue continuous line) respectively. All these panels calculated from 

the outputs of the experiments 4 and 5 (Table 4.1)…………..………………………………………………..117 

 

Figure 4. 15: (a) and (c) show the global estimate of unsuppressed (K0) and suppressed (KFN) 

eddy mixing rate on a Log10 scale. (b) and (d) shows zonally averaged K0 and KFN also on a 

Log10 scale. All these panels calculated from the outputs of the experiments 4 and 5 (Table 

4.1).. ....................................................................................................................................... 119 

 

Figure 4. 16: Vertical profiles of K0 and KFN from experiments 4 and 5, the dashed blue line 

shows a constant (1000 m2s−1) value of eddy mixing used in experiment 3. ...................... 121 

 



xiv 

 

Figure 4. 17: The suppression factor 
1

1+ 
k2

γ2(U̅−c)2 
taken from [Eq. (4.4)] is a non-dimensional 

variable calculated at the surface of the ocean (left) and (right). Both panels calculated from 

the output of the experiment 5 (Table 4.1). .......................................................................... 122 

 

Figure 4. 18: All four panels show meridional section of tracer distribution of experiment 1 

(base case) for the global ocean which illustrate the time evolution of the tracer distribution 

from 100 to 200 years. Both KGM and Kiso values are shown in  m2s−1 . All these panels 

calculated from the output of experiment 1 (Table 4.1). Title of different panels show years 3, 

35, 70 and 99 (for the tracer run) these years are equivalent to 103, 135, 170 and 199 years 

to the overall run.  ................................................................................................................. 124 

 

Figure 4. 19: Both panels show meridional section of tracer distribution for the global ocean 

which illustrate the time evolution of the tracer distribution at year 199. Both KGM and Kiso 

values are shown in  m2s-1 . Both panels are calculated from the outputs of experiment 5 

(suppressed diffusivity: KFN) and 4 (unsuppressed diffusivity: K0) respectively (Table 4.1). 

Title on both panels show year 99 (for the tracer run); these years are equivalent to 199 year 

in the overall run. The red line around 1000m is drawn to show that unsuppressed diffusivity 

K0 tracer uptake is slightly higher than KFN………………………………………….…………………………..126 

 

Figure 4. 20: All four panels show zonally integrated tracer [-]/year/degree of all four 

experiments from the global ocean experiment. All the KGM and Kiso values are shown 

in  m2s−1 . All these panels calculated from the outputs of the experiments 1, 3, 4 and 5 (Table 

4.1). ........................................................................................................................................ 127 

 

Figure 4. 21: All nine panels show meridional section of tracer difference for the global ocean 

for all three experiments (experiments 3 to 5) with respect to experiment 1 (control run). Each 

column illustrates the time evolution of the tracer difference at year 35 for column 1, year 70 

for column 2 and year 99 for column 3. Each column also provides a comparison among all 

three experiments. All the KGM and Kiso values are shown in  m2s−1 . All these panels 

calculated from the outputs of the experiments 1, 3, 4 and 5 (Table 4.1). .......................... 127 



xv 

 

 

 



xvi 
 

 

 

 

 

 

 

 

 

 

 

 

 

 

 



xvii 
 

LIST OF ACRONYMS 

 

AABW                                  Antarctic Bottom Water               

ACC                                      Antarctic Circumpolar Current    

AAIW                                   Antarctic Intermediate Water     

APE                                      Available Potential Energy           

CR                                        Coarse Resolution  

EKE                                      Eddy Kinetic Energy  

HR                                        High Resolution  

LRW                                     Linear Rossby Waves 

ME                                       Mesoscale Eddies 

MKE                                     Mean Kinetic Energy  

MOC                                    Meridional Overturning Circulation  

MLT                                     Mixing Length Theory  

PF                                        Polar Front  

pyOM                                  python Ocean Model 

RMS                                    Root Mean Square  

SAF                                      Subantarctic Front  

SAM                                    Southern Annular Mode 

SAZ                                      Subantarctic Zone  



xviii 
 

SSH                                      Sea Surface Height  

SAMW                                 Subantarctic Mode Water  

WOD                                   World Ocean Data 

 

 

  

 

 

 

 

 

 

 

 

 

 

 

 



xix 

 

 

 

 

Dedicated to  

My sister Komal (late, 1990-2013), parents, wife, and son… 

 

 

 

 

 

 

 

 

 

 

 

 



xx 

 

 

 



1 

 

Chapter 1 

Introduction 

1.1 Global Climate and its Components  

Although the atmosphere and ocean transport about equal amounts of heat, the main 

differences between these two parts of the earth system occur on widely different temporal 

and spatial scales. The atmosphere distributes heat rapidly on a temporal scale of days to 

months, however, it takes hundreds of years for the ocean as a whole to respond 

(Cunningham, 2005). The ocean can store almost four thousand times more heat than the 

atmosphere, and the top two to three metres of the mixed layer of the ocean carries more 

heat than the entire atmosphere (Bryden and Cunningham, 2003; Cunningham, 2005). This 

is one of the main reasons that the rate of global climate change is directly linked to the 

ocean (DeVries and Primeau, 2011; Griffies et al., 2015). Climate change is influenced by the 

capacity of the ocean to store heat and carbon dioxide (Cunningham, 2005; Devries et al., 

2012; Morrison et al., 2015; Meyssignac et al., 2019). The global ocean is known to uptake 

almost 30% of the anthropogenic carbon dioxide emissions and about 90% of the additional 

radiative heating since 1750 (Levitus et al., 2012; Khatiwala et al., 2013; Griffies et al., 2015). 

Many models based and observational studies have suggested that Southern Ocean (SO) is 

responsible for almost half of that carbon uptake (Roemmich and Gilson, 2009; Khatiwala et 

al., 2013; Morison et al., 2015; Roemmich et al., 2019). The SO absorbs carbon dioxide at 

the surface and this carbon-rich water is transported to the deep ocean through overturning 

circulation (Marshall and Speer, 2012). This is a significant feature associated with the SO 

because the water that reaches the bottom remains there for decades to centuries or even 

longer without having any contact with the atmosphere and is an important mechanism for 

stabilising the climate (DeVries and Primeau, 2011; Frölicher et al., 2015).  

 

After staying in the deep ocean this water upwells back to the surface with little heat or 

mixing required (Wolfe and Cessi, 2011; Watson et al., 2013). This upwelled water is cold, 

rich in nutrients, and hundreds of years old. It gets exposed to the current warm atmosphere 

and leads to a rapid uptake of heat and carbon dioxide, which plays a vital role in the current 

climate (Morison et al., 2015). Westerlies are the key driver of the SO circulation and 
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mesoscale eddy formation. These winds have increased significantly in recent decades and 

eddy formation is highly sensitive to these changes (Toggweiler and Russell, 2008; Hofmann 

and Morales Maqueda, 2011). Eddies exert great control over the rate of uptake of heat and 

carbon (Abernathey et al., 2011; Waugh, 2014; Morison et al., 2015; Abernathey and 

Ferreira, 2015; Waugh et al., 2019).Therefore, understanding the processes (such as eddy 

dynamics) that are impacting heat and carbon uptake in the SO are important for the 

accurate projections of the future climate.  

 

The SO connects three major oceans: Indian, Pacific, and Atlantic. It covers almost 20% of 

the total area of the global ocean (Olbers et al., 2004; Cunningham, 2005). The SO has two 

main circulations which are closely linked: the Antarctic Circumpolar Current (west to east) 

and Meridional Overturning Circulation (north to south) (Karsten and Marshall, 2002).The 

Antarctic Circumpolar Current (ACC) is the largest zonal current of about 24,000 km in the 

global ocean and it transports huge volume of water that are estimated to range from 140 

Sv to 180 Sv (Bryden and Cunningham, 2003; Olbers et al., 2004; Cunningham, 2005; 

Donohue et al., 2016). The ACC is an unsTable current, it meanders and forms eddies which 

are important for the momentum balance of the ACC (Gille, 1994; Thompson and Young, 

2006; Thompson and Young, 2007; Thompson, 2008; Thompson, 2010). The Meridional 

Overturning Circulation (MOC) is a three-dimensional ocean circulation that connects the 

deep ocean to the atmosphere (Karsten and Marshall, 2002; Marshall and Speer, 2012; 

Talley, 2013) and helps to regulate our climate.  

1.2 Meridional Overturning Circulation  

A three-dimensional view of the SO meridional overturning circulation is shown in Figure 

1.1. The Coriolis force, when combined with westerlies (grey arrows blowing over the SO, 

see Figure 1.1), drives Ekman transport at the surface of the ocean in the northward 

direction. The fast eastward-moving ACC, eddies, and Ekman transport all are responsible 

for tilting the isopycnal upwards (from the horizontal) when it pushes the light surface water 

(red and green colours) northwards (Speer et al., 2000). The westerlies have a latitudinal 

variation which causes divergence in the Ekman transport and this is the main cause of 

upwelling along the tilting isopycnals from the deep ocean to the surface of the ocean on 

the southern side of the ACC (Anderson and Burckle, 2009; Marshall and Speer, 2012). The 
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upwelled water ends up at the surface at two different locations: water that upwells close 

to the Antarctic sea ice is cooled and sinks back to the deep ocean along the Antarctic 

continental shelf and transforms into the dense bottom water. On the other hand, water 

that upwells in the westerlies is warmed and becomes a part of northward moving Ekman 

surface layer (Morrison et al., 2015).  

 

 

Figure 1. 1: Schematic showing the 3-D structure of the dynamics of the SO, ACC and MOC 

adapted from (Morrison et al., 2015). 

The dynamics and volume transport of MOC is controlled by the combination of westerlies, 

buoyancy fluxes, eddy forcing and diapycnal mixing (Speer et al., 2000; Karsten and Marshall, 

2002; Marshall and Speer, 2012). Buoyancy forcing and strong winds help to store the 

Potential Energy (PE) in the sloping isopycnals of the ACC. This PE is released by baroclinic 

instability which is the main source of eddy production in the SO (Charney, 1947; Eady, 1949; 

Lorenz, 1955; Gill et al., 1974; Wunsch and Ferrari, 2004; Cessi et al., 2006; Smith, 2007). 

These eddies shape the MOC by providing a balance for vertical fluxes through interfacial 

form stress (IFS) as increased momentum input on the surface of the ocean by the wind 

stress that is transferred to the bottom via IFS (Munk and Palmén, 1951).  

1.3 Antarctic Circumpolar Current, Eddies and Climate Variability  

The ACC is a unique current in the global ocean because it circumnavigates the globe without 
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any continental barriers (Gnanadesikan and Hallberg, 2000; Bryden and Cunningham, 2003; 

Cunningham, 2005). An ocean front is a boundary between two different water masses with 

different temperature, salinity, and density (Sloyan and Rintoul, 2001; Tansley and Marshall, 

2001). Density difference across the fronts is the main cause of the formation of jets which 

transports properties of one water mass to another (Olbers et al., 2004). The basic difference 

between the ACC and the other ocean currents is that the ACC is mainly made up of three or 

more parallel running fronts namely Subtropical front, Subantarctic Front (SAF), and Polar 

Front (PF) while other ocean currents are typically made up of a single jet system 

(Cunningham, 2005; Sokolov and Rintoul, 2007). These fronts separate the SO into distinctive 

zones (see Figure 1.2) (Rintoul et al., 2001). The SAF gets deflected by the topography 

significantly around regions 1 ,2, 3 and 4 in the Figure 1.2. Topographic barriers are the main 

reason that the northern edge of the SO changes with latitude (Bryden and Cunningham, 

2003; Cunningham, 2005; Gille et al., 2007; Lu and Speer, 2010).  

 

Figure 1. 2: Schematic adapted from (Rintoul et al., 2001) showing different currents and gyres 

in the SO. Shaded areas show depths shallower than 3500m. The ACC is mainly made up of 
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two parallel running fronts (Subantarctic and Polar fronts). Abbreviations used in the Figure 

are: “F” is for Front, “G” is for Gyre and “C” is for Current. Zonal path of the ACC is deflected at 

locations 1, 2, 3 and 4. This deflection is mainly controlled by the topography.  

Powerful westerlies blow over the surface of the SO and make the ACC baroclinically unsTable 

(Smith, 2007). This instability forms mesoscale eddies in the SO (Thompson, 2008). These 

oceanic features are equivalent to low and high pressure systems in the atmosphere. Eddies 

help tracers to move across the ACC. They can also change the tilt of the isopycnal slopes 

which can significantly change the tracer transport in the SO (Abernathey and Ferreira, 

2015). But recently (Böning et al., 2008) showed that despite an increase in the strength of 

westerlies, the isopycnal slopes are unchanged and this mechanism is known as eddy 

saturation. Eddy resolving ocean models demonstrate eddy saturation (Hallberg and 

Gnandesikan, 2006; Munday et al., 2013) suggesting that for the accurate tracer transport, 

this mechanism must be captured by the non-eddy resolving ocean models. Eddies are also 

found to be associated with the ocean biology, for example, (Navarro et al., 2007) showed 

chlorophyll (CHL) and eddies have a very high correlation. They also have a direct relation 

with ocean ecosystems and biogeochemical cycles because eddies can impact the 

phytoplankton production by bringing the nutrient rich water, through vertical advection 

and mixing, to the sunlit surface layer (Subramanian et al., 2019). 

1.4 Eddies and how their Effects are Represented in Ocean Models 

Eddies are highly energetic entities. A major amount of the total surface kinetic energy resides 

in mesoscale eddies (Wunsch and Ferrari, 2004; Ferrari and Wunsch, 2009). Eddies draw 

energy from the instability of large-scale background flow such as ACC. However, these eddies 

are also known to play an active role in setting the stratification and large-scale dynamics, not 

only in the global ocean but particularly at high latitudes (Gnandesikan, 1999; Gent, 2016). A 

simple approach to study the role of eddies in the large-scale ocean is associated with the 

concept of eddy mixing. Eddies stir, mix, and homogenises their environment. The overall 

effect of eddies on the large scale can be easily estimated if the rates at which eddies mix are 

known. But current ocean models used for climate studies often do not resolve eddies and 

therefore their effects e.g., eddy mixing is generally parameterised by specifying 

predetermined eddy mixing rates (Gnanadesikan et al., 2015), typically in one third of the 

models a spatially uniform number is used and rest of the models employ length/wind 
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associated eddy mixing parameterisation. Assuming a spatially uniform mixing rates leads to 

biases in the current projections of climate models and uncertainty in the heat and carbon 

uptake of up to 20% to 30% (Morison et al., 2015). There are small-scale mixing processes 

that are also parameterised in the ocean models because they are important for closing the 

ocean’s global overturning circulation and accurate estimate of volume transport associated 

to it (Munk, 1966; Sloyan and Rintoul, 2001; Nikurashin and Ferrari, 2013). Although, these 

processes are very important, the primary focus of this thesis is on parameterising eddy 

mixing rates in coarse resolution ocean models and assessing their impact on the tracer 

transport.  

1.4.1 What are Mesoscale Eddies? 

Following are some of the general characteristics of the mesoscale eddies: 

i. They have spatial scales of roughly up to two hundred kilometres (Early et al., 2011; 

Chelton et al., 2011). 

ii. The circular motion of an eddy is mainly horizontal, but they also have a vertical profile 

(Tulloch et al., 2009) 

iii. Low latitude eddies are large while high latitude eddies are small, directly related to 

the Rossby radius of deformation (Chelton et al., 1998). 

iv. The average lifespan of an eddy is 32 weeks (Chelton et al., 1998; Chelton et al., 2011).  

v. Most of the eddies are formed by the baroclinic instability, while some are formed by 

the interaction of mean currents with topographic features (Thompson and Young, 

2006; Thompson and Young, 2007; Smith, 2007; Viebahn and Eden, 2010). 

vi. Eddies are highly energetic and more than 90% of the total surface kinetic energy is 

stored in the eddy field (Wunsch, 2007; Ferrari and Wunsch, 2009).  

vii. Eddies mix tracers both horizontally and vertically (Morison et al., 2015; Abernathey 

and Ferreira, 2015). 
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Figure 1.3 shows sea surface currents coloured by sea surface temperature for the global 

ocean. The entire global ocean is richly filled with mesoscale eddies moving in spiralling 

patterns in various sizes. These swirls on the surface of the ocean are the result of underlying 

current’s rotational motion, which tend to stir the water of different temperatures and 

creating elegant structures as evident in Figure 1.3. Eddy stirring is not limited to temperature, 

but eddies can stir other physical properties of different water masses and this mechanism 

describes the term ‘eddy mixing’.  

 

Figure 1. 3: A snapshot of global sea surface currents coloured by sea surface temperature 

from a model output; Estimating the Circulation and Climate of the Ocean, Phase II (ECCO2) 

which uses satellite data at a very high resolution. Colour scale ranges from 1°C (dark blue) to 

32°C (dark red). Image courtesy; NASA Scientific Visualization Studio: 

https://svs.gsfc.nasa.gov/3912.  

All the main questions asked in this thesis come from looking curiously at Figure 1.3. There 

are regions like the SO and western boundary currents where eddies are in abundance and 

we can expect strong mixing in these regions. However, close to the equator, eddies slowly 

https://svs.gsfc.nasa.gov/3912
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disappear and more jet like structure starts to appear. Some important question arises, what 

controls the spatial distribution of eddy mixing? Is it same in the horizontal and vertical 

directions? How can we quantify the eddy mixing rates? The answers to these questions are 

presented in chapters 2 through 4. 

The existence of eddies have been known for a long time , especially in the Gulf Stream region 

(Fuglister 1963; Bower et al., 1985). Recent advances in satellite technology have helped us 

to understand their ubiquitous existence in the global ocean (Chelton et al., 2011). Satellite 

observations provide snapshots of the large-scale surface currents as shown in Figure 1.3 and 

these currents are dominated by the eddies. The advective part of eddies is known to control 

the dynamics of the large-scale currents such as ACC (Farneti and Gent, 2011; Gent, 2016). 

Chapter 3 answers the question, which eddy effect mixing or advection is more important in 

context of global tracer transport? 

Figure 1.3 shows that eddies are present everywhere in the global ocean and they impact the 

large-scale distribution of climatically important physical quantities (heat and carbon dioxide) 

and biological nutrients. Figure 1.3 suggests that eddies are an important part of the global 

climate system. Eddies are short-lived when compared with the climate time scales, and 

therefore in the long timescale averages they vanish but their fluxes do not. These fluxes 

impact the large-scale ocean dynamics and tracer uptake. Therefore, an improved 

representation of eddy fluxes through improved eddy parameterisation in the climate models 

is vitally important for the accuracy of climate forecast.  

1.4.2 Eddy Mixing  

The mesoscale eddy mixing coefficient is represented by Kiso and nearly all the current 

climate models parameterise this unresolved eddy effect in the form of mixing along the 

isopycnals (Redi, 1982). The mesoscale eddy-based tracer fluxes are highly dependent on the 

resolution of the ocean model (Balwada et al., 2018). Therefore, eddy-resolving models can 

provide realistic estimates of tracer (carbon dioxide, oxygen, chlorofluorocarbons etc) 

transport. These estimates are generally found to be in good agreement with the 

observations, however, often coarse resolution models use parameterisation (fixed or unfixed 

depending on models’ horizontal resolution) for Kiso and estimates of the tracer transport 

vary by up to 30% (Morrison et al., 2015). Eddies are known to dominate mixing of climatically 
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important tracers on large spatial and long-time scales and therefore improving the 

parameterisation of the eddy mixing rates is important for coarse-resolution ocean models.  

 

 

Figure 1. 4: The global distribution of eddy mixing, adapted from (Bates et al., 2014). Left panel 

shows the estimate of eddy mixing (𝐾𝑖𝑠𝑜) from satellite altimetry on the surface of the global 

ocean (contours of grey isolines represent 𝐾𝑖𝑠𝑜 = 1000 𝑚2𝑠−1) and its variability along the 

latitude is shown in the right panel. 

Currently different coarse resolution ocean models (depending on their horizontal resolution) 

use different parameterisation schemes. Models with 1° horizontal resolution or coarser 

often use fixed eddy parameterisation, models with 0.5° to 0.25° resolution (eddy permitting) 

use unfixed eddy parameterisation, and models with 0.1° or finer resolution resolve eddies 

and therefore may not require any eddy parameterisation. However, eddy resolving climate 

models are hard to run over century or longer timescales therefore climate modelling 

community still depends on eddy mixing parameterisation. Over the last 30 years, 

observational studies have shown that eddy mixing is not spatially uniform but rather a highly 



10 

 

varying parameter (e.g. Holloway, 1986; Klocker and Abernathey, 2014; Busecke and 

Abernathey, 2019). Figure 1.4 clearly shows that eddy mixing changes significantly on a range 

of spatial scales and its value ranges from 100 m2s−1 to roughly 10,000 m2s−1. Ferreira et al. 

(2005), suggested that if the eddy parameterisation in climate models can vary spatially, it 

will significantly reduce the systematic drift in ocean models. Pradal and Gnandesikan, (2014) 

have shown that the parameterisation of Kiso in an ocean model used for climate studies can 

change the global temperature distribution by 1°C. Their study also emphasized that eddy 

mixing exerts control on the dynamics of the regions close to the Antarctic sea ice.  

Gnanadesikan et al. (2015), also showed that if the spatially uniform value of Kiso is changed 

in an ocean model from 400 m2s−1 to 2400 m2s−1, the global carbon uptake changes by up 

to 20%. Previous studies mentioned above suggest that coarse resolution climate models 

must employ a spatially varying coefficient of eddy mixing. Although progress has been made 

in the recent 10 years on the eddy parameterisation, we still lack a complete understanding 

of eddy mixing rates in the global ocean models. Also, the knowledge of how eddy mixing 

varies with depth is still limited because all the recent research has mainly focused to quantify 

the mixing rates at the surface of the ocean. This thesis has tested and implemented an 

improved parameterisation of eddy mixing, which varies in 3-D, in a coarse resolution 

energetically consistent ocean model, pyOM2.2. This work is an effort to quantify the realistic 

eddy mixing rates and how they affect the tracer uptake in the southern and global oceans. 

1.4.3 Eddy Advection  

The mesoscale eddy advection coefficient is represented by KGM and it is associated to the 

tilting of the isopycnals, circumpolar transport, meridional overturning circulation and 

changes in ocean stratification (Gent and McWilliams, 1990), hereafter GM. In the climate 

ocean models, it is typically represented by a spatially uniform number (KGM =

1000 m2s−1), same as eddy mixing. Griffies (1998) provided evidence that KGM and Kiso 

coefficients are not equal. It is now more common to use a spatially varying 

KGM and Kiso. However, there are still coarse resolution ocean models used for climate 

studies, that use a spatially uniform value for eddy mixing and advection parameterisation 

and this can cause larger ACC transport decadal trends and no eddy compensation in the MOC 

(Farneti et al., 2015). New quasi-eddy permitting climate models typically employ a three-
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dimensional time varying advection and mixing schemes for KGM and Kiso, and consequently 

show smaller associated trends  of ACC transport and also partial eddy compensation (Farneti 

et al., 2015). Smith and Marshall, (2009); Abernathey et al. (2013), stated that the vertical 

structures of KGM and Kiso may be linked, which is very important to understand in the 

context of tracer uptake. Farneti and Gent (2011), used several different coupled global ocean 

models and implemented a non-constant GM parameterisation scheme. They reported that 

strong wind cases produce high values of KGM which is associated with changes in the mean 

circulation that were significant and non-negligible. Therefore, careful attention must be 

given to the GM parameterisation during the development of the wind-driven models.  

 

Figure 1. 5: Time mean (1958 to 2007) of eddy advection in 𝑚2𝑠−1 at the surface of the global 

ocean from different coupled ocean models adapted from (Farneti et al., 2015). Models (NCAR, 

BERGEN, AWI and GISS) used depth-dependent 𝐾𝐺𝑀 parameterisation and their values are 

shown at 300m depth. 

The GM coefficient plays an important role in equilibrating the pycnocline and producing 

advective transport. Eddy saturation regime requires that the eddy induced advection is 
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strongly sensitive to wind changes, which, in the limit of small changes in isopycnal slopes, 

requires a large wind dependence of KGM (Abernathey et al., 2011). Farneti and Gent (2011), 

found that GM coefficient is needed to properly reproduce eddy saturation in the coarse-

resolution ocean models. They showed that a coarse-resolution model with a KGM 

parameterisation sensitive to wind changes was able to match the response of a high-

resolution model and reproduce plausible eddy saturation. However, fixed parameterisation 

of KGM failed to capture eddy saturation. Figure 1.5 shows different KGM parameterisations 

used in several different global models for an inter-comparison study (Farneti et al., 2015). 

This study also reached the same conclusion that eddy advection regime demands KGM to be 

strongly sensitive to the wind changes. Abernathey and Ferreira (2015), showed that Kiso is 

also sensitive to the wind changes and this should not be parameterised as a spatially uniform 

value in models. 

In an energetic perspective, GM is known to be a sink of available potential energy (APE) of 

resolved flows (Bachman, 2019).The GM parameterisation is used in large-scale global ocean 

models for the balanced flow, it tends to not only reduce the APE but also reduce the Kinetic 

Energy (KE) and this is the main cause of missing energy in the large-scale global ocean models 

(Bachman, 2019). Improved representation of eddy advection scheme is needed and should 

be energetically consistent to keep track of energy flow from large to small scale of ocean 

processes (Eden et al., 2014). 

1.4.4 Eddy Mixing, Advection, and their Relationship 

Marshall et al. (2006), used the surface velocities from the satellite altimetry and built an eddy 

advection-mixing diagnostic for the SO. A prescribed monotonic advective gradient across the 

ACC was used to initiate the tracer distribution which was mixed and stirred by the 2D eddy 

flow. They then applied the theoretical work of Nakamura (1996) to the tracer distribution. 

This resulted in diffusivity values characterised as a mixing rate of mesoscale eddies acting at 

the surface of the SO. They found the minimum value of 500 m2s−1 and enhanced value of 

2000 m2s−1 for mixing rate in the core of the ACC and equatorward flank of the ACC, 

respectively (see Figure 1.6). Their results are broadly consistent with the Ferrari and 

Nikurashin (2010), suppressed mixing length theory.  



13 

 

Mesoscale eddy effects namely advection and mixing both are important for the tracer 

distribution in the global ocean. Lee et al., (1997) and Lee et al., (2007) suggested that eddy 

mixing along isopycnals for the tracer transport is as important as eddy advection for the 

meridional overturning circulation and dynamics of the ocean. However, mixing and 

advection can oppose or reinforce each other for different tracers depending on time scales 

(Lee and Williams, 2000). Smith and Marshall, (2009), Abernathey and Marshall, (2013) 

suggested that even though both KGM and Kiso parameterise unresolved mesoscale eddy 

effects, the relationship between these two parameterisations is nontrivial. One unique 

aspect of this thesis is that it parameterises the eddy mixing rates using the suppressed mixing 

length model of Ferrari and Nikurashin, (2010) in the SO and global ocean models and 

quantifies its impact on the tracer distribution on different time scales. Also, this thesis 

emphasises that eddy advection parameterisation impacts the dynamics of the ocean which 

can affect tracer distribution on long time scales.  

 

Figure 1. 6: The spatial variability of eddy mixing rates (𝑚2𝑠−1) in the SO adapted from 

(Marshall et al., 2006). 



14 

 

1.5 Mean Flow Interaction with Eddies and Suppression  

Prandtl (1925), used turbulent theory in terms of mixing length which assumed that eddy 

mixing is the product of eddy velocity, eddy mixing length, and a constant of proportionality. 

Estimating these factors from pure theoretical arguments in geostrophic turbulence is not a 

straight forward task and therefore it has been a key topic in oceanography for a long time 

(Green, 1970; Visbeck et al., 1997; Thompson and Young, 2006; Thompson and Young, 2007).  

 

 

Figure 1. 7: Adapted from (Klocker and Abernathey, 2014); showing global eddy mixing rates 

using the satellite observations. Panels (a) and (b) represent unsuppressed and suppressed 

eddy mixing rates, respectively. The mixing rates are shown on a 𝑙𝑜𝑔10 scale. 

However, with advances in the satellite technology, we can now use satellite observations to 

directly measure the eddy velocity. The first time such a theoretical closure of eddy velocity 
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and its mixing length from satellite observations was successfully used was by Holloway, 

(1986). This approach was revised by (Stammer, 1998) and he/she associated the mixing 

length to the local eddy time scales. These two studies Holloway (1986) and Stammer (1998) 

provided details about the spatial patterns of eddy mixing (see also Figure 1.7 a).  

Recently, a couple of different studies (Marshall et al., 2006; Ferrari and Nikurashin, 2010) 

have demonstrated that the formula of Holloway (1986) significantly overestimates the eddy 

mixing rates in the Southern Ocean. Their rationale was that eddy propagation relative to the 

strong background mean flow suppresses the eddy mixing by decreasing the mixing length of 

the mesoscale eddies. Ferrari and Nikurashin (2010) developed a more refined variant of 

mixing length theory that was further explored by Klocker et al. (2012a). This refinement 

shows improvement in the skill of theory by accounting for the mean flow and has been 

further extended in several studies (Klocker and Abernathey, 2014; Abernathey and Ferreira, 

2015; Busecke and Abernathey, 2019). The results from recent studies are in line with other 

observational studies using Argo floats (Naveira Garabato et al., 2011; Roach et al., 2018) and 

idealised tracer experiments using satellite observations (Abernathey and Marshall, 2013). All 

above cited papers showed strong spatial variability of eddy mixing in the global ocean. 

Klocker and Abernathey (2014) using the mixing length approach of Holloway (1986) and 

Stammer (1998) estimated the unsuppressed surface eddy mixing patterns in the global 

ocean shown in Figure 1.7 a. They also used Ferrari and Nikurashin (2010) suppression theory 

and estimated suppressed mixing rates shown in Figure 1.7 b. They suggested, to account for 

the suppression effect, one must know the following variables: 1) eddy size, 2) eddy kinetic 

energy (EKE), 3) depth-averaged mean flow, and 4) Rossby radius of deformation. 

They estimated suppressed eddy mixing (spatially non-uniform) using the above-mentioned 

variables in the simple formula of Ferrari and Nikurashin (2010). They tested the skill of 

suppressed mixing rates against ground truth by using a kinematic tracer simulation. The 

suppressed mixing rates are high in the western boundary currents and low at high latitudes. 

They found that the unsuppressed eddy mixing in Figure 1.7 (a) is an order of magnitude larger 

than the suppressed eddy mixing Figure 1.7 (b).    

More recently, Busecke and Abernathey (2019) found that suppressed eddy mixing in the 

global ocean changes on interannual and even longer time scale. The suppressed mixing rates 
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variations are directly coupled with the large-scale ocean climate variability and it arises from 

the small changes in the large-scale mean flow. They argued that due to the importance 

mesoscale eddies carry in the transport of climatically important tracers (carbon dioxide, 

oxygen, heat, nutrients and etc), the temporal variability of mixing rates could be an 

important climate feedback mechanism.  

1.6 Objectives and Outline of the Thesis   

Observations have shown that the westerlies are getting stronger for last few decades due to 

the changes in the Southern Annular Mode (SAM) caused by the recovery of the ozone hole 

in the atmosphere (Thompson and Wallace, 2000; Cai, 2006; Toggweiler and Russell, 2008; 

Polvani et al., 2011; Waugh et al., 2019). This variability in the winds has affected the 

dynamics of the SO through an increase in mesoscale eddy production and EKE (Hofmann and 

Morales Maqueda, 2011; Solomon et al., 2015). Advances in observational techniques have 

shown that eddy mixing is a spatially varying parameter and implies that mixing is not spatially 

uniform in space (Bates et al., 2014; Busecke and Abernathey, 2019). This study aims to 

parameterise suppressed eddy mixing rates in coarse resolution ocean models and document 

how it affects the tracer distribution not only on the surface of the ocean but also at depth. 

We use an energetically consistent model pyOM2.2 (python ocean model). pyOM2.2 keeps 

track of energy flow from large to small scales such as from eddies and jets into internal waves 

and turbulence (Eden et al., 2014).  

The main goals of this thesis are: 

i. To develop an idealised model configuration of ACC in a zonally symmetric periodic 

channel.   

ii. To design a set of twin experiments, where one is the high resolution (HR) eddy-

resolving and the second is the coarse resolution (CR) that parameterises eddy effects 

(both advection and mixing).  

iii. To parameterise suppressed eddy mixing rates in an idealised CR experiment and 

assess the response of tracer uptake to different parameterised mixing schemes (in 

wind changing scenarios).   
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iv. To validate tracer uptake of CR against the ground truth of HR experiments.  

v. To use a realistic configuration of global ocean model and validate temperature, 

salinity, and density profiles of model with the observations (world ocean data) and 

identify biases that may affect the tracer uptake.  

vi. To analyse which eddy effect – advection or mixing – dominates the tracer uptake in 

the realistic global ocean model on different time scales. 

vii. To parameterise suppressed eddy mixing rates in a global ocean model and compare 

suppressed eddy mixing rates on the surface of the ocean with previous observational 

estimates. 

viii. To explore the suppressed eddy mixing rates (in the vertical coordinates) in the global 

ocean to identify their impact on tracer uptake.  

ix. To characterise how suppressed eddy mixing rates impact the tracer uptake in the 

global ocean models on longer timescales.  

This thesis consists of five chapters. Chapter 1 provides background and motivation to this 

PhD project. Each research chapter from Chapters 2, 3 and 4 is a self-contained study in the 

style of a research paper. Each chapter explores one or more of the above-mentioned goals. 

Chapter 5 describes the main findings of this thesis.     

In Chapter 2 we developed an idealised set of twin experiments for the SO to assess the 

impact of different eddy mixing parameterisations on the tracer uptake in wind changing 

scenarios. We tested goals (iii) and (iv) and found that for all three wind cases suppressed 

eddy mixing (on average) minimises the tracer uptake residual with high resolution to less 

than 2%. We also established that GM coefficient must be carefully parameterised in coarse 

resolution models because it has a significant impact on the tracer uptake.  

Chapter 3 focuses on the global ocean. We use a realistic setup of coarse resolution global 

ocean model. Unlike Chapter 2, here and in Chapter 4 we do not alter winds in our 

experiments. Firstly, we tested goal (v) and found that the model has a cold temperature bias 
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which may affect the tracer uptake at high latitudes. Secondly, motivated from the previous 

chapter results that suggested GM coefficient is important for tracer uptake we investigate 

goal (vi) using fixed parameterisation for advection and mixing. We found that on short-time 

scales, 10s of years, mixing and advection both are equally important for the tracer uptake 

but on the timescale of, 100 years, advection ultimately dominates the global tracer uptake. 

However, on long time scales eddy mixing still exerts control over the Southern Ocean tracer 

uptake.  

Chapter 4 uses the same model used in chapter 3 and instead of using fixed parameterisation 

for eddy mixing we tested goal (vii) and found that suppressed mixing shows a spatially 

varying structure with high values in the western boundary currents due to strong EKE. We 

then tested goals (viii) and (ix) and found that changes in the strength of eddy mixing and 

eddy advection both are the main drivers of global tracer uptake on time scales of 100 years, 

therefore, not only parameterising suppressed eddy mixing is necessary to accurately 

estimate the tracer transport but developing a realistic spatially varying eddy advection 

parameterisation is equally important to simulate the mean state of the ocean (such as 

density surfaces) for tracer uptake.   

Chapter 5 provides a discussion, conclusion, implications, and future directions of the results 

of the whole thesis. Chapters 2, 3 and 4 are in preparation for the submission in peer reviewed 

journals and they are meant to be read individually. The research was performed in the same 

sequential order as the chapters. Chapter 4 shows the most recent results. Chapters 2 and 4 

are connected because both chapters show how suppressed mixing parameterisation affect 

the tracer distribution in the SO and the global ocean models, respectively.  
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Chapter 2 

The Role of Eddy Mixing Suppression in the 

Ventilation of the Southern Ocean 

This chapter parameterises eddy mixing suppression rates in the coarse resolution idealised 

Southern Ocean channel model. It assesses how eddy mixing suppression affects the 

transport of tracers, such as heat and carbon dioxide, in the Southern Ocean. It further 

demonstrates that the traditional value of fixed and unsuppressed eddy mixing 

parameterisations (in wind changing scenarios) can lead to large uncertainties in tracer 

uptake. Results of tracer uptake from the coarse resolution experiment are compared with 

the “twin” high resolution eddy-resolving experiment to test the skill of eddy mixing 

suppression parameterisation.  

Abstract 

Eddies are important features of the ocean as they stir and mix tracers along isopycnals. In 

one third of the coarse resolution (CR) non-eddy-resolving ocean models, the eddy mixing 

coefficient (Kiso) is parameterised as a spatially uniform value, whereas rest of the models 

use different spatially non-uniform eddy mixing parameterisations. Observations, advances 

in the theory, and high resolution (HR) eddy-resolving ocean models have revealed that Kiso is 

non-uniform and a spatially varying parameter. Eddy propagation relative to the background 

mean flow is known to suppress the efficiency of the eddy mixing which has a strong impact 

on tracer uptake time scales and tracer distribution in the ocean. Suppression theory has been 

successfully used in many observational studies. But it has not been implemented as a 

parameterisation in any CR ocean model. Here we parameterise this theory in an idealised CR 

Southern Ocean channel model and hereafter referred to as KFN. We developed an idealised 

set of twin experiments; (i) HR (
1

10
°) eddy resolving resolution and (ii) CR (1°) non-eddy-

resolving resolution that parameterises eddy effects (advection and mixing). This unique 

setup of twin experiments allowed us to test and implement eddy parameterisations and 

helped to validate our tracer uptake results against the ground truth. We used three different 

parameterisations of eddy mixing namely, fixed spatially uniform value (Kiso), unsuppressed 
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(K0), and suppressed (KFN) in wind changing scenarios (0.1, 0.2, and 0.3 N m−2) and to assess 

the impact of these parameterisations on the total tracer uptake. This gave a total of nine 

different experiments; however, six additional experiments were performed to test the 

sensitivity of tracer uptake to the changes in GM parameterisation. Traditionally, for fixed 

parameterisation of eddy advection KGM, often a spatially uniform number of 1000 m2s-1 or 

a parameterisation that depends on a local shear is used in CR ocean models. We found using 

1000 m2s-1 for KGM in CR experiments produced flat isotherms which were not comparable 

to HR experiment. This implied that GM coefficient was large and therefore, three different 

smaller spatially uniform values (100, 300 and 600) m2s-1 were chosen for three different wind 

stresses (0.1, 0.2, and 0.3 N m−2), respectively. These numbers were chosen after carefully 

running several CR experiments to produce isotherms which were comparable to HR 

experiments. This adjustment in GM coefficient improved the overall mean state of the entire 

ocean and made it comparable to HR experiments as indicated by the mean temperature 

difference. We compared tracer uptake of all three wind cases from CR experiments with 

fixed, unsuppressed, and suppressed parameterisations of Kiso, to the tracer uptake of HR 

experiments. We found that suppressed eddy mixing improves the sensitivity of tracer uptake 

to changing winds as indicated by the mean tracer difference. Fixed and unsuppressed 

parameterisations fail to capture the wind sensitivity especially for the high wind case (0.3 

N m−2). For all three wind cases, suppressed eddy mixing, on average, reduced the tracer 

uptake difference with high resolution to less than 2%. In contrast, fixed and unsuppressed 

parameterisation differences were on average around 8% for 10 years long run. For climate 

studies, runs are typically of the order of one hundred years or more and therefore this 

uncertainty can be much larger than 8%. Implementing improved parameterisations of eddy 

advection and mixing in CR ocean models could lead to improved representations of 

mesoscale eddy effects. This will help to develop a better understanding of the response of 

the Southern Ocean to climate change and accurate projections of carbon feedbacks in the 

future.  

2.1 Introduction 

Paleo records suggest that the Southern Ocean (SO) winds (westerlies) were weaker in the 

past climate due to an equatorward shift of the polar westerlies (Bryden and Cunningham, 

2003; Toggweiler and Russell, 2008; Abram et al., 2014). Currently, they are stronger than they 
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have been in the past one thousand years (Abram et al., 2014). Over the past fifty years, 

westerlies have been increasing at a steady rate and have shifted poleward in response to the 

Antarctic ozone hole in the lower stratosphere (Cunningham, 2005; Abram et al., 2014). 

Strengthening westerlies directly impact the Antarctic Circumpolar Current (ACC) by making 

the isopycnals so steep until the ACC becomes baroclinically unsTable (Cunningham, 2005; 

Thompson and Young, 2007). Baroclinic instability is believed to be the main cause of 

mesoscale eddy formation in the SO (Gill et al., 1974; Smith, 2007). Thus, understanding 

changes in the eddy mixing rates due to strengthening winds and how these changes impact 

the tracer uptake is a fundamentally important mechanism in the context of global climate 

change.  

 

Mesoscale eddy mixing regulates the rate at which tracers like carbon, heat, and salinity are 

mixed both laterally and vertically in the ocean. Eddies have two different mechanisms that 

account for tracer transport eddy advection which is associated with a advective coefficient 

KGM and which is also associated with meridional overturning circulation (MOC) (Gent and 

McWilliams, 1990; Viebahn and Eden, 2010; Farneti and Gent, 2011; Gent, 2016). Whereas 

eddy mixing (Kiso) is associated with diffusive transport along isopycnals (Redi, 1982; Lee et 

al., 1997; Gnanadesikan et al., 2015). Eddy advection and eddy mixing can oppose or reinforce 

each other, depending on the tracer gradient and time scales (Lee et al., 2007). Changes in 

eddy mixing and eddy advection are the main drivers of tracer transport (Lee et al., 1997; Lee 

and Williams, 2000). The relationship between these two variables is nontrivial (Smith and 

Marshall, 2009; Abernathey et al., 2013). Farneti and Gent (2011) used an interactive KGM in 

a CR model, which in comparison to a fixed KGM, was able to better match the mean state of 

the HR ocean model. A similar study by Farneti et al., (2015) used several different ocean 

models and reached the same conclusion. They found that using a fixed KGM in horizontal and 

vertical directions will not be able to accurately capture the changes in the mean state of the 

ocean caused by the changing wind stress. Another study by Abernathey et al., (2011) showed 

that, to capture small changes in the isopycnal slopes caused by the changing winds, 

KGM requires wind dependence. Additionally, Abernathey and Ferreira, (2015) found that 

Kiso also changes with the changing winds. Many studies have shown that the MOC is closely 

tied to the advective part of eddies (Abernathey et al., 2011; Marshall and Speer, 2012; Farneti 

et al., 2015; Gent, 2016). Eddy advection, MOC, and their relationship in the SO is well known, 
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and a large amount of recent research has focused on a better understanding of this 

relationship. On the other hand, there have been only a few studies that have focused on how 

the changes in the eddy mixing rates affect the tracer uptake in the SO (Abernathey and 

Ferreira, 2015; Waugh et al., 2019). From an observational point of view, Waugh et al. (2013) 

and Waugh (2014) used CFC data and provided some evidence that the SO ventilation has 

changed with changing winds, which further motivated this work. Here, we characterise the 

spatial variability of suppressed eddy mixing in the SO and assess how it affects the tracer 

distribution in a CR ocean model which is energetically consistent (pyOM2.2) Eden et al., 

(2014).  

 

Eddy mixing rates estimated using surface drifters and profiling floats lack the required 

accuracy because of the insufficient number and location of drifters (Klocker et al., 2012a, b). 

However, another effective and accurate way has been adopted by many studies (Marshall et 

al., 2006; Ferrari and Nikurashin, 2010; Abernathey et al., 2011; Klocker et al., 2012a,b; 

Abernathey and Marshall, 2013; Klocker and Abernathey, 2014) which takes into account the 

ocean surface velocities provided by satellite and use of simulated idealised passive tracer to 

estimate eddy mixing rates. This technique is not limited to the SO, but it has also been used, 

to estimate the global surface eddy mixing rates. Marshall et al., (2006) used this tracer-based 

technique for the SO and found significant spatial variability in the magnitude of eddy mixing. 

They noted surface mixing values of 2000 m2s-1 on the equatorward flank of the ACC and 500 

m2s-1 in the core of the ACC. Lumpkin and Flament, (2001) estimated mixing rates from floats 

and found that in the global ocean its magnitude ranges from 100 m2s-1 to 10,000 m2s-1. 

Abernathey and Klocker, (2014) has estimated global mixing rates ranging from 10 m2s-1 to 

10,000 m2s-1, whereas models like GFDL (Geophysical Fluid Dynamics Laboratory), ESM2M, 

(Dunne et al., 2013) and CMCC, (Fogli et al., 2009) used Kisovalues of 600 m2s-1 and 1200      

m2s-1 respectively. These different estimates of Kiso from observations and modelling studies 

indicate our incomplete understanding of eddy mixing rates in the global ocean. Recent work 

by Pradal and Gnandesikan (2014) using a coupled atmosphere and ocean model have 

demonstrated that changes in eddy mixing not only have a significant effect on the tracer 

distribution but also exerts strong control over the Antarctic sea ice. Therefore, a better 

representation of eddy mixing is important for tracer transport.  
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Nearly one third of the coarse resolution ocean models parameterise eddy mixing rates 

assuming that it is globally a spatially uniform value (Fogli et al., 2009; Dunne et al., 2012). 

Some other studies like Meredith et al., (2012) used a parameterisation for eddy mixing in a 

SO channel model that depends on Eddy Kinetic Energy (EKE). In their study, for small EKE, 

eddy mixing is proportional to the (
3

2
) power of EKE whereas, for large EKE it is proportional 

to the (
1

2
) power. They also assumed that EKE is linearly proportional to wind stress. 

Gnandesikan et al., (2015) used different spatially uniform values of eddy mixing in their 

experiments ranging from 400 to 2400 m2s-1 and found that changing spatially uniform values 

of Kiso has a great impact on tracer uptake (up to 20%) and they concluded that fixed 

parameterisation brings uncertainty in the tracer uptake.  

 

Recently a theoretical idea was introduced by Ferrari and Nikurashin, (2010) that accounts for 

the suppression of isopycnal mixing caused by the eddy propagation relative to the 

background mean flow which is known to impact the tracer distribution (Abernathey and 

Ferreria, 2015). This is a simple expression that predicts suppression of the cross-jet eddy 

mixing in the core of the ACC. Several studies such as Klocker et al., (2012a, b) and  Klocker 

and Abernathey, (2014) have successfully applied this expression on observations to estimate 

the eddy mixing suppression in the southern and global oceans. This expression provides non-

uniform eddy mixing rates that vary spatially, and it gives an important context to our work to 

parameterise KFN in CR ocean models for tracer uptake.   

 

In this study, we implement a theoretical idea taken from Ferrari and Nikurashin, (2010), into 

pyOM2.2, an energetically consistent ocean model (Eden et al., 2014). Sections 2.2, 2.3, and 

2.4 describe the model, its energetically consistent framework and model forcing. Sections 2.5 

and 2.6 describe current parameterisation practices of eddy mixing and how we parameterise 

KFN in a CR ocean model. In sections 2.7 and 2.8 we show results and illustrate how KFN leads 

to significant improvements in the total concentration of tracer. We also compare and validate 

the total tracer concentration from CR to HR. Finally, we discuss our results in the light of 

existing literature and conclude our findings in section 2.9.   
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2.2 Model Description and Forcing  

To assess the impact of eddy mixing parameterisation on the tracer uptake under different 

wind forcing scenarios, we used an idealised ACC zonally symmetric channel. The model used 

in this work is pyOM2.2, Python Ocean Model  (Eden, 2010; Viebahn and Eden, 2010; Eden et 

al., 2014). The equations are formulated in Cartesian coordinates, on a beta-plane with 

constant salinity of 35 g kg−1 , and a linear equation of state is used. There is no topography 

in the model, with a domain size of 1000km in the meridional direction, 2000km in the zonal 

direction and 2984m in the vertical direction consisting of 38 vertical layers in a stretched 

vertical grid. The meridional extent roughly equates to 42°S to 62°S in the Southern Ocean. 

Vertical resolution starts from 5m at the surface and increases towards the bottom to 210m. 

This experiment is used at two different horizontal resolutions, for HR (
1

10
°x

1

10
°) and for CR 

(1°x1°). The HR simulation resolves eddies and therefore requires no parameterisation. 

However, when we change the resolution from HR to CR, eddies are not resolved and we 

parameterise the eddy effects (i.e., eddy advection and mixing) while maintaining everything 

else identical. The HR and CR setups are identical to that of Abernathey et al., (2011), Hill et 

al., (2012), and Abernathey and Ferreira, (2015).  

 

 

Figure 2.1: Model forcing components; (a) Surface heat flux (positive into ocean), (b) wind 

stress and (c) northern boundary temperature restoring profile.  
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The pyOM2.2 model has a closed energy cycle where the energy available for the mixing in 

the ocean is only controlled by the external energy input from the atmosphere (represented 

by surface fluxes), tidal system and internal exchanges (Eden et al., 2014). Energy consistency 

is an important feature of this model, where energy of all the mean variables are accounted 

for. This provides no spurious energy sources and sinks, which helps to define a consistently 

closed energy cycle in the Boussinesq approximation. This implies that even for non-eddy 

resolving experiments, this model can track and estimate the energy budget of different 

energy scales. Currently, none of the ocean models used for climate predictions has an energy 

consistent framework as in pyOM2.2 and therefore, many aspects of the energy cycle in these 

models remain poorly understood.  

 

The pyOM2.2 model provides two options to prescribe the GM value: first one is to prescribe 

a constant value throughout the full water column while tapering is turned off, and second 

one is a constant GM value while tapering is turned on which prevents isopycnal slopes from 

becoming very steep in the wind changing scenarios. We have chosen the second option for 

all the simulations. The model forcing is shown in Figure 2.1. The model is thermodynamically 

forced by a heat flux at the surface (Figure 2.1 a). The observed heat flux over the SO is a 

combination of latent, sensible, and radiative heat fluxes. Freshwater fluxes from 

precipitation, evaporation and ice melt also contribute to the buoyancy flux. Therefore, the 

general pattern indicates heat loss in the polar regions; gain and loss in the core and further 

north of the ACC, respectively (Abernathey et al., 2011). The heat flux (Figure 2.1 a) is 

prescribed on the surface which has patterns of cooling, heating, and cooling from south to 

north. These patterns are intended to represent buoyancy loss (cooling) associated with 

Antarctic Bottom Water (AABW) formation, buoyancy gain (heating) in the ACC and loss 

(cooling) associated with Antarctic Intermediate Water (AAIW) and Subantarctic Mode Water 

(SAMW) formation, respectively (Ito and Marshall, 2008). The heat flux can be written as, 

                                                    Q(y) = - Q0 cos (
3πy

Ly
), for y < 

5Ly

6
                                           (2.1)                                  

where  Q0 = 10 W m−2 , Q = 0 north of y ≤ 
5Ly

6
. Q is positive downward, (i.e., heat flux into the 

ocean) and Ly represents the length of the channel in the y-direction. This prescribed heat 

flux qualitatively resembles the real SO heat flux. 
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The model is forced mechanically at the surface by a sinusoidal eastward wind stress τs (Figure 

2.1 b). This forcing is applied at the surface of the form,  

                                                            τs (y) = τ0 sin(
πy

Ly
)                                                         (2.2)                                   

Here, τ0  is the wind stress and Ly represents the length of the channel in the y-direction. 

Both HR and CR control runs use τ0 = 0.2 N m−2. The central point of this study is to explore 

the eddy mixing sensitivity to the winds and quantify its effects on the tracer distribution. 

Therefore, three different wind stresses are used ranging from 0.1 to 0.3 N m−2. This range 

represents a realistic variation in the strength of Southern Ocean westerly winds to capture 

climatic changes in our experiments.  

The final key component of the forcing is diabatic forcing which is provided by a sponge layer 

(Figure 2.1 c) at the northern boundary. Inside the sponge layer, the temperature T is relaxed 

to a prescribed exponential stratification profile with a time restoring of 7 day, a scale height 

of h = 1000m which is close to natural stratification, and H = 2984m which is the total depth 

of the channel. The exponential decay from ΔT to 0 from the surface to depth –H can be 

described as,  

                                                                  T∗(z) =  ΔT 
(e

z
h − e

−H
h )

(1− e
−H

h  )

                                                       (2.3)                                      

This exponential temperature profile has been already used in many other modelling studies 

such as Abernathey et al., (2011), Abernathey et al., (2013), and Abernathey and Ferreira, 

(2015). Table 2.1 shows the parameters used in the reference experiment.  

Table 2. 1 – Parameters used in the idealised numerical model in the standard experiment. 

 

Parameters   Symbol                      Value Units 

Domain Size                                   Lx , Ly                       1000, 2000               km 

Domain Depth                              H 2984 m 

Horizontal grid spacing                Δx, Δy                        10 km 

Vertical grid spacing                     Δz                              5 – 210                     m 
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Sponge layer latitude                    Lsponge                      1900                         km 

Sponge restoring time                   tsponge  7 days−1  

Surface heat flux magnitude         Q0                              10 W m−2  

Control wind speed                       τ 0.2                           N m−2  

Reference water density                ρ0                              1024 kg m−3  

Coriolis parameter                         f0                             - 1 x 10−4   S−1  

Gradient in Coriolis parameter      β                               1 x 10−11                  m−1S−1  

Vertical viscosity                           Av                             10−3                          m2S−1  

Vertical diffusivity kv                             10−5  m2S−1  

Biharmonic Viscosity              Ahbi   1.56 x 1010 m4S−1  

Bottom friction parameter              r                              10−5  s−1  

 

2.3 Tracer Forcing  

The tracer we simulate in our experiments is an idealised passive tracer. The tracer is forced 

at the surface of the ocean and relaxed to 1 Unit m−3 with a restoring time scale of 6 hours. 

At the northern boundary, it is assumed that the tracer leaves the domain, therefore, the 

tracer is restored to a zero value in the sponge layer.  

2.4 Parameterisation of Suppressed Eddy Mixing 

We have taken the theoretical idea of eddy mixing suppression from Ferrari and Nikurashin, 

(2010) and Klocker and Abernathey, (2014) and parameterised Kiso as KFN. Using the Klocker 

and Abernathey, (2014) formulation, the eddy mixing suppression can be written as, 

  

                                                                        KFN =  
K0 

1+
k2

γ2(U̅−c)2
                                                         (2.4)                                                                                             

where K0 represents unsuppressed mixing,  γ represents the eddy decorrelation timescale, 

which mainly depends on the EKE and eddy scale, k is the eddy wavenumber, U̅ is zonal mean 

flow, and c is the eddy phase speed. This expression presents a valuable framework for 

diagnosing the eddy mixing. The second part of denominator term in [Eq. (2.4)] is known as a 

suppression factor. When the suppression factor is zero, the mixing rate is at its maximum and 
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KFN = K0  which is known as unsuppressed mixing. A similar expression has been used by 

Abernathey and Marshall (2013) for illustrating spatial patterns of eddy mixing.   

 

A simple approach to estimate eddy mixing is to use turbulent theory in terms of mixing length 

which commonly assumes that K =  Г ∗ Urms ∗ L, where K is eddy mixing, Г is a spatially 

uniform of proportionality, Urms is the characteristic eddy velocity, and L is the mixing length 

(Prandtl, 1925). Estimating these factors from pure theoretical arguments in geostrophic 

turbulence is not a straightforward task and therefore it has been a key topic in oceanography 

for a long time (Green, 1970; Thompson and Young, 2007). Satellite data can provide estimates 

of the eddy velocity. However, to determine L, theoretical closure scheme must be employed, 

which has been used in pyOM2.2.  

 

In [Eq. (2.4)], K0 = Г ∗ Urms ∗ L,  where L is eddy scale, Urms =  √2EKE, is the eddy velocity, 

and Г is the mixing efficiency constant of 0.35. Thus, in terms of EKE, the eddy mixing 

suppression can be written as,  

                                                           KFN =
Г∗√2EKE∗L

1+ 
k2

γ2(U̅−c)2
                                                         (2.5) 

 

where k = 
2π

L
 is the wavenumber, γ = 

√2EKE

2(Г)L
 is the eddy decorrelation time scale, EKE is the 

eddy kinetic energy calculated by the model, U̅  is the zonal mean flow, and c = -β*Ld
2 is the 

eddy phase speed. Here β is the change of Coriolis parameter with latitude and Ld is the 

Rossby radius of deformation. Both variables are calculated by the model’s energy consistent 

framework. All the mathematical expressions shown above are taken from Klocker and 

Abernathey, (2014). 

2.5 Coarse Resolution Experiments used in this Study 

We run different experiments as shown in Table 2.2. These are combinations of the three 

different wind cases, a range of values of KGM, and three different Kiso parameterisations 

(fixed, unsuppressed, and suppressed). The results section focuses on experiments from 1 to 

9 (shaded grey and blue) and compares the performance of KFN parameterisation with fixed 

and unsuppressed parameterisations on the tracer uptake against the ground truth of HR 

experiments. Experiments 4, 5, and 6 (for 0.2 N m−2 wind case) are shaded in blue to show 
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control runs. Experiments 1 to 9 (three different winds and three different Kiso 

parameterisations) are directly comparable to the HR experiments 1 to 3 (three different 

winds). This comparison addresses the primary question of this chapter; how tracer uptake 

changes with different Kiso parameterisations in wind changing scenarios? However, 

experiments 10 to 15 are designed to address a secondary question of this chapter, how 

sensitive is KGM coefficient to changing winds and how it affects the mean state of the ocean? 

In experiments 10 to 15 we intentionally used higher values for KGM than that in experiments 

1 to 9. This choice produced larger differences in the mean state of the ocean and 

consequently caused larger offsets in tracer uptake in comparison to HR runs (see Figures 

2.11 and 2.13).  

Table 2. 2 – First column shows the experiment number. Second column shows different values 

of wind strength. Third column shows values of 𝐾𝐺𝑀. Fourth column shows 3 different schemes 

of parameterisations for eddy mixing, 1. 𝐾𝑖𝑠𝑜 = 500 𝑚2𝑠−1, 2. 𝐾𝑖𝑠𝑜 = 𝐾0 , and 3. 𝐾𝑖𝑠𝑜 = 𝐾𝐹𝑁. 

The Table shows the suite of 15 experiments used in this work to quantify the impact of 

different parameterisations of eddy mixing on the tracer distribution in the SO. Note that there 

are 5 dynamically different ocean states in the ocean interior in this Table. 

  

Experiment 
no. 

Wind  

[𝐍 𝐦−𝟐] 

𝐊𝐆𝐌 
[𝐦𝟐𝐬−𝟏] 

𝐊𝐢𝐬𝐨 
[𝐦𝟐𝐬−𝟏] 

1   0.1 100 500 

2 0.1 100 K0 

3 0.1 100 KFN 

4 0.2 300 500 

5 0.2 300 K0 

6 0.2 300 KFN 

7 0.3 600 500 

8 0.3 600 K0 

9 0.3 600 KFN 



31 

 

10 0.1 300 500 

11 0.1 300 K0 

12 0.1 300 KFN 

13 0.2 1000 500 

14 0.2 1000 K0 

15 0.2 1000 KFN 

 

2.6 Results: Mean EKE Validations, Unsuppressed and Suppressed 

Mixing Rates 

Mesoscale eddy dynamics are unresolved in most ocean models which are used for long-term 

climate predictions (Eden et al., 2014). The mesoscale fluctuations are denoted by the Mean 

EKE and it is associated with three main energy exchanges. The first exchange is with the mean 

kinetic energy, which is mainly driven by eddy momentum flux acting on the lateral shear of 

the mean flow. The second exchange is with the Potential Energy (PE) and the third exchange 

is with dissipation. Dissipation of mesoscale eddy energy (ϵeddy) is a poorly understood 

process. A potential mechanism for energy dissipation in the vertical is through lee wave 

formation over topography by the mesoscale balance flow from which energy is transferred 

to the internal-gravity waves (Nikurashin and Ferrari, 2011).  

 

Most models do not have any energy pathways in the vertical direction for the dissipation of 

the mesoscale eddy energy. All the mesoscale mechanisms are known to transfer their energy 

to internal waves, which is the main source of lee-wave generation at the bottom of the ocean, 

or in some cases to the small-scale turbulence in the vertical direction. To address this 

problem, Eden et al. (2014), injected the vertically integrated ϵeddy at the bottom to represent 

the lee-wave generation, which helps this internal lee wave energy regime to become energy-

consistent from the surface to the bottom of the ocean. The pyOM2.2 model used in this study 

uses this energy-consistent framework (Eden et al. 2014) to estimate the Mean EKE of the 

Southern Ocean at coarse-resolution, and we compare this estimate with the high-resolution 

run that explicitly resolves the mesoscale eddies to help validate the Mean EKE 

parameterisation.  
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Figure 2.2 shows the Mean EKE from the HR eddy-resolving simulation and calculated by the 

resolved zonal u and meridional v velocities using the following formula, Mean EKE = 
𝑢2+𝑣2 

2
. 

Figure 2.3 shows the Mean EKE estimated by the model for the CR non-eddy resolving 

experiment. Mean EKE is very important for KFN as it is the main variable that helps to 

estimate the unsuppressed mixing rates K0 [Eq. (2.5)]. Figures 2.2 and 2.3 have three panels 

each representing the different wind case scenario. The model keeps track of the energy flow 

from large to small scales e.g., from jets and eddies to internal waves and turbulence, even at 

the coarse resolution of 1°. The energy consistency theoretical framework helps the model to 

parameterise the energy budget of most of the physical processes.  

 

 

Figure 2.2: 𝐿𝑜𝑔10  of the meridional section of Mean EKE from HR-experiments with 
1

10
° 

resolution in 𝑐𝑚2𝑠−2. Each panel shows a different wind stress case. 

 

For all three panels, the mean EKE in the surface mixed layer for HR and CR are in reasonably 

good agreement (Figures 2.2 and 2.3). It is evident from all three panels that as winds 

intensifies the mean EKE increases in the deep ocean and becomes less baroclinic. However, 

in the HR experiments, below the surface layer for the 0.1 and 0.2 N m−2 cases, high values 

of mean EKE are found in the north close to the sponge layer, shown in red colour. The high 
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values extend to roughly 1000m depth. On the other hand, in the CR experiments, for the 0.1 

and 0.2 N m−2 cases, high values of mean EKE are not consistent with HR because they are 

found further south of the sponge layer and in two different locations. However, the depth 

down to which these high values extend is roughly 1000m which is consistent with HR. For the 

0.3 N m−2 case, the location of the high values of mean EKE in the CR shifts to the north and 

resembles well with the HR 0.3 N m−2 case. From 1000m to 2984m, the CR underestimates 

mean EKE when compared with the HR experiments for all wind cases. The HR experiments 

clearly show for each wind case that mean EKE is at depth almost double compared to the CR 

experiments. The CR experiments for each wind cases close to the high latitudes around 0-

200 km, overestimate the mean EKE when compared with the HR experiments. Similarly, in 

the low latitudes 1800-2000 km close to the sponge layer at the northern edge of the domain, 

all the CR experiments overestimate mean EKE in comparison to the HR.  

 

 

Figure 2.3: Same as in Figure 2.2 but for the CR experiments with 1° resolution, each panel 

shows a different wind stress case.  

We do not expect the CR experiments to capture all the small details of the HR experiments, 

because the parameterisation that estimates mean EKE depends on several assumptions as 

shown by the prognostic equation for mean EKE (Eden and Greatbatch, 2008 their equation 

6). Overall, it is not a perfect comparison of mean EKE between the HR and the CR. Mean EKE 
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from the CR experiments captures some features of the HR experiments but underestimates 

or overestimates many features which can potentially affect the estimates of eddy mixing 

rates i.e., KFN. 

 

In our HR experiments strengthening of the winds produces higher mean EKE values (Figure 

2.2) which represents strong presence of eddy like features. We found an increase in the tilt 

of the isotherms with increasing winds for the HR experiments. For the CR non-eddy-resolving 

experiments (used for long term climate predictions), often the eddy advection coefficient 

KGM is prescribed as a constant number in space which controls the tilting of isotherms. When 

we used  KGM equal to 1000 m2s-1 in our CR experiments for all the three wind cases, it 

dictated the isotherm profiles and resulted into flat isotherms without outcropping at the 

surface close to the high latitudes and showed no sensitivity to the increasing winds. However, 

the isotherms in the HR experiments outcropped at high latitudes for all three wind 

experiments. This implies that KGM equals to 1000 m2s-1 was too strong for the SO and 

resulted in a poor representation of eddy advection in the CR experiments. After performing 

a series of CR experiments with several different values of KGM and comparing them to the 

HR results for all three wind cases, we reached a conclusion that for each wind case KGM 

should not be the same number in the CR experiments. Instead, it should change depending 

on the changes in wind strength.  

 

The different values of KGM used in this study for all three wind cases are summarised in Table 

2.2. An obvious question is what should be done to tackle the problem of overestimation and 

insensitivity of KGM to wind changes. The simple answer to this question is, instead of using 

fixed KGM, it must be parameterised as a function of wind. Mean EKE captures very nicely the 

changes in the strength of winds. Therefore, mean EKE can be used as a variable for an 

interactive KGM parameterisation, as already proposed by Eden and Greatbatch, (2008). Mean 

EKE also goes into the parameterisation of unsuppressed (K0) and suppressed (KFN) mixing 

rates. This is because the mixing length theory of Holloway, (1986) and the suppressed mixing 

length theory of Ferrari and Nikurahin, (2010) both estimate eddy velocity (Urms) directly from 

the mean EKE, as shown in [Eq. (2.5)]. First, we try to understand what controls the 

suppression at the surface of the ocean by plotting surface estimates of K0 and KFN for our 
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control runs. We later show meridional sections of unsuppressed and suppressed rates to 

understand how they change in the vertical direction. 

 

 

Figure 2. 4: 𝐿𝑜𝑔10 of unsuppressed 𝐾0 and suppressed 𝐾𝐹𝑁 diffusivities (panels (a) and (c)) at 

the surface of the ocean for the 0.2 N 𝑚−2 control experiment. Panels b and d represent zonal 

mean values of unsuppressed and suppressed, respectively.  

 

Figure 2.4 shows unsuppressed and suppressed surface mixing rates in panels (a) and (c), and 

zonally averaged values in panels (b) and (d). For unsuppressed mixing, panels (a) and (b) both 

show two peak values of 1800 m2s-1 for K0 at approximately 1700km and 900km in the Y 

direction, respectively. These large values coincide with two quasi-parallel fronts, the 

Subantarctic Front (SAF) and Polar Front (FT) of the ACC. Strong mixing and large mean flow 

values are associated with these fronts. For suppressed mixing, panels (c) and (d) show that 

the peak value decreases from 1800 m2s-1 to 700 m2s-1 and to 1200 m2s-1, respectively. It is 

evident upon the comparison of panels (b) and (d) that strong suppression takes place in the 

regions associated with high mixing, especially for SAF and PF. But suppression also affects the 

regions associated with low mixing close to the high latitudes. To understand what controls 
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the suppression on the surface of the ocean, we plotted different variables that go into [Eq. 

(2.5)] and is shown in Figure 2.5.  

 

The left panel in Figure 2.5 shows the root mean square (rms) eddy velocity (Urms =

 √2EKE  ) in blue. The zonal mean flow U̅ is shown with green circles, eddy phase speed c is 

shown with a black continuous line, and the difference between zonal mean flow and eddy 

phase speed (U̅-c) is shown with a red dotted line. This difference is a good indicator of the 

strength of suppression (Bates et al., 2014). The middle panel shows the inverse of the 

suppression term where small values represent strong suppression and large values represent 

weak suppression. The right panel shows the unsuppressed and suppressed mixing (same as 

in Figure 2.4 b and d).  

 

Figure 2. 5: The left panel shows the eddy velocity (blue line), zonal mean flow �̅� (green circles), 

eddy phase speed c (black line), and the difference between zonal mean flow and eddy phase 

speed, �̅�-c (red dotted line). Middle panel shows the inverse of the suppression term shown 

with a brown continuous line. Right panel shows the mixing rates of the unsuppressed mixing 

(dark blue dotted line) and suppressed mixing (dark blue continuous line), same as shown in 

(Figure 2.4 b and d).  
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In Figure 2.5, the overall decrease in the mixing rates close to Antarctica (right panel) is 

associated with a decrease in the eddy size, a weak mean flow (left panel) and a decrease in 

the magnitude of U̅-c. Thus, the suppression is minimum towards the high latitudes (middle 

panel). The maximum values of rms eddy velocity (left panel) show the core of the ACC and 

eddy mixing rates (right panel) follow its latitudinal variation. This is a clear indication that 

better estimates of mean EKE will help to improve the rms eddy velocity at the surface of the 

ocean which will add confidence to the estimates of mixing rates. Suppression (middle panel) 

is strong in the PF and SAF which is associated with high values of U̅-c in these regions. At the 

surface of the SO, the suppression term depends mainly on two factors: (i) the latitudinal 

variation in the rms eddy velocity and (ii) the magnitude of the difference between mean flow 

and eddy phase speed. We now explore the unsuppressed and suppressed mixing rates in the 

vertical direction which are shown in Figures 2.6 and 2.7.  

 

Figure 2. 6: 𝐿𝑜𝑔10 of unsuppressed mixing rates 𝐾0 for all three wind cases (experiments 2, 5, 

and 8 in Table 2.2). 

We estimated the unsuppressed mixing rate using the mixing length theory in [Eq. (2.4)]. The 

eddy length scale and rms eddy velocity estimates are taken from the model energy 

consistency framework, and the mixing efficiency constant is kept to 0.35 which is taken from 

Klocker and Abernathey, (2014). The maps of unsuppressed mixing K0 are shown along the 

Z-axis in Figure 2.6 for all three wind cases. Following Ferrari and Nikurashin, (2010) and 
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Klocker and Abernathey, (2014), we estimated the suppressed mixing rate using [Eq. (2.5)] for 

all the three wind cases. Figure 2.7 shows maps of the suppressed mixing rate KFN. 

Suppressed mixing rates are purely controlled by the mean EKE distribution, the magnitude 

and direction of the difference between zonal mean flow and eddy phase speed. Figure 2.6 

shows unsuppressed mixing for all three wind cases. The variables in [Eq. (2.5)], that 

determine the suppression factor are the mean flow relative to the eddy phase speed (U̅ − c), 

eddy wave number (k) and eddy decorrelation time scale (γ). The unsuppressed mixing 

encounters no suppression when U̅ and c are equal, whereas when the difference between 

these variables is maximum, the suppression will be maximum. Figure 2.6 shows that K0 is 

strongest at the surface where the mean EKE is large. It reaches minimum values towards the 

deep ocean. Unsuppressed mixing rates strongly depend on the vertical profile of mean EKE 

and therefore it is crucial for the estimates of K0 and KFN to have an accurate representation 

of mean EKE in the CR experiments.  

 

Figure 2. 7: 𝐿𝑜𝑔10 of suppressed mixing rates 𝐾𝐹𝑁 for all three wind cases (experiments 3, 6, 

and 9 in Table 2.2). 

Figure 2.7 shows increasing magnitudes of KFN with increasing winds, which are mostly driven 

by changes in the mean EKE which increases with increasing winds. This relationship is very 

important in the context of the mixing suppression theory of Ferrari and Nikurashin, (2010) 

because it shows that the parameterisation is sensitive to the winds. The KFN values are 
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stronger from the surface to 1500m and decrease from 1500m to the deep ocean, roughly 

following the same vertical spatial pattern of mean EKE. Therefore, in the same way, the 

parameterised mean EKE of the CR experiments is underestimated when compared to mean 

EKE of the HR experiments. As a result, the KFN may also be underestimated. 

 

Mixing rates of experiments 1, 4, and 7 are not shown in Figures 2.6 and 2.7, because their 

mixing rate is prescribed as a constant number of 500  m2s−1 in space. The results in the next 

section are mainly based on a comparison of the tracer distribution of HR eddy-resolving 

experiments (HR1, HR2, and HR3), for all three winds, with the CR non-eddy resolving 

experiments, with three different parameterisations of eddy mixing namely unsuppressed 

(experiments 2, 5, and 8), suppressed (3, 6, and 9) and fixed/constant (1, 4, and 7).   

 

 

Figure 2. 8: ACC transport of HR and CR experiments for all three different wind cases.  

Before we start assessing the effects of different parameterisation on the tracer uptake, we 

first compare the circumpolar transport of the CR to the HR experiments. The large values of 

circumpolar transport can lead to stronger suppression in the ocean; therefore, a realistic ACC 

transport is very important for the KFN estimates. The ACC transport for different HR and CR 

experiments with three different wind stresses is shown in Figure 2.8. These simulations lack 

topographic form stress allowing high barotropic transport in the ACC.  Note the barotropic 
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transport in our simulations is different to Abernathey et al., (2011) because we employed 

higher value of bottom friction. These two are the main reasons (lack of topographic form 

stress and higher value of bottom friction) which produced smaller ACC transport than 

Abernathey et al., (2011).  

Figure 2.8 shows that ACC transport of all the HR and CR experiments increases with 

increasing winds. For the 0.1 N m−2 case, the HR transport is around 150 Sv whereas for the 

same wind stress for the CR (experiments 1, 2 and 3) transport is approximately 130 Sv. The 

ACC transport in the HR experiments is overestimated by 20 Sv compared to the CR 

experiment. Similarly, for 0.2 and 0.3 N m−2 wind cases, in the HR experiments the ACC 

transport is overestimated compared to the CR experiments by 20 to 30 Sv and 25 to 30 Sv, 

respectively. Both HR and CR experiments indicate that the ACC transport, for the higher 

winds, is slightly higher than modelling studies (e.g., Morrison and Hogg, 2013) because our 

experiments lack the eddy saturation mechanism.  

 

 HR experiments show some eddy saturation much less than 10-20% with doubling the wind 

stress as reported by Morrison and Hogg, (2013). We acknowledge that eddy saturation 

mechanism is not working very effectively in our HR simulations because while developing 

these experiments, we did not make an ideal choice of the grid vertical stratification. 

Therefore, the Rossby radius of deformation is set out to be too comparable to the grid scale 

of HR experiments. This is the main reason that HR model response to changes in the wind 

stress is not very effective in constraining the ACC transport. Our HR experiments were 

designed following Abernathey et al., (2011) which did not have any topography in it. 

Therefore, momentum balance is missing in our HR experiments. But note that these idealised 

simple Southern Ocean channel model HR experiments were developed to primarily compare 

(and test the skill of different eddy mixing parameterisations) the evolution of passive tracer 

uptake to different CR experiments which parameterised different eddy mixing schemes.  

2.6.1 Results: Mean EKE Equilibration 

It is very important to understand the mean state (equilibration) of the ocean at both HR and 

CR experiments. An experiment not equilibrated can affect the tracer uptake, because 

isotherms could be in the process of tilting and not yet stabilised.  
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The HR model was spun up for 25 years. At 25 years, Mean Eddy Kinetic Energy (MEKE) 

indicated that it had reached the well-equilibrated state for all wind cases. Then, the passive 

tracer was released at the surface and allowed to evolve for the next 10 years (green line, 

Figure 2.9). 

 

 

Figure 2.9: Mean EKE of the HR experiments. Black lines in each panel shows that mean EKE is 

well equilibrated from 0 to 25 years. For the high wind cases the equilibration happens 2-3 

years sooner than for the low wind case. The green colour lines show the time when the passive 

tracer was released at the surface of the ocean from 25 to 35 years. 

MEKE has a linear relationship with the wind where MEKE increases with increasing winds. 

One of the major sources of energy in the ocean is wind and dependence of MEKE on winds 

can be understood based on the mechanical energy balance (Abernathey and Ferreira, 2015). 

For the CR experiments, all runs were spun up for 25 years and the MEKE of all experiments 

showed that an equilibration state had been reached which is estimated by the model from 

its energy consistency framework. Then all experiments continued to run for another 10 years 

where the tracer was allowed to penetrate from the surface to deep ocean (same as the HR 

experiments). Results of the temperature difference between HR and CR control runs 

averaged over the last 10 years are shown in Figure 2.10.  
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2.7 Results: Comparison of Fine and Coarse Resolution Simulations  

Figure 2.10 (panels 1 and 2) shows the zonally averaged temperature from the HR (wind 2) 

and CR (wind 2 and experiment 6) runs to illustrates how well the coarse resolution 

simulations replicates the high resolution simulations. 

Panel 3 shows the surface temperature (100m-200m) in the HR on average is colder than that 

in the CR. In panel 3 large differences can be seen clearly near the surface towards the 

equatorward flank of the ACC around 3°C to 7°C isotherms. Bottom water between 0°C to 1°C 

is the only place where the HR temperature is warmer than that of the CR as indicated by light 

pink to white colour (panel 3). It shows that 0°C to 1°C isotherms in the CR match nicely with 

the HR.  

This is also evident in the vertical distribution of RMS temperature difference as shown in 

panel 4. Panel 4 illustrates that there are smaller differences (less than 0.1°C) in the vertical 

(starting from 500m to the bottom of the ocean) between the CR and the HR. This result 

suggests that the GM value (KGM= 300 m2s−1 ) used for this CR (experiment 6) produces 

plausible temperature distribution when compared with the HR experiment.  

 

 

Figure 2. 10: Panel 1 shows zonally averaged temperature from HR 0.2 N 𝑚−2 wind 

experiment. Black lines show HR isotherms of 0, 1, 3, 5 and 7°C and black dotted lines show 

sponge layer in the north. Panel 2 shows the CR experiment for the 0.2 𝑁 𝑚−2 wind experiment 

6 (𝐾𝑖𝑠𝑜 = 𝐾𝐹𝑁). Orange lines show CR isotherms of 0, 1, 3, 5 and 7°C and black dotted lines 

show sponge layer. Panel 3 shows temperature difference between the HR and the CR and 

panel 4 shows the root mean square values of the temperature differences.  
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To show how much the GM parameterisation affects the mean state of the ocean for different 

wind cases, we calculated mean temperature difference for experiments 3, 6, 9, 12, and 15 

(Table 2.2) and are shown in Figure 2.11. The mean temperature difference is calculated by 

using the HR experiment as a reference for each wind case.  

Figure 2.11 shows the mean square temperature difference values of above-mentioned CR 

experiments. We first focus on experiments 3, 6, and 9 (KGM= 300 m2s−1 ). For all the three 

wind cases the average temperature offset is less than 0.15°C2 for all three experiments as 

indicated by the red pentagons. To show how choosing a higher value of KGM such as, 

1000 m2s−1 can impact the mean state of the ocean, we ran six additional experiments from 

10 to 15 (Table 2.2).  

We used KGM = 300 m2s−1 and 1000 m2s−1 in experiments 10 to 12 and 13 to 15 with the 

wind values of τ = 0.1 N m−2 and 0.2 N m−2, respectively. These GM values are roughly three 

times larger than the values used in experiments 1 to 6 (for the given wind). Experiments 10 

to 12 have a large offset in the mean squared temperature difference (on average 0.615°C2), 

whereas experiments 13 to 15 have even larger offset (on average 1.15°C2). For simplicity we 

have only shown experiments 12 and 15 represented by pink hexagon and black circle in 

Figure 2.11. Experiments 12 and 15 clearly show that choosing a value of KGM that is too high 

(or too low) can impact the overall temperature distribution and introduce biases. For this set 

of experiments, we have chosen KGM to give a good fit to the mean temperature of the HR 

simulations so that we can examine the variations of Kiso on tracer uptake in the CR 

simulations.  

The KGM coefficient plays an important role in equilibrating the pycnocline and in simulating 

the eddy saturation (Farneti and Gent, 2011; Farneti et al., 2015; Gent, 2016). The results 

from experiments 10 to 15 emphasize how strongly KGM coefficient changes the mean state 

of the ocean and therefore important in these experiments that it is tuned to get the thermal 

structure similar to the HR simulations. A similar thermal structure means that the impacts of 

Kiso can be more confidently assessed against the tracer uptake in the HR simulations. 

Although choosing the improved constant KGM for different wind scenarios helps to match 

the mean state of the CR with HR, ideally, we should use a non-constant spatially varying KGM 

parameterisation which is dependent on EKE or wind stress. The focus of this study is not on 
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the eddy advection coefficient KGM except to get the background temperature field, but on 

the mixing coefficient Kiso and its impact on the tracer transport (described in Section 2.8). 

 

Figure 2.11: Summary of mean square temperature difference of CR experiments. Black dotted 

lines along X-axis and Y-axis show the HR reference experiment of 𝜏0 = 0.2 𝑁 𝑚−2. Grey area 

of the plot show experiments 3, 6, and 9 (𝐾𝐺𝑀 = 100, 300, 𝑎𝑛𝑑 600 𝑚2𝑠−1 ). The white area 

represents experiments 12 and 15 (𝐾𝐺𝑀 = 300 and 1000  𝑚2𝑠−1 ).  

2.8 Results: Different Mixing Parameterisations Affecting Tracer 

Distribution 

Passive tracer is simulated for 10 years (in all the HR and CR experiments). Results of tracer 

release in the HR experiments for all wind cases, CR experiments 1, 4 and 7 for fixed mixing 

parameterisation, and CR experiments 3, 6 and 9 for suppressed mixing parameterisation are 

shown in Figure 2.12. The total tracer uptake in these panels (Figure 2.12) mainly consist of 

the uptake at high latitudes and the uptake along isotherms in the more northerly locations. 

The uptake near Antarctica has strong contributions from convective processes. Total Tracer 

uptake is stronger with the stronger winds across all experiments. Tracer occupies the 

ventilated thermocline and penetrates into the ocean interior through the convective region 

at the southern edge in almost all experiments except in experiment 1 (Figure 2.12 d). 

Nevertheless, for same fixed parameterisation experiments 4 and 7 (Figure 2.2 e and f) with 
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the stronger wind cases, the tracer penetrates deeper into the ocean close to Antarctica. Our 

results are comparable with Mingnone et al., (2006), Abernathey and Ferreira, (2015), and 

Gnanadesikan et al., (2015), who showed that increasing winds increases the tracer uptake in 

the SO. 

The HR (Figure 2.12, panel a) and suppressed mixing parameterisation (Figure 2.12, panel g) 

qualitatively have similar tracer uptake. However, fixed mixing parameterisation (panel d) has 

large differences when compared to panel (a) mainly because gradient of tracer along the 

isopycnals around one and three degree isotherms is much smaller in the CR experiment than 

in the HR experiment. On the other hand, panel (g) shows that the CR tracer uptake is roughly 

the same as in panel (a). The KGM value for panels (d) and (g) are the same, and the only 

difference in both experiments is different Kiso parameterisation. This indicates that KFN 

parameterisation helps to improve the tracer uptake of the CR experiment relative to the HR 

through improved mixing of passive tracer along isotherms. This result of better tracer uptake 

for suppressed mixing is consistent in all three wind cases (panels g, h, and i). Also note that 

in the HR model, the strong vertical mixing of the tracer at the Antarctic Boundary is the 

largest differences between the HR and CR experiment. 

 

Figure 2. 12: Tracer distribution, top row: the HR experiments with three different winds. Black 

solid lines show isotherms of 0, 1, 3, 5 and 7 °C. Black dotted line shows sponge layer. Middle 
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row: experiments 1, 4 and 7 with 𝐾𝑖𝑠𝑜 = 500 𝑚2𝑠−1 . Bottom row: experiments 3, 6 and 9 with 

𝐾𝑖𝑠𝑜 = 𝐾𝐹𝑁. To avoid confusion, experiments 2, 5 and 8 with 𝐾𝑖𝑠𝑜 = 𝐾0, are not shown here 

because they are very similar to experiments 1, 4 and 7 but their results are discussed in next 

section and shown in Figures 2.13 and 2.14.  

The higher wind cases, τ = 0.2 N m−2 and 0.3 N m−2 are represented by the middle and right 

columns in Figure 2.12. For the fixed parameterisation case, when panels (e) and (f) are 

compared with each other the tracer uptake is almost identical in both experiments. This 

shows that after a certain wind threshold (in our suite of experiments it is τ = 0.2 N m−2), 

tracer uptake will not increase significantly for certain parameterisations (e.g., fixed, and 

unsuppressed) of eddy mixing. However, for the suppressed mixing parameterisation case, 

when panels (h) and (i) are compared with each other, it clearly shows that stronger winds 

have more tracer uptake and consistent with the response in the corresponding HR 

experiments. This also shows that the suppressed mixing parameterisation coupled with 

changed GM is sensitive to wind changes. To understand how well KFN parameterisation 

performs, we calculated the mean squared tracer difference (Figure 2.13).  

 

Figure 2.13: Mean Square Tracer Difference with changing winds. Black dotted lines show the 

HR-reference experiment (𝜏0 = 0.2 𝑁 𝑚−2). The grey and white area of the plot show 

experiments 1 to 9 and experiments 10 to 15, respectively.  
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The white area of Figure 2.13 shows experiments 10 to 15. All these experiments have large 

misfit values relative to the HR experiments in the total tracer uptake as expected, because 

of the values of GM coefficient are sub-optimal for simulating the background temperature 

fields in the CR experiments relative to the HR experiments (See Section 2.7). Our focus in 

Figure 2.13 is the grey area which represents experiments from 1 to 9. Green triangles show 

fixed parameterisation of Kiso, blue stars show case when Kiso = K0, and red pentagons show 

case when Kiso = KFN. The mean tracer difference is shown on the y-axis. Larger values 

indicate larger differences between the CR and the HR tracer uptake. For the control run τ = 

0.2 N m−2 the mean tracer difference is smallest across all the three parameterisations and 

maximum for wind τ = 0.1 N m−2. Figure 2.13 clearly shows that when Kiso = KFN 

(experiments 3, 6 and 9), it produces smallest mean tracer difference values from the HR 

experiments. In general, the tracer uptake for the constant and unsuppressed mixing 

simulations is always larger than the unsuppressed mixing simulation. This set of results 

clearly shows that KFN performs better than fixed and unsuppressed parameterisations when 

the background thermal field is tuned with theKGM parameterisation as described in Section 

2.7. This is the first time that the KFN parameterisation has been implemented in an idealised 

Southern Ocean model and our results show that an eddy mixing parameterisation with 

length scale suppression performs marginally better than conventionally used eddy mixing 

parameterisations in the context of total tracer uptake.  

2.8.1 Results: Tracer Uptake Timeseries  

We now show the time-series of total tracer uptake for the HR (all wind cases) and the CR 

experiments 1 to 9 to get a quantitative picture of KFN parameterisation improvements 

(Figure 2.14). For the HR experiments, after the first 3 years, the total tracer uptake is 20% 

larger for 0.3 N m−2 wind stress than 0.1 N m−2 (Figure 2.14 a). This shows that for eddy-

resolving experiments, idealised tracer uptake mainly depends on wind stress. This implies 

that wind dependency in the CR experiments must be captured by the eddy parameterisation 

of Kiso and by the convection at high latitudes. We found that KFN improves the sensitivity 

of tracer transport to changing winds, as indicated by the mean tracer difference, whereas 

fixed and unsuppressed parameterisations with convection do not capture (as well) the wind 

sensitivity especially for the high wind case (0.3 N m−2). For all three wind cases, suppressed 
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eddy mixing, on average, reduces the tracer uptake residual compared with high-resolution 

to less than 2%, whereas for fixed and unsuppressed parameterisations, on average, the 

residual is around 8% for 10 years long run. Assuming a spatially constant number for the 

mixing rates leads to biases in the current projections of climate models and uncertainty in 

the heat and carbon uptake up to 20% to 30% (Morrison et al., 2015). Although our results 

show 8% uncertainty for 10 years long run but for climate studies, runs are typically of the 

order of one hundred years and therefore this residual difference can be much larger than 

8%. These results show that eddy mixing suppression parameterisation, with the changing 

KGM values for three wind experiments qualitatively performs better than the other two 

parameterisations of eddy mixing. We emphasise that convection with the Kiso 

parameterisation in the CR-ocean models used for climate studies should not be 

parameterised as a constant number to avoid the inaccurate estimates of tracer uptake.   

 

Figure 2.14: Time series of globally averaged tracer concentration for three different wind 

values. Panel (a) shows the HR experiments for all wind cases. Panel (b), (c) and (d) show the 

CR and the HR for 0.1 𝑁 𝑚−2, 0.2 𝑁 𝑚−2, and 0.3 𝑁 𝑚−2 cases, respectively.  

Figure A (in the appendix) shows the tracer time series for the HR and CR experiments for all 

three wind cases. This plot is different than Figure 2.14 because here we have subtracted the 

convectional region to assess the effects of the Kiso parameterisation when convection is 
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removed. In our CR experiments we have not only changed eddy mixing parameterisation (for 

all three different wind experiments) but also changed GM to better match the mean state of 

the HR runs. In general, all the panels show that all three different winds have different tracer 

uptake, for these regions primarily affected by Kiso parameterisation (higher winds produced 

higher tracer uptake). In Figure A, it nicely shows that shape of all the curves follow a pattern, 

on short timescale of 1 to 2 years (i.e., 25 to 27 years), the tracer uptake has higher rate than 

the long timescale of 5 to 7 years (i.e., 28 to 35 years). From year 28 to 35, the rate of tracer 

uptake becomes more linear. All the curves in the HR runs move upward and downward 

presenting uncertainty, whereas CR runs are smooth and present no evidence of uncertainty.  

 

Green colour curves in Panel a represent HR experiments for all three winds. However, Panels 

b, c, and d show comparison of the CR total tracer uptake of fixed (red), unsuppressed (blue) 

and suppressed (black) mixing parameterisation with the corresponding HR run. When 

convectional region is removed, the unsuppressed parameterisation has the higher total 

tracer uptake in all three wind cases. However, suppressed parameterisation has lower 

uptake (than the unsuppressed), and fixed parameterisation uptake is in-between these two 

parameterisations. The main reason why unsuppressed mixing has higher tracer uptake than 

suppressed mixing parameterisation can be understood by looking at [Eq. (2.5)] which 

describes both unsuppressed and suppressed eddy mixing parameterisation. In Figure A 

(Panels b, c, and d) the main difference between blue [unsuppressed] and black [suppressed] 

curves is attributed to the term (U̅ − c), where U̅ is zonal mean flow and c is the eddy phase 

speed. The zonal jet of the ACC contributes to the zonal mean flow despite the resolution 

being relatively small leads to the main difference between the black and blue curves. It is still 

not an easy job to find out which parameterisation is better. This is because the passive tracer 

gradients are relatively smooth and weak. Moreover, the eddy mixing rates (unsuppressed 

and suppressed) decrease rapidly with depth. This comes to simple multiplication of small 

diffusion and weak tracer gradients which results in very small changes. This implies that for 

passive tracer experiments it is likely that there may be marginal change in the total tracer 

uptake for all the different mixing parameterisation for a given wind.  
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2.9 Discussion and Conclusions 

Recent studies on the response of the Southern Ocean to changing climate, caused by 

changes in Southern Annular Mode (SAM) (Abram et al., 2014), have mainly focused on the 

response of the strength of the MOC and ACC. Toggweiler and Russel, (2009), suggested that 

the changes in the westerlies would have a large impact on the MOC which will result in large 

changes in the rate of tracer uptake in the Southern Ocean. However, modelling and 

observational studies such as Abernathey et al. (2011) and Böning et al. (2008) respectively, 

have suggested that the impact of changing winds on MOC is moderate. Recent research has 

neglected the important diffusive/mixing role played by mesoscale eddies in the tracer 

transport in the SO (Abernathey and Ferreira, 2015). A recent modelling study by Abernathey 

and Ferreira (2015) using a high-resolution  
1

20
° Southern Ocean channel model, demonstrated 

that eddy mixing strongly depends on changing winds and this dependence has a great impact 

on the tracer uptake. In nearly one third of CR-ocean models used for long term climate 

studies, eddy effects (advection and mixing) are specified as a constant number, which plays 

an important role in the ocean dynamics and tracer uptake. However, observations have 

shown that these coefficients vary spatially. Therefore, the effect of eddies should have a 

spatial variation and requires a better parameterisation in CR-ocean models. In the present 

study, we parameterised a theoretical idea of Ferrari and Nikurashin, (2010) in a CR channel 

model (with the effects of convection at southern boundary included and excluded). More 

precisely, we focused on parameterising eddy mixing effect which has not received attention 

until recently and illustrated that with an improved parameterisation of eddy mixing rates the 

estimates of total tracer uptake can be improved.     

Ferrari and Nikurashin, (2010)’s theory suggests that in the SO, eddy mixing is suppressed in 

the ACC by propagating eddies relative to the background mean flow. We thus developed 

twin experiments at both high and coarse resolution for validation purposes. We forced our 

experiments by winds, temperature restoration at the northern boundary, and by the heat 

flux at the surface in an idealised Southern Ocean channel model (pyOM2.2) which is 

energetically consistent. Tracer was forced by the restoring time scale of 6 hours at the 

surface after the simulations had equilibrated. We parameterised the suppression of eddy 

mixing along with fixed parameterisation of eddy advection to determine its impact on a 

passive tracer. We compared the tracer uptake results with two different parameterisations 
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of eddy mixing (fixed and unsuppressed). For the validation, we compared the CR with the HR 

experiments for all three wind cases. We found that KFN improves the sensitivity, of tracer 

transport (as indicated by the mean square tracer difference) to changing winds, whereas 

fixed and unsuppressed parameterisations did not capture the wind sensitivity especially for 

high wind case.  

We used three different constant eddy advection values for three different wind cases in the 

CR experiments to match the HR mean state of the ocean. The eddy advection values are 

roughly ten, three and two times smaller than the traditionally used constant number (1000 

m2s−1) for 0.1, 0.2 and 0.3 N m−2 wind cases, respectively. Using improved eddy advection 

parameterisation improves the slopes of the isotherms as indicated by the mean square 

temperature difference. It is a common practice to use KGM= 1000  m2s−1 in the CR-ocean 

models used for long term climate studies, but Farneti et al., (2015) used several different 

ocean models to study the sensitivity of eddy advection to changing climate. Their study 

concluded that KGM coefficient must change with changing winds. Farneti and Gent, (2011) 

also showed that for CR models to match the mean state of the HR models, an interactive 

KGM coefficient should be used. Our results agree closely with Farneti and Gent, (2011) and 

Farneti et al., (2015). Eddy induced advection is strongly sensitive to changing winds and KGM 

must change under different wind scenarios. 

Results from the present work demonstrate that there is a need for a detailed understanding 

of the sensitivity of eddy effects (advection and mixing) to changing winds. Improved 

parameterisations for eddy mixing and advection in the CR-ocean models used for climate 

studies can lead to accurate projections of tracer uptake such as heat and carbon dioxide. In 

the final scientific chapter of this thesis, we work on parameterising KFN in the CR-global 

ocean model. To investigate which eddy effect, advection, or diffusion/mixing, dominates 

tracer distribution in the global ocean, we designed a set of experiments for the CR-global 

ocean model (Chapter 3) with different KGM and Kiso prescribed constant values.  
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Chapter 3 

The Impact of Eddy Advection and Mixing on Passive 

Tracer Transport in a Global Ocean Model 

The previous chapter parameterised the suppressed eddy mixing rates in an idealised coarse 

resolution Southern Ocean channel model and compared this with the 
1

10
° eddy resolving 

model. It showed that using a combination of improved eddy advection (spatially uniform) 

and suppressed eddy mixing parameterisations can lead to accurate estimates of tracer 

uptake. This triggers a question, which of the two eddy effects, advection or mixing, 

dominates the tracer transport? Chapter 3 answers this question using a suite of experiments 

in a realistic coarse resolution global ocean model.  

Abstract 

Two distinct properties of eddies are, advection and diffusion/mixing, these are 

parameterised in coarse resolution non-eddy-resolving ocean models as KGM and Kiso , 

respectively. Both processes play an active part in the atmosphere-ocean exchange of 

climatically important tracers. This exchange is believed to play an important role in regulating 

the earth’s climate. Eddy advection is associated with tilting of isopycnals and eddy mixing 

with the downgradient diffusion of tracers. In this work we investigate for the first time which 

of the two eddy processes dominate the tracer distribution on different time scales. We use 

a coarse resolution (2°x 2°) global ocean model pyOM2.2 and perform a suite of nine 

experiments with different prescribed spatially uniform values of KGM and Kiso. An idealised 

passive tracer is introduced at the ocean surface after the model is well equilibrated. We find 

on decadal time scales mixing and advection both play equally important roles in controlling 

tracer distribution. However, on the time scale of a hundred-year advection dominates over 

mixing in the global ocean except in Southern Ocean where eddy mixing exerts great control 

over the tracer distribution. Small KGM values set the isopycnal slopes to be steep which 

coupled with Kiso allows tracer to penetrate the deep ocean along isopycnals. In contrast, 

large KGM values flatten the isopycnals and therefore the tracer has a weaker penetration to 

the deep ocean. On long-time scales, small variations in the isopycnal slopes can lead to large 
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changes in tracer transport. However, on short-time scales (of decades), small variations in 

isopycnal slopes and along-isopycnal mixing are both important for tracer transport. In the 

Southern Ocean, Kiso exerts strong control over tracer transport and brings tracer rich water 

to depth. Our results demonstrate that global tracer transport is highly sensitive to the choice 

of spatially uniform values, of both KGM and Kiso. Therefore, to accurately estimate tracer 

transport in coarse resolution global ocean models, KGM and Kiso must be carefully 

parameterised. 

3.1 Introduction  

Processes such as mesoscale eddies, internal waves and small-scale turbulent mixing cannot 

be resolved in climate models and are usually parameterised (Eden et al., 2014). Eddies are 

ubiquitous features of the ocean and their spatial scale is roughly 10 to 200 km (the same 

order as the Rossby radius of deformation), commonly referred as the mesoscale (Chelton et 

al., 2007; Chelton et al., 2011). They are mostly generated from the instabilities of large-scale 

currents such as the Antarctic Circumpolar Current (ACC), western boundary currents, etc. 

They flatten isopycnals by releasing potential energy injected by buoyancy and wind (Chelton 

et al., 1998; Thompson and Young, 2007). Eddies also mix and control the distribution of 

tracers such as heat and carbon and thereby impact the Earth’s climate system (Busecke and 

Abernathey, 2019).  

Eddy effects on the tracer distribution are generally categorised into two groups: (i) eddy 

mixing (Kiso), which impacts the tracer distribution through mixing/diffusion along isopycnals 

(Redi, 1982) and (ii) eddy advection (KGM), which impacts the tracer distribution through 

changes in the isopycnal slopes and affecting the depth of the pycnocline, countering the 

wind-driven circulation and modulating convection (Gent and McWilliams, 1990). Eddy mixing 

does not directly affect the large-scale ocean dynamics, instead it passively fluxes tracers 

down isopycnals (such as CO2 and CFCs) and eventually leads to a uniform tracer distribution 

provided that there are no external sources or sinks (Lee and Williams, 2000; Abernathey and 

Marshall, 2013). In contrast, eddy advection does impact the ocean dynamics by changing the 

slopes of tilting isopycnals and impacting the ocean stratification (Gent et al., 1995). Advective 

transport by eddies is not necessarily downgradient, because eddies advect water parcels 

from the location of their origin by trapping them as they move, for example, across a front 
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(Lee et al., 2007). Often coarse resolution (CR) ocean models use a fixed number of 1000 

m2s−1 for both KGM and Kiso, neglecting that they vary in space (Klocker and Abernathey, 

2014; Farneti et al., 2015). However, in recent years some eddy-permitting models have used 

three-dimensional time varying advection and mixing schemes and have shown some 

promising improvements associated to ACC decadal trends, and eddy compensation (Farneti 

et al., 2015). We argue here that better estimates of eddy mixing and eddy advection, and 

understanding the underlying mechanisms that set these coefficients, are critical to 

accurately estimate tracer transport in the global CR-ocean models.  

In the last 10-20 years global estimates of eddy mixing rates have been obtained from 

observations and high-resolution ocean models. Marshall et al. (2006) used the surface 

velocities from the satellite altimetry and built an eddy advection-diffusion diagnostic for the 

Southern Ocean (SO) to estimate eddy mixing rates. More recently (Abernathey and Marshall, 

2013; Klocker and Abernathey, 2014), used Marshall et al.’s (2006) idea and estimated the 

global eddy mixing rates showing great spatial variability. Argo floats and surface drifters are 

also used to estimate the eddy mixing rates (LaCasce et al., 2014; Roach et al., 2018). These 

observational estimates also showed spatial variability. Ship based hydrographic 

measurements that use inverse models (Faure and Speer, 2012) and tracer release 

experiments where a tracer is released and tracked (Tulloch et al., 2014) have also been used 

to estimate the mixing rates. High resolution ocean models, which resolve mesoscale eddies 

and run under realistic forcing, have also been used to estimate the eddy mixing rates (Griesel 

et al., 2010; Abernathey and Ferreira, 2015). All these methods on interannual and decadal 

time scales showed that mixing and advection coefficients vary spatially and also in time. 

Employing spatially varying mixing and advection coefficients in climate models should 

improve the representation of the ocean dynamics and estimates of carbon uptake by the 

ocean (Gnanadesikan et al., 2015).  

Observational data sets are limited to specific regions of the global ocean, such as the 

Southern, Indian, or Atlantic oceans. Similarly, high-resolution modelling studies are typically 

limited to a few specific regions in the global ocean. This is the main reason that global eddy 

mixing and advection estimates, from observations and high-resolution models are sparse. 

However, with the recent advances in the observational techniques, Whalen et al. (2012) and 
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Whalen et al. (2018) estimated spatially varying global mixing rates from the Argo floats. 

Whalen et al. (2018) concluded that it is crucial to not use a spatially uniform value for Kiso.   

A study conducted by Farneti et al. (2015) assessed 17 different global ocean models. All 17 

models used different values of eddy advection ranging from 100 m2s-1 to 1000 m2s-1 or even 

larger. Additionally, some of the eddy permitting models used three-dimensional time varying 

KGM. Farneti et al. (2015) compared results from 3-dimensional time-varying KGM with fixed 

parameterisation of KGM. They found that fixed parameterisation of KGM (spatially) is 

responsible for the inadequate representation of mesoscale eddies in the CR-ocean models. 

Therefore, fixed parameterisation cannot capture the changes in the dynamics of the global 

ocean caused by the changing winds. A similar global study was conducted by (Gnanadesikan 

et al., 2015) where they focused on the eddy mixing representation and its impact on the 

uptake of anthropogenic carbon. They found that carbon uptake is sensitive to the spatially 

uniform value prescribed for Kiso. They used six different Kiso values (spatially variable, 400 

m2s-1 and 2400 m2s-1) in their CR-global ocean experiments and found 20% difference in global 

tracer uptake. Their study clearly indicates that choosing a spatially uniform value of Kiso has 

a great influence on the carbon uptake. A wide range of values for Kiso are currently used in 

the CR-ocean models (Fogli et al., 2013; Jones et al., 2011; Dunne et al., 2013). All the above 

cited studies reflect our incomplete understanding of eddy advection and mixing 

parameterisations, which has a great impact on the dynamics and climatically important 

tracers in the global ocean models.  

Eddy mixing has a very limited effect on the ocean dynamics; however, eddy advection plays 

a crucial role to change the ocean circulation as well as tracer distribution. An increase in the 

GM coefficient shallows the pycnocline and reduces the convection and tracer uptake 

(Danabasoglu and McWilliams 1995; Gnandesikan, 1999; Gent, 2016). On the other hand, 

eddy mixing is also plays an important role in controlling the tracer uptake, an increase in 

mixing coefficient can increase convection and therefore tracer uptake (Anderson and 

Burckle, 2009; Khatiwala et al., 2009; Pradal and Gnandesikan, 2015; Gnanadesikan et al., 

2015). It can also have a limited impact on global temperature distribution and sea ice close 

to Antarctica (Pradal and Gnanadesikan, 2014). Here, we test for the first time the effect of 

changing Kiso and KGM independently, and the consequences for the distribution of a passive 

tracer in a CR-global ocean model. There are many studies that have focused on these 
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parameters separately, but no study has determined which eddy process, Kiso or KGM, 

dominates tracer distribution (when changed at the same time). The approach used here (is 

to increase Kiso and KGM values from 100 m2s−1 to 1000 m2s−1 in nine different 

experiments) will help us to answer the question of which eddy process advection or mixing, 

predominantly impacts the global tracer distribution?  

We briefly describe the model pyOM2.2 used for this study, background of eddy 

parameterisations, and the experimental setup which compares different values for KGM and 

Kiso in section 3.2. We validate the results of temperature and salinity in the simulations with 

World Ocean Data (WOD) (assessed on January 7, 2019; 

https://www.nodc.noaa.gov/OC5/WOD/pr_wod.html) in section 3.3 and compare the 

passive tracer distribution of all experiments to a control run. Finally, we discuss the results 

in the light of available literature in section 3.4 and conclude in section 3.5. 

3.2 Model Description and Eddy Parameterisations  

The model we have used in this study is the python Ocean Model (pyOM2.2), which is an 

energetically consistent model (Eden et al., 2014, for a detailed description of energy 

consistency see chapter 4, section 4.2.2). We use a realistic configuration of the global ocean 

with resolution of 2°x 2°, Eden et al. (2014) uses the same model with higher resolution of 1°x 

1° (assessed on July, 2015; https://wiki.cen.uni-hamburg.de/ifm/TO/pyOM2). It has a 

stretched vertical grid with 45 vertical layers, the resolution is 10m close to the surface and 

increases to 250m towards the bottom of the ocean. The model domain is quasi global 

because Arctic Ocean is excluded poleward of 60°N but the Southern Ocean is fully included. 

Unlike Chapter 2, we do not change winds in all our global experiments in Chapters 3 and 4. 

The model uses second order advection schemes for momentum and tracer. It is forced with 

a monthly climatology of heat and momentum fluxes (Eden et al., 2014). It uses a restoring 

boundary condition for the surface salinity with a restoring time scale of 90 days. There is no 

explicit sea ice in the model. In the case of surface temperature below the freezing point, 

surface heat fluxes out of the ocean and salinity restoring (but not the momentum fluxes) are 

set to zero (Eden et al., 2014). 

The net heat flux 𝑄𝑛𝑒𝑡 is defined as a sum of three different components: solar radiation heat 

flux 𝑄𝑠𝑜𝑙 , sensible heat flux 𝑄𝑠𝑒𝑛 , and latent heat flux 𝑄𝑙𝑎𝑡 Barnier et al. (1995) and Eden et 

https://www.nodc.noaa.gov/OC5/WOD/pr_wod.html
https://wiki.cen.uni-hamburg.de/ifm/TO/pyOM2


58 

 

al, (2014).  We used a monthly climatology of realistic forcing datasets for momentum and 

heat fluxes.  Climatology data is used to initialise the model hydrography. Sea surface air 

temperature along with different fluxes combined with the climatological estimates of 

different surface heat fluxers results in a boundary condition which yields the forcing applied 

in the model.  

The temperature equation at the vertical levels between the surface and ∆z (depth level just 

below the surface layer) could be written as: 

𝜕𝑇

𝜕𝑡
  = advection + diffusion + F 

Here the source term “F” can be formulated as a relaxation of the model temperature toward 

a climatological sea surface temperature 𝑇𝑆
𝑐𝑙𝑖𝑚 .  

F = 
1

𝑅
 (𝑇𝑆

𝑐𝑙𝑖𝑚 − 𝑇)        0 ≤ 𝑧 ≤ ∆z 

Where R is a relaxation constant (dimension of time) which is usually between 30 to 90 days. 

This source term can then be chosen to be proportional to the net surface heat flux: 

F = 
𝑄𝑛𝑒𝑡

𝜌0𝐶𝑝𝑤∆𝑧
 

Here, 𝜌0 is water density, 𝐶𝑝𝑤 is the specific heat (ratio of potential enthalpy and conservative 

temperature), and ∆z is the predefined depth.  

This surface heat flux uniformly modifies the ocean temperature by assuming an infinite heat 

reservoir in the atmosphere. All the above formulation require knowledge of the heat fluxes 

at the air sea interface, estimates of which are obtained from realistic climatological datasets. 

The focus of this study is on the representation of mesoscale eddy processes in coarse 

resolution ocean models. In particular, we are interested to explore the effect of the choice 

of spatially uniform KGM and Kiso on the tracer distribution. We start with tracer advection 

diffusion equation (Gent and Mcwilliams, 1990; Griffies, 1998),  

                                                       
∂C

∂t
 + 𝐮. 𝛁C −  𝛁𝐉. 𝛁C = Q                                         (3.1)       
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here C represents the tracer such as potential temperature, salinity or a passive tracer and 
∂C

∂t
 

is the time derivative and Q represents tracer source and sinks. u represents the time-mean 

transport velocity. This eddy induced velocity is associated with resolved advection at the grid 

scale where GM is included in the J tensor. Here, J represents a second-order tracer mixing 

tensor acting on the gradient of the tracer concentration 𝛁𝐂  (Griffies, 1998).  

                        J   = kiso ⌈

1 0 Sx

0 1 Sy

Sx Sy Sx
2 +  Sy

2

⌉    +  kGM ⌈

0 0 −Sx

0 0 −Sy

Sx Sy 0
⌉                           (3.2)       

 

                    J =   ⌈

kiso 0 (kiso − kGM)Sx

0 kiso (kiso − kGM)Sy

(kiso + kGM)Sx (kiso + kGM)Sy S2(kiso)

⌉                          (3.3) 

Here, S is the magnitude of the isopycnal slope which is defined as S =  
−∇z ρ

∂zρ
 , ρ is the locally 

referenced potential density, Sx and Sy are the isopycnal slopes in longitude and latitude 

respectively. [Eq. (3.3)] tensor J reflects both the GM and isopycnal flows. The central 

component of this diffusion is a rotated diffusion operator, that aligns tracer gradient to 

reference potential density surface (Redi, 1982; Griffies, 1998; McDougall et al., 2014; 

Groeskamp et al., 2019). If we prescribe Kiso = 0 in [Eq. (3.3)], GM parameterisation will still 

advect the tracer fluxes because it is proportional to the isopycnal slopes and thus affect 

distribution of tracer, and temperature and salinity.  

To avoid numerical instability, S is set to a maximum value of 
1

1000
 (Gnanadesikan et al., 2007) 

in all our experiments used in this study. We explored the idea of using larger values 

(
1

500
 and 

1

100
) of Smax (maximum magnitude of isopycnal slope) as discussed in Farneti and 

Gent (2011) while keeping all the other parameters unchanged. But, with these larger values 

this particular model configuration proved to be unsTable and consequently we chose 
1

1000
 

value, as used in Gnandesikan et al (2007), in our experiments.  

 KGM and Kiso range from a minimum value of 100 m2s-1 to a maximum value of 1000 m2s-1. 

The set of nine experiments comprises of different values of KGM and Kiso changing from 100 
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m2s-1 to 500 m2s-1 and 1000 m2s-1 (see Table 3.1). Experiment 5 is the reference experiment, 

where KGM and Kiso are both set to a value of 500 m2s-1. We run each experiment for 100 

years until it is equilibrated as indicated by the mean kinetic energy which is calculated by the 

model (see Figure 3.12). We continue to run the model for another 100 years with a passive 

tracer introduced at the surface of the ocean which is relaxed to a value of 1 Unit m−3 with a 

restoring time scale of six hours. This is a simple representation of atmosphere-sea exchange 

with a large tracer reservoir in the atmosphere. All experiments equilibrated around the 100 

years mark as measured by the mean kinetic energy and then tracer was introduced at the 

surface of the ocean which evolves for 100 years. The results presented here mainly use last 

10 years (190-200 years) of the overall run. We found that temperature at depth (4000m to 

5000m) is getting warmer by about 0.1°C from 100 to 200 years. This standard deviation of 

temperature (0.1°C) at depth is much smaller than the average temperature bias (2°C) at the 

surface of the ocean. This suggest that temperature at depth are equilibrated enough. All the 

forcing parameters remain the same across all nine experiments and the only two parameters 

that change are Kiso and KGM. Therefore, the results obtained from the tracer simulation 

purely reflects the impact of changing Kiso and KGM on passive tracer transport.  

Table 3. 1 – Table showing different values of 𝐾𝐺𝑀  and 𝐾𝑖𝑠𝑜 used in all nine experiments and 

corresponding mean temperature and salinity differences with respect to WOD. Experiment 5 

is the reference experiment, shaded in grey. Mean Temperature Difference is (MTD) and Mean 

Salinity Difference (MSD).  

 

Experiment  KGM [m2s−1] Kiso [m2s−1] MTD [°C] MSD [g kg−1] 

*10−2 

1   100 100 0.8184 0.489 

2 500 100 0.7078 0.485 

3 1000 100 0.6110 0.501 

4 100 500 0.6742 0.365 
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5 500 500 0.5795 0.371 

6 1000 500 0.4762 0.385 

7 100 1000 0.6443 0.309 

8 500 1000 0.5357 0.306 

9 1000 1000 0.4257 0.307 

 

3.3 Validations 

In this section, we present results from the reference experiment where Kiso and KGM are set 

to 500 m2s-1. We compare the temperature and salinity fields from our reference experiment 

with the World Ocean Data (WOD) which has a resolution of 1°x 1° (assessed on January 7, 

2019; https://www.nodc.noaa.gov/OC5/WOD/pr_wod.html). We interpolated WOD from 1°x 

1° to our model grid resolution of 2°x 2°. We compare the temperature and salinity fields from 

the reference experiment averaged over last 10 years of the model run with the WOD from 

2002 to 2012 (Figures 3.1 to 3.6). The mean temperature difference shown in column 4 of 

Table 3.1 shows the mean temperature difference between WOD and all the 9 experiments. 

The comparison with the observations is fundamentally important because observations 

provide a validation of the global ocean simulations. The purpose of temperature and salinity 

validation with WOD, is to assess the regions of global ocean with small and large misfits 

(temperature and salinity) at the surface and at depth. This validation can help to quantify 

which combination of Kiso and KGM spatially uniform values is more appropriate among the 

nine experiments used in this study.   

3.3.1 Validation of the Temperature Distribution of the Reference 

Experiment with the World Ocean Data  

Figure 3.1 panels (a) and (b) show that the modelled surface temperature agree qualitatively 

with observations, including the western boundary currents (Gulf Stream, Kuroshio current, 

East Australian current, Agulhas current) and the major gyres. However, panels (a) and (b) 

differ e.g. in the Atlantic and Southern Oceans. A more detailed picture of this temperature 

https://www.nodc.noaa.gov/OC5/WOD/pr_wod.html
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difference between WOD and our reference experiment (Table 3.1) is shown in the bottom 

left panel (c). 

 

Figure 3. 1: The panels (a) and (b) show the global annual mean of surface temperature from 

observations (WOD) and from the reference experiment 5 (Table 3.1). The bottom panel (c) 

shows the difference of surface temperature between observations and model. Panel (d) 

shows the RMS of the difference shown in (c). The simulations shown here is reference 

simulation from Table 3.1, at year 190 to 200 of the simulation. 

Differences up to 2°C between the model and observations exist in the high northern latitudes 

Figure 3.1 (c). This is likely to be because the Arctic Ocean is not included in the model. The 

other main difference is evident around the ACC, where the model produces zonal patterns, 

of up to 1.5°C to 2°C, of both cold and warm temperatures. Red and blue show cold and warm 

biases, respectively. In the SO, red shows the region where Subantarctic Mode Water (SAMW) 

is formed and is associated to the northward Ekman transport combined with subduction on 

the northern side of the ACC. The blue shows warm bias close to Antarctica displayed by blue 

is perhaps associated with the upwelling.  

The right bottom panel (d) is the root mean square (RMS) of the temperature difference in (c) 

and it shows that there are large differences in the north Atlantic and north Pacific at around 
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40° to 60° latitude, respectively. Another large difference is evident at around -60°. These 

large differences clearly indicate that the model has large biases in the high latitudes surface 

temperature. (Eden et al., 2014) found the same issue and they concluded, northern 

hemisphere large bias is associated with the missing Arctic and in the southern hemisphere 

biases are associated to sea ice formation because this model does not include sea ice. 

However, it produces reasonable data in the rest of the global ocean which resembles quite 

well with the WOD.   

 

Figure 3. 2: The panels (a) and (b) show the global annual mean of temperature fields at 

1000m depth from observations (WOD) and from the model (pyOM2.2), respectively. The 

bottom left panel show the temperature difference between observations and model and (d) 

shows the RMS of the difference shown in (c). The simulations shown here is reference 

simulation from Table 3.1, at year 190 to 200 of the simulation. 

We now focus on the 1000m depth level of the ocean and compare the temperature fields of 

WOD data with reference experiment 5. The model shows a cold bias of up to 2°C in the north 

Atlantic Ocean (around 40°N), in the Southern Ocean (east of New Zealand) and in the Indian 

Ocean (equator to 20°N) (Figure 3.2 c). The RMS of the temperature difference (Figure 3.2 d) 

also shows large differences for the North Atlantic, Southern and south Indian Oceans and 

the largest peak is at around 40°N latitude (that is North Atlantic Ocean). The large difference 
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for the Atlantic Ocean is consistent with Figure 3.1 for the same reasons due to the exclusion 

of the Arctic in the model. The cold bias in the Atlantic Ocean sub-tropical gyre is probably 

associated to Atlantic Meridional overturning circulation which can cause upward exchange 

of cold water and leads to cold bias or the overturning is too strong, and the gyre is too 

shallow (see Figures 3.3 b and 3.3 c). The warm bias shown by blue in the Pacific Ocean is 

probably related to the tendency to have deeper isotherms than the WOD. At the equator, 

the differences are smaller (Figure 3.2 d) 

The RMS plots in Figure 3.2 (d) generally have smaller differences than Figure 3.1 (d), because 

the deep ocean is less affected by the surface forcing. The overall pattern at 1000m for both 

WOD and the simulation at year 190-200 agree and have the key oceanic features at 1000m.  

 

Figure 3. 3: The panels (a) and (b) show the zonal and time mean of temperature from 

observations (WOD) and from the model (pyOM2.2), respectively for years 190 to 200. The 

bottom left panel show the temperature difference between observations and model and (d) 

shows the RMS of the difference over depth shown in (c). The simulations shown here is 

reference simulation from Table 3.1, at year 190 to 200 of the simulation.  

Figure 3.3 shows temperature distribution in depth coordinates, panels (a) and (b) show 

noticeable differences at different locations such as at the surface of the ocean, in the mid 

depth southern high latitudes and towards the bottom of the ocean. Another large difference 
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is evident close to 40°N. These differences are mainly caused by the shallower isotherms in 

the model compared with observations. Panel (c) clearly shows that the model has a cold bias 

over most of the water column, and WOD is predominantly warmer than pyOM2.2 at the 

surface through to the deep ocean at 4000m to 5000m. At the mid depth southern high 

latitudes and north of 40°N the WOD has colder temperatures than the simulation. These 

differences are probably caused, because physical processes in the model are different from 

the real ocean as observed in WOD. In the entire global ocean at mid-depth (1000m to 4000m) 

both WOD and the model appears to have smaller differences. Plot (d) shows that the larger 

difference between WOD and pyOM2.2 is around 15°N to 40°N which is because of the 

presence of 2°C temperature difference in the surface to 1000m depth layers. The deep ocean 

(4000m to 5000m) cold bias is associated with slow equilibration of the deep ocean.  

Forcing in the reference experiment is prescribed, we are assessing the difference between 

model and WOD. This project is not about altering the forcing that may lead to smaller biases 

but rather understanding effects of different mixing parameterisations on the tracer 

transport. In Table 3.1 the mean temperature difference is shown in Figure 3.4 calculated 

using [Eq. (2.6)] from chapter 2 (section 2.7), to assess which combination of KGM and Kiso 

have smaller temperature differences from the WOD.  
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Figure 3. 4: Summary of mean temperature difference with respect to ocean temperature data 

from WOD for all the 9 experiments shown in Table 3.1.  

It clearly shows that experiment 9 where KGM and Kiso both are 1000 m2s−1, the mean 

temperature difference between model and WOD are smallest. This is the commonly used 

value for advection and mixing coefficients in the CR-global ocean models, therefore in the 

next chapter we use KGM =  1000 m2s−1 for all the experiments. This Figure also illustrates 

that the combination of KGM and Kiso is important for the improving temperature 

distribution in the CR-global ocean models.  

Figure 3.5 represents the total circumpolar transport of all experiments shown in Table 3.1. 

Blue line shows the maximum transport of around 100 Sv in the ACC when KGM = 100 m2s−1 

for experiments 1, 4 and 7. While it drops to 80 Sv with KGM = 1000 m2s−1 in the ACC, shown 

by the green line for experiments 3, 6 and 9. For the reference experiment 5 along with 4 and 

6 it is around 90 Sv shown by the red line. Smaller KGM produces larger circumpolar transport 

values and vice versa. The circumpolar transport is 90 Sv on average for all the experiments. 

The main variability can be seen in the SO and for the rest of the global ocean this transport 

is almost the same. However, there are small changes associated to changes in Kiso as 

indicated by the small changes in different line styles of each colour. These changes from Kiso 

are up to 5 Sv.  

 



67 

 

Figure 3. 5: Circumpolar Transport for the global ocean for all the experiments shown in Table 

3.1.  

This Figure 3.5 also illustrates that circumpolar transport is sensitive to the changes in 

prescribed spatially uniform values for the combination of KGM and Kiso. Therefore, these 

coefficients should be carefully prescribed in the CR-global ocean models. We summarise that 

the mixing parameters such as KGM and Kiso do not affect the transport of wind driven gyres 

at the global scale. However, in the unbounded ocean such as Southern Ocean KGM  has a 

significant influence on the total circumpolar transport. To summarise increasing Kiso has the 

opposite impact of increasing KGM on the circumpolar transport. 

3.3.2 Validation of the Salinity Distribution of the Reference 

Experiment with the World Ocean Data  

In Figure 3.6, panels (a) and (b), the salinity is high in the subtropical gyres (Indian, Atlantic 

and Pacific gyres) where evaporation exceeds precipitation and the salinity is low in the 

subpolar gyres (e.g. Southern Ocean) where precipitation exceeds evaporation (Rhein et al., 

2013). Both WOD and pyOM2.2 have a maximum value of salinity in the North Atlantic Ocean 

and similarly both have minimum values in the North Pacific Ocean.  
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Figure 3. 6: The panels (a) and (b) show the global annual mean, surface salinity from 

observations and from the model, respectively. The bottom panel (c) shows the surface salinity 

difference between observations and model (d) shows the RMS of the difference shown in (c). 

The simulation shown here is reference simulation from Table 3.1, at year 190 to 200 of the 

simulation. 

Figure 3.6 panel (c) shows that the big differences for the surface salinity (similar to the 

temperature; Figures 3.1) are in the Atlantic Ocean. Panel (d) shows that a large peak in the 

RMS of salinity (similar to RMS of surface temperature) at around 40°N. This clearly shows 

that pyOM2.2 is less saline than WOD up to 1  g kg−1 or more in the Atlantic Ocean. Dark blue 

colour in the north Pacific shows that pyOM2.2 is more saline than WOD up to 0.5 to 1 g kg−1. 

The salinity distribution in the Southern Ocean and the rest of the global ocean is similar in 

the observations and the model. The employed model restores Sea Surface Salinity (SSS) to 

observations, so surface salinity biases would strongly depend on the restoring time scale 

which is 90 days. Moreover, there is ocean advection causing surface salinity to be different 

than the restored SSS and cause this bias (presented in panel c). Panel c also reflets the 

convergence and divergence that is present in the surface layer because of advection, tracer 

mixing and effects of restoring. Overall, the salinity pattern in the global ocean agrees well 

with the WOD with the larger differences in the Atlantic Ocean.  
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Figure 3. 7: The panels (a) and (b) show the global annual mean of salinity at 1000m depth 

from WOD and from pyOM2.2, respectively. The bottom left panel show the Salinity difference 

between observations and model and (d) shows the RMS of the difference shown in (c). The 

simulations shown here is reference simulation from Table 3.1, at year 190 to 200 of the 

simulation. 

Figure 3.7 shows salinity at 1000m depth. Panels (a) and (b) show that WOD and the model 

are in a good agreement throughout the global ocean except small differences in the Atlantic, 

Indian and Southern oceans. Panel (c) shows that the differences in the north Atlantic Ocean 

of up to 1 g kg−1 or more, in the Indian Ocean between 0.5 g kg−1 and 1 g kg−1and in the 

Southern Ocean between 0.25 to 0.5 g kg−1. Panel (d) RMS of the salinity also show 

differences for Atlantic and Southern oceans, whereas for the rest of the global ocean the 

differences are much smaller. These differences suggest that WOD is more saline on average 

than the pyOM2.2 at 1000m depth. 

 

Figure 3. 8: The panels (a) and (b) show the zonal and time mean of salinity from WOD and 

from the pyOM2.2, respectively. The bottom left panel show the salinity difference between 

observations and model and (d) shows the RMS of the difference shown in (c). The simulations 

shown here is reference simulation from Table 3.1, at year 190 to 200 of the simulation. 
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Figure 3.8 shows salinity and salinity differences in depth coordinates. Panel (a) shows that 

WOD has a feature around 35°N to 45°N that extends from the surface to 3500m depth with 

large salinity values. We do not observe such a feature in our model simulations. In our 

experiments we use a restoring boundary condition for surface salinity with time scale of 90 

days (Eden et al., 2014). It produces plausible salinity distribution everywhere, on the surface 

and at 1000m depth, in the ocean which is broadly consistent with (Munday et al., 2013). 

Therefore, more work is needed to understand this feature. Panels (a) and (b) have similar 

patterns except at the surface to 1000m depth and around 35°N to 45°N with isohalines in 

the model tending to be shallower. Panel (c) shows that pyOM2.2 is fresh than the WOD from 

the surface to 1000m depth. The larger salinity differences occur in both panels (c) and (d) at 

around 35°N to 45°N. The salinity spike in WOD appears around 35°N to 45°N whereas in the 

pyOM2.2 this spike does not appear. The difference plot in panel (c) shows significant 

differences from the surface to 1000m depth which perhaps associated with the shallower 

isolines in the model. Or another possible reason is in the observational data it is driven mainly 

because of Mediterranean. There are relatively small differences for the rest of the depth 

column from 1000m to 5000m.                                                                                                                                                                                                                                                                                                                          

The model pyOM2.2 in general has large biases in the northern and southern high latitudes 

(north Atlantic, north Pacific and Southern Oceans) as depicted in Figures 3.1 to 3.3 and 3.6 

to 3.8. For the mid to high latitudes mode water formation, subduction, and nonlinear 

dynamics by eddies is difficult to parameterise in the CR-global ocean models (Haidvogel et 

al., 2000). Therefore, most of the models including pyOM2.2 cannot represent these 

processes without biases. In the high northern latitudes, this is because the Arctic Ocean is 

not included, and with-it missing water mass conversion regions. The high southern latitudes 

are included, but due to the low resolution and water mass formation near Antarctic 

continent that involves sea ice formation is missing (pyOM2.2 does not include sea ice). In 

Figures 3.1 to 3.3 and 3.6 to 3.8, we found that the major differences between pyOM2.2 and 

WOD are in the surface layers. At 1000m depth the differences are smaller than the surface 

and deeper than 1500m differences are even smaller.  

Overall pyOM2.2 salinity patterns agree well with WOD. The main purpose of this validations 

is to assess the skill of the model against WOD. Also, another practical side of validation is to 

understand model biases and investigate weather appropriate KGM and Kiso can reduce 
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these differences. In this study we assess which combination of KGM and Kiso is appropriate 

to use in the CR-global ocean models. We do not show mean salinity difference values 

because changes are very small on the order of 10−2 g kg−1, and not as sensitive as 

temperature is to the changes in KGM and Kiso. However, for all 9 experiments the mean 

salinity differences are shown in Table 3.1. 

  

Figure 3. 9: Temperature and salinity profiles for the entire global ocean for the control run at 

different depths. The left-hand side legend shows global mean, surface mean, mid-depth 

mean, and deep ocean mean temperature values, whereas, the right hand legend shows 

global mean, surface mean, mid-depth mean and deep ocean mean salinity values. 

We also show time series of mean temperature and salinity at different depths, for the entire 

global ocean, for control run (experiment 5) for the first century (0-100 year). It is evident in 

Figure below (Figure 3.9) that the adjustments from the initial condition profile, for the 

temperature and salinity, are very small. For salinity larger adjustments take place in the first 

60 to 70 years. Thereafter the changes are very small, whereas for the temperature surface 

mean surface temperature (blue curve) has an adjustment time of first 60 to 70 years and 

thereafter it is also very sTable like the rest of the temperature curves. The red box in Figure 

3.9 captures the last 25 years of the run and shows the flattening of all the temperature and 

salinity lines at different depths, which indicates that beyond this time there will be very small 

changes to the large-scale ocean temperature and salinity. 
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3.3.3 Pycnocline Depth and Global Meridional Overturning 

Circulation    

Pycnocline is an important indicator of the global oceans’ overall stratification.  It is the region 

of the ocean where the density gradient is at its maximum and is situated between mixed 

layer and deep ocean. Here in Figure 3.10, we show density change of all nine experiments 

along the total depth of the global ocean. The blue box nicely captures the rapid increase in 

density and shows the pycnocline depth between 700m to 900m and this depth range agrees 

well with other study e.g., Gnandesikan (1999).  

 

Figure 3. 10: Density change for all nine experiments, at year 200, for the global ocean. 

Pycnocline depth is shown using the blue box and it is between 700m to 950m for all the nine 

experiments. The 𝐾𝐺𝑀 and 𝐾𝑖𝑠𝑜 values all are in m2s-1 as shown in Figure’s legend in the bottom 

left corner.  

It is evident from all nine experiments that average change in density fields is relatively small 

in the upper 500m and lower 2500m, but it is bigger in pycnocline. The pycnocline shows the 

largest changes in the density fields as shown by the blue box in Figure 3.10. This result shows 

that  KGM and Kiso are important in this depth range of pycnocline. It turns out, if one 

examines closely Figure 3.10 in the depth region 500m to 2500m, that the experiments with 

low Kiso (relative to reference experiment 5) have shallowest pycnocline e.g., experiment 1. 

Whereas experiments with high Kiso (relative to reference experiment 5) have deepest 

Pycnocline 
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pycnocline e.g., experiment 7. However, this result changes for KGM, in general, low KGM 

(relative to reference experiment 5) is responsible for deeper pycnocline (experiment 7) and 

high KGM (relative to reference experiment 5) is responsible for shallower pycnocline 

(experiment 6).  Finally, these results show that depth of the pycnocline can be adjusted 

through variations of the KGM and Kiso. 

Figure 3. 11: Difference of Global Meridional Overturning Circulation (GMOC) between 

experiments 2, 4, 6, 8 from experiment 5 (control run) is shown in panels 1, 2, 3, and 4, 

respectively (note the colour bar changes from -1 to 1 Sverdrup). Mean meridional overturning 

stream function units are in Sverdrup for the integration years 100–200 for the global ocean. 

The contours are plotted on all the four panels of the difference plots to show the mean GMOC 

values of the control run (which changes from -30 Sv to 30 Sv). Positive contours are clockwise 

and negative contours are anticlockwise.  

A century mean meridional overturning stream function is presented in Figure 3.11. This 

stream function is zonally integrated and vertically accumulated meridional volume transport 

in depth coordinates, for the global ocean. Ocean tracers such as heat, salt, carbon, and 

nutrients are carried by the global meridional overturning circulation (GMOC) and 

redistributed across ocean basins over different timescales ranging from years to centuries. 

It is a crucial component of the global ocean circulation which is responsible for global heat, 

salt, carbon, and nutrients transport.  
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Global meridional overturning stream function for the control run is presented using the 

mean values of contours plotted on all four difference panels. The differences are shown 

using -1 to 1 Sverdrup of colour bar, to enhance the differences. Although the changes across 

all experiments are small, they are not negligible and indeed they are comparable in scale to 

the deep overturning circulations. 

Below is the list of general observed patterns of changes in mean GMOC as we change 

KGM and Kiso: 

● Smaller KGM values in the Southern Ocean [panel 2] acts along with the mean and 

accelerates the mean transport as shown by the pattern of red and orange and 

enhances the positive transport in clockwise direction. Similarly, in the upwelling 

zones around 25°S and North Atlantic, it accelerates the mean transport as shown by 

dark blue and enhances the negative transport in anticlockwise direction.  

 

● Larger KGM values [panel 3 compared with panel 2] does the opposite and acts against 

the mean transport and slows it down everywhere in the global ocean including the 

Southern Ocean, equatorial regions, and North Atlantic. It is shown by the blue colour 

(clockwise) in the Southern Ocean which reduces the anticlockwise transport. 

Similarly, it slows the transport for the sub tropics (subtropical gyre or wind driven 

gyres) and the northern high latitudes. These changes in GMOC are associated to small 

changes in the mean density gradient (changes in the slopes of isopycnal slopes) 

caused by changing KGM in different experiments.  

 

● Upon comparing panels 1 and 4 where KGM  is held constant and Kisoincreases from 

100 to 1000 m2s-1, it could be seen that the overall pattern of the mean overturning 

circulation is weaker, and more surface intensified compared with the 

KGM experiments. However, with high Kiso value experiments, there is a small 

reduction in the magnitude of the overturning circulation in the sub-tropical gyres in 

the northern hemisphere and southern hemisphere.  

 

● These results from these simulations suggest that the smaller KGM  values strengthen 

the GMOC whereas increases in Kiso does not affect the GMOC as strongly as KGM but 
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does cause weakening/strengthening of the overturning circulations in the sub-

tropical gyres and the Southern Ocean Deacon cell. 

3.4 Results of Tracer Distribution 

Figure 3.12 shows Mean Kinetic Energy (MKE) for all nine experiments. The model used in this 

study has an energetically consistent framework and estimates the MKE even at coarse 

resolution of 2°. The primary mechanical source of energy of the global ocean is wind and 

MKE strongly depends on it. MKE is a good indicator of the equilibration state of the ocean. 

The MKE for all 9 experiments reaches its maximum value of 300 PJ in the first 5 years, then 

it decreases to around 150 PJ in 40 years and keeps on decreasing until it reaches the 

equilibrated stage of around 120-140 PJ at 95 years. At 95 to 100 years, MKE does not change 

with time anymore. At this stage the model has equilibrated and there are no significant 

adjustments of the large-scale dynamics of the ocean. The dark red vertical line shows the 

time when tracer is introduced into the model. We continue to run the model from year 100 

to 200. The results in the next sections of tracer distribution for all 9 experiments mainly uses 

last 10 years (190 to 200 years) of the simulation.  
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Figure 3. 12: Mean Kinetic Energy for all nine experiments for 200 years. The first 100 years 

show how the model reached equilibration and 100 to 200 years show the period when the 

passive tracer was introduced.  

Even though this model shows flat MKE curves for all nine experiments (around 100 years) 

but ideally it must run for few 100 years to equilibrate the mean state of the ocean at all 

depths. Usually, deep ocean keeps on evolving at a very slow pace, but even that slow 

evolution can alter the tracer uptake results. Therefore, to perform full water column depth 

tracer experiment, ocean model must run for few 100 years to confirm that it has reached 

equilibration at all depth levels. In our tracer experiments we only looked at the depth level 

from the surface to 3000m, this is the main reason we ran our experiments for 100 years.  

 

Figure 3. 13: Snap shots of zonal mean of tracer distribution in the reference experiment (𝐾𝐺𝑀 

= 500 𝑚2𝑠−1 and 𝐾𝑖𝑠𝑜 = 500 𝑚2𝑠−1) at different times of the model run for the global ocean. 

The black contours indicate the isopycnals in 𝑘𝑔 𝑚−3. The density shown is sigma1, potential 

density with respect to a reference pressure of 1000 dar, that is, this potential density – 1000 

kg 𝑚−3. 

The time evolution of the tracer distribution from the reference experiment is shown in Figure 

3.13. For simplicity we choose to plot the tracer distribution from the surface to 3000m depth 

because in all 9 experiments tracer does not penetrate deeper than 3000m. At year 103 the 
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tracer occupies the mixed layer everywhere in the global ocean above the 30.0 and 31.0 

kg m−3 isopycnals. The tracer reaches down to the thermocline at year 130 and at this stage 

it starts to penetrate into the deep ocean at higher latitudes such as south of 30°S in the 

Southern Ocean and north of 40°N in the Atlantic Ocean. By the end of years 150 and 200, 

the tracer uptake becomes about 17% and 25% larger than that at year 103, respectively.  

The tracer spreads and penetrates the global ocean following mainly the 30.0 to 32.2 kg m−3 

isopycnals and most of the tracer uptake takes place in the Southern Ocean (35°S to 65°S) and 

is consistent with results of (Gnanadesikan et al., 2015). The minimum tracer uptake is close 

to the equatorial regions because the isopycnals are flat there. The steep isopycnals that 

outcrop in the SO are between 31.0 to 32.0 kg m−3. Most of the tracer uptake takes place 

along these isopycnals and form a bulb-like shape in the SO. However, the deeper penetration 

of the tracer beyond the bulb structure (as shown by the light blue colour) in the high latitudes 

is associated to the mixing along isopycnals and is even more clear in animation of the global 

tracer uptake. The isopycnals in all four plots, for time 100 to 200 years, show no change to 

their slopes. This is a good indication that the model is well equilibrated and that the ocean 

interior temperature and salinity fields are not changing with time. Figure 3.10 demonstrates 

that the tracer distribution in the global ocean largely depends on the isopycnal steepness, 

and from chapter 2 results was shown to be controlled by eddy advection (KGM) and eddy 

mixing (Kiso). 

 

Figure 3. 14: Tracer uptake of experiments no. 1, 2 and 3 with different 𝐾𝐺𝑀 = 100, 500 and 

1000 𝑚2𝑠−1 respectively but same 𝐾𝑖𝑠𝑜 = 100 𝑚2𝑠−1 values. All three panels demonstrate 

zonal and time mean of tracer distribution for the global ocean for the last 10 years of the 
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model run. The density shown is sigma1, potential density with respect to a reference pressure 

of 1000 dbar, that is, this potential density – 1000 kg 𝑚−3. 

We now investigate qualitatively the effects of changing KGM and keeping Kiso spatially 

uniform on the tracer uptake in the global ocean. In Figure 3.14, it can be seen across all three 

panels that largest value of KGM = 1000 m2s−1 (panel 3) decreases tracer uptake in the global 

ocean, whereas small value of KGM = 100 m2s−1 (panel 1) increases it especially in the SO. 

This can be seen in the bulb structure which starts from 20°S and goes to 65°S. The tracer 

uptake in this region is large for experiment 1 and small for experiment 3. Isopycnal 32.0 

kg m−3  is steep in the Southern Ocean in experiment 1 (small value of KGM) which allows the 

tracer to penetrate to 1500 m depth. However, in experiment 3 (large value of KGM) the same 

isopycanl is flatter than experiment 1, and the tracer only penetrates to 1200 m depth.  

Differences in tracer penetration with changing KGM are visible not only in the Southern 

Ocean, but also in the Atlantic Ocean. At latitudes around 40°N to 60°N tracer penetration 

increases with increasing KGM. Here we emphasize that larger values of KGM represent the 

strong presence of eddies, which flatten the isopycnals and inhibit the tracer from penetrating 

into the deep ocean in the SO and change the tracer distribution globally.  

This relationship between KGM and tracer distribution is significant in terms of answering the 

core question of this work: which eddy effect - advection or mixing – predominantly affects 

the tracer distribution? This clearly shows that increasing eddy advection (GM coefficient) 

flattens the slopes of the isopycnals especially in the Southern Ocean which causes the 

pycnocline and mixed layer to become shallow and it reduces the convection closer 

Antarctica. Overall, increase in eddy advection reduces the tracer uptake. 
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Figure 3. 15: Tracer uptake of experiments no. 1, 4 and 7 with different 𝐾𝑖𝑠𝑜 = 100, 500 and 

1000 𝑚2𝑠−1 respectively but same 𝐾𝐺𝑀 = 100 𝑚2𝑠−1 values. All three panels demonstrate 

zonal and time mean of tracer distribution for the global ocean. The density shown is sigma 1, 

potential density with respect to a reference pressure of 1000 dbar, that is, this potential 

density – 1000 kg 𝑚−3. 

Figure 3.15 represents results from experiments no. 1, 4 and 7, it can be seen in all three 

panels that isopycnals 30.0, 31.0 and 32.0 outcrop in the SO and that steepness does not 

change across all three experiments. The tracer distribution throughout the entire ocean is 

almost the same except in the SO.  

Figure 3.15 third panel clearly shows that the stronger eddy mixing is responsible for the 

deeper penetration of tracer into the Southern Ocean. In experiment 1, Kiso is 100 m2s-1 and 

the tracer penetrates to only 1100m depth, whereas in experiment 7, Kiso is 1000 m2s-1 and 

the tracer penetrates to 1600m depth for the SO (note the furthest south point is excluded in 

this discussion). Stronger Kiso impacts the tracer distribution in the SO by working against the 

upwelling branch of MOC and bringing the tracer rich water to the deep ocean (Abernathey 

and Ferrira, 2015). This result is significant and consistent with results of (Paradal and 

Gnandesikan, 2014; Gnanadesikan et al., 2015) and with results in chapter 2.  

Results have shown that KGM controls the tracer distribution in the global ocean, whereas 

Kiso mainly affects the tracer distribution in the Southern Ocean. From Table 3.1 we now use 

all nine experiments to analyse our results quantitatively. The tracer distribution of the 

reference experiment is subtracted from the tracer distribution of all the experiments one by 

one and divided by the reference experiment and multiplied by 100% to calculate the tracer 

difference in percentage. We use years 140 to 150 in Figure 3.16 to analyse the results on a 

short time scale and then years 190 to 200 in Figure 3.17 to analyse the results on a long-time 

scale for the tracer difference plots. 

     (Tracer Difference) =  
(Experiments 1 to 9) − (Reference Experiment)

(Reference Experiment)
x100%                           (3.4) 

In Figure 3.16 panel 5 shows white colour which represents no change because it is subtracted 

from itself. Whereas all the other plots show red and blue colours, which represents, -5% to 

5% change in the tracer difference, respectively. The red colour illustrates that there is more 
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tracer whereas blue illustrates that there is less tracer in the experiment than in the reference 

experiment. 

 

Figure 3. 16: Tracer difference plots of all nine experiments. Each panel represents the 

difference of the zonal and time mean of the tracer distribution with respect to the reference 

experiment for the global ocean. The time used for this plot is from 140 to 150 years. The term 

‘Ref’ in the title of all panels represent reference experiment.  

In Figure 3.16, there are substantial changes in the tracer difference plots from left to right in 

all three rows. The colour scheme for all three rows changes from red to blue (high to low, 

from the first column through to third column). This demonstrates that increasing values of 

KGM reduces the tracer uptake in the SO. It not only changes the tracer distribution in the SO, 

but also at the low latitudes (close to equator) and in the north Atlantic Ocean as shown by 

the changing colours from left to right for all three rows.  

In Figure 3.16 we focus on the first row (left to right), panel 1, the positive tracer difference 

(red in the SO) indicates that steeper isopycnals are associated with deeper and larger tracer 

penetration. Panel 2 shows light blue slowly dominates over red in most of the ocean. This is 
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an indication that the tracer uptake is smaller relative to reference experiment and with a 

larger value of KGM and finally, for panel 3, tracer uptake is reduced even further relative to 

reference experiment and the reaches to lowest values for the entire global ocean (Figure 

3.16, panel 3). This means when KGM is highest the isopycnals are flatter and relative to 

reference experiment the overall tracer uptake is lowest. Figure 3.16 second row (panels 4 

and 6) and third row (panels 7, 8 and 9) show similar behaviour for the tracer distribution. 

The tracer difference in rows 1, 2 and 3 in Figure 3.16 (left to right) clearly illustrates that 

when Kiso is kept at a spatially uniform value and KGM is in increasing order it brings changes 

to the tracer difference relative to the reference experiment in range of 10% (changing from 

-5% to 5%). These tracer difference percentages are modest but in realistic climate model 

runs of several hundred years these differences will be larger. This result is significant and 

indicates that fixed parameterisations for KGM and Kiso used by most of the ocean models 

used for climate studies depend heavily on a spatially uniform number and if this number is 

chosen incorrectly it may produce misleading estimates of future tracer uptake.  

The first column in Figure 3.16 represents experiments 1, 4 and 7 (top to bottom), here KGM 

is kept to the same spatially uniform value and Kiso is changed in an increasing order, 

respectively. There are smaller differences in the colour distribution relative to reference 

experiment changing from light red to dark red in the SO and from white to light blue in the 

Atlantic Ocean. The changes in column 1 (Kiso increases from top to bottom) does not change 

sign from positive to negative when compared with row 1 (KGM increases from left to right). 

Another main difference among panels 1, 4 and 7 (column 1) is evident in the Southern Ocean 

deep cell (1000m to 3000m), where tracer uptake gets stronger (in deep ocean) as indicated 

by dark red colour with large values of Kiso (changing from 100 to 500 and 1000 m2s-1). The 

results from the second and third columns are similar to the first-column results. However, 

note that the colour distribution changes in column 2 and 3. 

Figure 3.17, first row (left to right) shows that changing KGM still predominately impacts the 

tracer distribution globally because it changes the colour from dark to light red and finally to 

blue. Similar results are found for the second and third rows. In Figure 3.17 first column (top 

to bottom) shows that changing Kiso still impacts the tracer distribution mainly in the SO and 

not as strongly in the northern high latitudes. 
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Figure 3. 17: Tracer difference plots of all nine experiments. Each panel represents the 

difference of the zonal and time mean of the tracer distribution with respect to the reference 

experiment for the global ocean (same as Figure 3.16 but at different time scale). The time 

used for this plot is from 190 to 200 years. The term ‘Ref’ in the title of all panels represent 

reference experiment. 

We compare all three panels (1, 4 and 7) with each other of the first column (top to bottom) 

and it can be seen that each panel is almost identical to the other two in pattern but with 

increased intensity. Similar results are found for the second and third columns. However, 

similar comparisons in Figure 3.16 show a different picture each panel in all three columns 

look different to the other two panels. This is a clear indication that changes in Kiso (in Figure 

3.17, 190 to 200 years) has a weaker effect on tracer uptake in this time period in the SO. 

However, in the SO the main effects on the tracer distribution in the deep ocean is below 

1000m. This also demonstrates that on the decadal time scales eddy mixing and eddy 

advection could be equally important for the tracer distribution in the global ocean. However, 

on time scales of 100 years, tracer distribution is more sensitive to KGM for the global ocean. 

Furthermore, tracer distribution has a modest sensitivity to Kiso for the Southern Ocean on 
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long time scales. Our global ocean results broadly agree with a Southern Ocean study 

(Lovenduski et al., 2013) and with our research from chapter 2.  

 

Figure 3. 18: RMS of the tracer difference of all nine experiments. Each panel represents the 

difference of the tracer distribution with respect to the reference experiment for the global 

ocean. The time used for this plot is from 190 to 200 years, the red, green and blue lines 

represent 𝐾𝐺𝑀 100, 500 and 1000 m2s-1. RMS is calculated over the 0-3000m depth range.   

Figure 3.18 shows the RMS of tracer difference shown in Figure 3.17 which quantitatively 

illustrates where the tracer differences are higher and lower in the global ocean. It 

qualitatively shows that KGM exerts greater control on the tracer distribution on long time 

scales (hundred years), relative to the earlier time (i.e., 140 to 150 years) 

Panels 1, 2 and 3 (first row, left to right) shows that changing KGM (while Kiso is kept to 100 

m2s-1) impacts the tracer difference distribution significantly at different latitudes. The peak 

values for all three panels are 0.12, 0.07 and 0.10, respectively. Peak values are in different 

locations, high southern latitudes, high northern latitudes, and in the core of the SO, 

respectively. In the second-row, panel 4 is compared with 6, the peak values are 0.12 and 0.10 

in the high southern latitudes. Similarly, for third-row, panel 7 is compared with 8 and 9, the 

peak values are 0.14 in the high southern latitudes, 0.04 in the core of the SO and 0.04 in the 
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high northern latitudes, respectively. Variability in the distribution of tracer difference at each 

latitude for all the three panels is different for all three rows. These differences show that 

changing KGM and keeping Kiso to a spatially uniform value changes the tracer difference 

distribution in the entire global ocean. 

Figure 3.18, Panels 1, 4 and 7 (first-column, top to bottom) show changing Kiso (while KGM is 

kept to 100 m2s-1) impacts the tracer difference distribution primarily in the high southern 

latitudes. Upon comparing all three panels in the first column it can be seen that the red line 

is changing differently only in the high southern latitudes. But north of the SO (including low 

and high northern latitudes) it changes almost the same for all three panels (1, 4 and 7). The 

peak values of the difference can be seen around 60°S. The peak values for all these three 

panels are 0.10, 0.08 and 0.04, respectively. All these values are almost in the same location 

of the SO. This has similar behaviour for the second and third columns and shows that 

changing Kiso and keeping KGM to a spatially uniform value does not change the tracer 

difference distribution much in the entire global ocean.  

 

Figure 3. 19: Tracer mean concentration for all nine experiments for the global ocean. Note 

the winds are fixed, and these values are for years 190 to 200 years.  

We have used the mean tracer values for the global ocean to plot Figure 3.19. It shows a 

scatter plot of all nine experiments. Along the x-axis the values of KGM change in increasing 
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order (from 100 to 500 and 1000 m2s-1) and the y-axis shows the mean tracer concentration. 

The mean tracer concentration is the total mean along longitude, latitude, depth up to 3000m 

and time. Results from Figure 3.19 indicate that increasing KGM causes decreased tracer 

penetration, and for a given KGM value increased Kiso caused increased tracer penetration 

for the global ocean. The increase in the tracer penetration with increases Kiso is primarily 

associated with the SO, as discussed in the earlier section. 

Similar results as discussed above are found when we examine the time-series for all the nine 

experiments shown in Figure 3.20.  

 

Figure 3. 20: Time series of total tracer concentration for all nine experiments for the global 

ocean (for years 100 to 200).  

The main findings are below: 

● Lower KGM values are associated with larger tracer uptake as shown by experiments 

1, 4, and 7 (red, blue, and pink lines).  

 

● Higher KGM values are associated to lower tracer uptake as shown by experiments 3, 

6, and 9 (green, brown, and purple lines). 
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● This suggests that KGM is inversely related to the global tracer uptake. 

 

● Results indicate that small KGM values set the isopycnal slopes to be steep which 

coupled with large Kiso  values allow mixing parameterisation to mix more tracer 

gradients along isopycanls which help more tracer to penetrate to the deep ocean e.g., 

experiment 7 (pink line). 

 

● Between KGM and Kiso, KGM has a greater impact on tracer uptake. The likely reason 

for this result is that the increased steepening of isopycnal slopes allows a greater 

uptake tracer in the subduction regions relative to Kiso, which can only transport 

tracer along isopycnals and is thus relatively more passive. 

3.5 Discussion and Conclusions  

In this work we used a coarse resolution global ocean model to test which eddy effect - 

advection or mixing - dominates the tracer distribution in the global ocean. We designed a set 

of nine experiments as illustrated in Table 3.1. We changed KGM and Kiso from 100 to 500 

and 1000 m2s-1 across all 9 experiments. Our reference experiment has KGM and Kiso values 

of 500 m2s-1.  

The tracer experiments have clearly shown that KGM and Kiso are both important to control 

the tracer distribution on short-time scales (tens of years) for the global ocean. Whereas on 

the long-time scales (hundreds of years or more) KGM controls the global tracer distribution 

and Kiso controls the tracer distribution only in the Southern Ocean, respectively. Another 

important result is smaller KGM values increase the slopes of the isopycnals and therefore the 

tracer uptake is larger. Larger KGM values decrease the slopes of the isopycnals and therefore 

the tracer uptake is small. Furthermore, the larger values of Kiso work against the upwelling 

branch of MOC and brings the tracer filled water into the deep Southern Ocean and increases 

the tracer penetration.  

We also found that when using fixed KGM and Kiso tracer difference could be between -5% 

to 5%. But for the climate projections models are used on the time scale of several hundreds 

of years. This means that these differences could become subsequentially larger than 10%. 
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Therefore, there is a need to improve the representation of eddy mixing and advection in 

coarse resolution ocean models to reduce these differences.  

Models that resolve eddies give us more accurate estimates of anthropogenic carbon uptake, 

but these high-resolution models are mainly regional and run for small time scales. For the 

climate simulations we need models that can run for long time scales. To date we cannot 

afford high-resolution models that can run on century time scales because computational 

resources are limited and therefore, we must rely on the adequate parameterisation. There 

is uncertainty in the modelling community over what should be the exact magnitude of KGM 

and Kiso that are optimal for use in the ocean models used for climate studies (Fogli et al., 

2009; Jones et al., 2011; Dunne et al., 2013). KGM and Kiso are both spatially nonuniform and 

nearly all the coarse resolution ocean climate models employ spatially uniform values of KGM 

and Kiso which can give a misleading estimate of anthropogenic CO2 uptake and other 

tracers. This work only focused to investigate sensitivity of spatially uniform eddy advection 

and mixing parameterised values in an ocean model to the tracer uptake. However, as 

suggested by the modelling and observational studies (Waugh et al., 2014; Farneti et al., 2015; 

Gnanadesikan et al., 2015) that for accurate estimates of global tracer uptake, coarse 

resolution models should use spatially nonuniform values for eddy advection and mixing 

parameterisations.  

Unlike Chapter 2, we did not change wind stress in these experiments (Table 3.1). However, 

KGM’s dependency on winds is widely accepted mechanism across modelling and 

observational studies (i.e., Farneti and Gent (2011), Waugh et al. (2014), Farneti et al. (2015), 

Abernathey and Ferrira (2015), Gent (2016)). These studies have suggested that there is a 

need for interactive parameterisation (e.g., Farneti and Gent (2011) and Abernathey and 

Ferrira (2015)) for KGM and Kiso. These interactive (wind dependent) parameterisations 

should also be used in coarse resolution global ocean models for mainly three reasons: first, 

to correctly estimate the magnitude of KGM and Kiso, second, an improved representation of 

KGM  which will improve the mean state of the ocean and will reduce the biases in the ocean 

dynamics, and third correct the representation of KGM  and Kiso will help to estimate the 

climatically important tracer uptake (such as CO2 and CFCs) with greater accuracy.  
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The interactive parameterisation for KGM requires it to change with respect to the wind 

changes in order to capture the small changes in the isopycnal slopes (Farneti et al., 2015). 

Similarly, for Kiso the mixing length theory overestimates the eddy mixing, therefore, in order 

to develop an interactive parameterisation for Kiso it must include the suppression theory of 

Ferrari and Nikurashin (2010) which depends on winds via EKE. If interactive 

parameterisations are used in the global ocean models for climate studies, then one can 

compare the results with realistic tracers like CFCs from observations and this will help us to 

estimate the anthropogenic carbon uptake with confidence and accuracy. The next chapter 

of this thesis parameterises eddy mixing suppression rates using the energy consistency 

framework of pyOM2.2 in a coarse resolution global ocean model and assess its impact on 

the tracer distribution.  
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Chapter 4 

The Role of Eddy Mixing Suppression in Tracer 

Transport in the Global Ocean Model 

Motivated by the findings of the idealised channel model presented in Chapter 2 and realistic 

global ocean model presented in Chapter 3, this chapter (Chapter 4) parameterises the eddy 

mixing suppression rates using the (Ferrari and Nikurashin, 2010) theory in a realistic coarse 

resolution (2°x2°) non-eddy-resolving global ocean model. The focus of this study is to 

investigate the impact of different mixing parameterisation on the tracer transport in the 

global ocean model.  

Abstract 

Mesoscale eddies are known to play an important role in tracer transport. Eddy propagation 

relative to the background mean flow suppresses the efficiency of the eddy mixing rates, 

which has a strong impact on the tracer uptake time scales and tracer distribution. Theory 

that takes into account the effect of suppression has been developed by Ferrari and 

Nikurashin (2010). For the first time, suppressed eddy mixing in three dimensions is 

parameterised in a global ocean energetically consistent model, pyOM2.2. The parameterised 

suppressed mixing rates show spatially non-uniform patterns with high mixing values in the 

western boundary currents except in the Southern Ocean. There exist critical latitudes at 17°S 

and 20°N, between which minimum mixing rates occur, because wavelike anomalies 

dominate this region. KFN had the smallest, whereas Kiso = 1000 m2s−1 had the largest 

differences for temperature and salinity with the WOD, respectively. The suppressed mixing 

KFN improves the validation of temperature and salinity in the equatorial regions. This is a 

surprising result from theoretical perspective since equatorial zone is dominated by the waves 

with very low eddy activity and one would expect KFN to fail there because when r < 1 (Section 

4.4.1). However, on a practical point level the reduced mixing implied by suppression KFN 

relative to uniform Kiso =  1000 m2s−1 and unsuppressed K0 (see Figure 4.15) leads to 

smaller temperature and salinity difference in the equatorial regions and thus may be 

advantage for tracer uptake. The high latitude and mid-latitudes for the main thermocline 
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was also better simulated with the KFN parameterisation compared with other 

parameterisations. We concluded that none of the eddy mixing parameterisations assessed 

for the whole ocean volume show any overall improvement of the difference between 

observations and simulations.  

4.1 Introduction   

Mesoscale eddy processes are an important part of ocean circulation. More than 90% of the 

ocean’s surface kinetic energy (KE) lies in the mesoscale eddy fields (Wunsch and Ferrari, 

2004; Wunsch, 2008; Ferrari and Wunsch, 2009). Advances in satellite technology have 

permitted the use of altimetry data to map the surface Eddy Kinetic Energy (EKE) globally, and 

its spatial distribution is well correlated with the baroclinic instability (Killworth, 1997; 

Stammer, 1998; Smith, 2007; Tulloch et al., 2009). Eddy resolving global ocean models have 

also revealed the distribution of surface EKE and the model distribution compares well with 

the satellite produced EKE (Farneti et al., 2010). Regardless of all this progress outstanding 

questions in physical oceanography are: what is the best way to use these observations to 

quantify eddy mixing rates in the global ocean?  Can the improved estimates of eddy mixing 

rates improve the parameterisation of eddy mixing in the coarse resolution ocean models? 

A simple approach to estimate eddy mixing is to use turbulent theory in terms of mixing length 

which commonly assumes that K =  α ULmix, where K is eddy mixing, α is a spatially uniform 

of proportionality, U is the characteristic eddy velocity, and Lmix is the mixing length (Prandtl, 

1925). Estimating these factors from pure theoretical arguments in geostrophic turbulence is 

not a straightforward task and therefore it has been a key topic in oceanography for a long 

time (Green, 1970; Thompson and Young, 2007). Satellite data can provide estimates of the 

eddy velocity. However, in order to determine Lmix, theoretical closure scheme must be 

employed. Such a theoretical closure was first used by (Holloway, 1986) who assumed that 

the product of eddy velocity and mixing length (ULmix) is equivalent to (
gh2́̅̅̅̅ 1/2

f
) . Here, 

(h2́̅̅ ̅1/2

) is the root mean squared (RMS) sea surface height (SSH) anomaly, g is acceleration 

due to gravity, and f is the Coriolis parameter. The main idea of this closure is that the ratio 

of  
g h́

f
 yields a stream-function for eddy surface flow and its spatial derivatives provide the 

U characteristic eddy velocity. The stream-function term can be considered as a product of 
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eddy velocity and a length scale and this length scale is associated to Lmix  in (Holloway, 1986). 

This idea was revised by (Stammer, 1998) who associated the mixing length with the local 

eddy time scales. These two studies (Holloway, 1986; Stammer, 1998) provided details about 

the horizontal spatial patterns of eddy mixing. However, α (the constant of proportionality) is 

an unknown constant and its presence makes the interpretation of the results difficult. 

(Thompson and Young, 2007) used several numerical simulations of geostrophic turbulence 

and reported that α is not a universal constant but rather changes with different parameters 

of the turbulence such as frictional damping. Because oceanic mesoscale turbulence has 

different characteristics and α varies spatially therefore, there is no guarantee that using a 

constant α is appropriate (Klocker and Abernathey, 2014).  

More recently it has been demonstrated that the formula of Holloway (1986) significantly 

overestimates the eddy mixing in the Southern Ocean (SO) (Marshall et al., 2006; Ferrari and 

Nikurashin, 2010). These more recent papers suggest that eddy propagation relative to the 

strong background mean flow suppresses mixing by decreasing the mixing length. (Ferrari and 

Nikurashin, 2010) developed a more refined variant of the classical mixing length theory that 

was further explored by (Klocker et al., 2012a). The novel aspect of this refined mixing length 

theory is, that it provides the estimate of unsuppressed mixing (K0) in the ocean. K0 shows 

eddy mixing without taking into account mean flow suppression and has a form,  

 

 

K0 = Г ∗ urms ∗ Leddy                                                                       

(4.1)      

here eddy-velocity is shown by urms =  √2EKE , EKE is eddy kinetic energy, Г is the mixing 

efficiency constant and is typically assumed to be equal to 0.35, and Leddy  is the length scale 

(Klocker and Abernathey, 2014)  

The Ferrari and Nikurashin (2010) eddy mixing suppression (KFN) suppresses the mixing 

length in the presence of mean flow and eddy propagation and results in new a mixing length 

which is smaller than the eddy length scale Leddy. 

 L = (Leddy) ∗ (SU) (4. 2) 
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Here SU ≤ 1 is the suppression term (Ferrari and Nikurashin, 2010; Klocker and Abernathey, 

2014). SU is written as, 

 
SU =  

1

1 +  
k2

γ2 (U̅ − c)2

 
      

(4.3) 

here k is wave number (k = 
2π

Leddy
), γ represents eddy decorrelation time scale, γ = 

√2EKE

2(Г)Leddy
 , U̅  

fof Coriolis with latitude (
df

dy
) and Ld is the Rossby radius of the deformation (Klocker and 

Abernathey, 2014). KFN is written as, 

 KFN = K0 ∗ SU   (4.4) 

   

The Ferrari and Nikurashin (2010) framework of suppression takes into account both the 

small-scale (mesoscale turbulent flow associated with unsuppressed mixing) and large-scale 

(background flow associated to suppression) to estimate the eddy mixing (Busecke and 

Abernathey, 2019).The eddy mixing coefficient (Kiso) quantifies the rate at which the tracer is 

transported in the ocean. This coefficient is widely used in the coarse resolution ocean models 

and in these models represent the unresolved mixing processes. (Abernathey and Marshall, 

2013) used suppressed mixing length theory to estimate the long term mean of suppressed 

eddy mixing and its spatial distribution in the global ocean. They found mixing values up to 

10,000 m2s−1 on the flanks of western boundary currents while in the subtropical gyres the 

values decreased by two orders of magnitude to about <1000 m2s−1. Employing such 

horizontally and vertically varying eddy mixing values in models impacts the estimates of 

anthropogenic carbon uptake (Busecke and Abernathey, 2019).  

 

Many studies have suggested that an improved parameterisation of eddy mixing is required 

to improve the simulation of tracers (Viebahn and Eden, 2010; Ferrari and Nikurashin, 2010; 

Klocker and Abernathey, 2014; Abernathey and Ferreira, 2015; Gnanadesikan et al., 2013; 

Gnanadesikan et al., 2015). Our work in this chapter employs KFN in a coarse resolution global 

ocean model for the first time and assesses how it affects the passive tracer distribution. We 
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use an energetically consistent model pyOM2.2 (python ocean model). This model includes 

diagnostics that help to calculate the parameters that are required for the KFN 

parameterisation (Eden et al., 2014). We compare the results of KFN parameterisation with 

spatially uniform eddy mixing parameterisation (Kiso), and also unsuppressed mixing 

parameterisation (K0) derived from the mixing length theory.  

This chapter is organised as follows: In Section 4.2 we describe the model pyOM2.2 and its 

energy consistency. In this section we also briefly discuss the experiments and choice of KGM 

(eddy advection coefficient) value used in this study. Section 4.3 focuses on the validation of 

model estimated EKE with EKE from AVISO (Archiving Validation and Interpretation of 

Satellite Oceanographic data) altimetry data and model temperature, salinity, and density 

with the World Ocean Data (WOD). In Section 4.4, we discuss our results and show the spatial 

variability of the parameters that are required for the KFN parameterisation. We discuss our 

findings about how different parameterisations of eddy mixing impact tracers in Section 4.5. 

Section 4.6 provides a conclusion of this chapter. 

4.2 Model Description 
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Figure 4. 1: Plot shows a snapshot of surface temperature from 90°S to 60°N (from reference 

experiment).  

We used pyOM2.2 in this study. Its energetically consistent framework is unique and provides 

the estimate of variables (zonal mean flow, eddy phase speed, eddy length scale, Rossby 

radius of deformation, Rhines scale, and other shown in [Eqs. (4.1) to (4.4)] required for the 

parameterisation of KFN.  

Our experiment has a horizontal resolution of 2°x2°. The domain is quasi global; ‘quasi’ 

because the Arctic Ocean is excluded poleward of 80°N. Also, marginal seas which are an 

important source of salty water such as the Mediterranean and Red Sea are not resolved. The 

total number of potential levels is 45 and the vertical resolution changes from 10m to 250m 

from the surface to a maximum depth of 5500m. Figure 4.1 shows the surface temperature 

and domain of the model. Unlike chapter 2, the wind stress is always fixed for all the 

experiments in this study. Python Ocean Model is a rewritten version of Massachusetts 

Institute of Technology general circulation model, (MITgcm) (Marshall et al., 1997). The 

MITgcm is a widely used model in the oceanography community.  

4.2.1 Model Forcing 
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Figure 4. 2: (a) zonal averaged surface temperature, (b) zonal averaged surface salinity (c) 

zonal averaged surface wind stress. Note this forcing is same as in (Eden et al., 2014).  

The model is forced with monthly climatological of realistic forcing datasets for momentum 

and heat fluxes. A restoring boundary condition for surface salinity with a restoring time scale 

of 90 days. The surface heat flux boundary condition assumes that atmosphere is an infinite 

heat reservoir but allows ocean circulation to evolve. There is no explicit sea ice in the model. 

When the surface temperature goes below the freezing point, the surface heat flux is out of 

the ocean and salinity restoring is set to zero (Eden et al., 2014).  

The Sea Surface Temperature (SST) distribution, as shown by Figure 4.2 (a) is controlled by 

the implemented surface heat flux boundary condition. In pyOM2.2, global ocean experiment 

2x2, the net heat flux Qnet is defined as a sum of three different components: solar radiation 

heat flux Qsol , sensible heat flux Qsen , and latent heat flux Qlat Barnier et al. (1995) and Eden 

et al, (2014).  We used a monthly climatology of realistic forcing datasets for momentum and 

heat fluxes. Climatological data from the estimate of the state of the global ocean from 

European Centre for Medium-Range Weather Forecasts (ECMWF) is used to initialise the 

model hydrography (Barnier et al., 1995 and Eden et al., 2014). Sea surface air temperature 

(Barnier et al., 1995) along with surface heat fluxes (Eden et al., 2014) results in a boundary 

condition which yields the forcing applied in the model. 

The temperature equation at the vertical levels between the surface and ∆z (depth level just 

below the surface layer) is written as: 

𝜕𝑇

𝜕𝑡
  = advection + diffusion + F 

Here the source term “F” is formulated as a relaxation of the model temperature toward a 

climatological sea surface temperature TS
clim .  

F = 
1

R
 (TS

clim − T)        0 ≤ z ≤ ∆z 

Where R is a relaxation constant (dimension of time) which is usually between 30 to 90 days, 

same as used in Eden et al, (2014). The source term “F” is chosen to be proportional to the 

net surface heat flux: 
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F = 
Qnet

ρ0Cpw∆z
 

Here, ρ0 is water density, Cpw is the specific heat (ratio of potential enthalpy and conservative 

temperature), and ∆z is the predefined depth. 

This surface heat flux in pyOM2.2 modifies the ocean temperature by assuming an infinite 

heat reservoir in the atmosphere. In all the experiments carried out in this chapter has the 

same set of hydrographic and surface heat and freshwater fluxes were used as detailed above. 

The modelled SST compares well with WOD. Because model excludes the Arctic Ocean and 

for simplicity, we further exclude 80°N to 60°N in our experiments, therefore, all plots stop at 

60°N. The surface salinity restoring condition is shown in Figure 4.2 (b). The large-scale 

patterns of high and low salinity mimic global evaporation and rainfall. Figure 4.2 (c) shows 

the observed surface wind stress (taken from ECMWF) that is implemented in our 

experiments. The intense Southern Ocean wind stress is known to drive the ACC and deep 

ocean circulation which is very important for tracer ventilation such as CFCs and 

anthropogenic CO2. The wind stress for the SO is very similar to one used in (Viebahn and 

Eden, 2010; Morrison and Hogg, 2013). All these forcing parameters are kept same for all the 

experiments used in this study. Unlike Chapter 2, we do not change winds in all our global 

experiments in Chapters 3 and 4.  

4.2.2 Energy Consistency in pyOM2.2  

This model, pyOM2.2, has three fundamental energy regimes: small-scale turbulence closure, 

internal wave dissipation closure and mesoscale eddy energy equation.  All three regimes are 

connected to each other, which provides a framework for the energetically consistent coarse 

resolution global ocean model (Eden et al., 2014).  

The small-scale energy regime turbulence transfers heat and momentum. Although estimates 

of turbulence are available from observations, the geographical variation of turbulence is still 

poorly understood. Small-scale turbulence closures have been proposed by Kantha and 

Clayson (2000) to parameterise its effects in ocean models at spatial scales of centimetres to 

millimetres. Eden et al., (2014) implemented a small-scale turbulence parameterisation in 

pyOM2.2 by using an equation of second or higher order quantities that represent the small-
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scale turbulent flow. This parameterisation takes in account how the turbulent fluctuations 

of the flow (TKE) transfer energy to the internal energy to heat the ocean at a very small rate. 

This parameterisation also estimates the dissipation rate and corresponding turbulent mixing. 

In this parameterisation there is no local source of TKE, because it remains an unresolved 

problem and limitation of the ocean models. However, this model addresses this limitation 

by introducing a closure of internal wave energy and dissipation (which is discussed in the 

next section). This closure is the main source of TKE, and it provides a clear pathway for the 

energy to transfer from internal waves to small-scale turbulence. 

Internal waves are observed as vertical oscillations in density surfaces. These waves are 

known to transport energy in vertical direction. In general, internal waves are not resolved by 

ocean models and therefore must be parameterised. (Olbers and Eden, 2013) proposed a 

closure for internal gravity waves and (Eden et al., 2014) implemented it in the model 

pyOM2.2. This closure is mainly based on a radiative transfer balance equation for wind 

generated waves, which takes into account weakly interacting internal-gravity waves 

(Hasselmann, 1968). This wave-wave interaction is not parameterised in the ocean models to 

date. Therefore, this problem is also addressed by the (Eden et al., 2014). Firstly, they split 

the total wave energy into the energy of upward propagating waves and downward 

propagating waves. Then, they assumed that dissipation of waves is symmetric both in 

upward and downward directions. In the highest wavenumber the internal-gravity waves 

break, and the dissipation of internal wave energy is parameterised. This parameterisation 

follows a suggestion by (Olbers, 1976), that was also used in other studies to estimate the 

internal wave energy dissipation (Gregg, 1989; Polzin et al., 1995).  

At the bottom of the ocean, the barotropic tides interact with topographic obstacles and 

create a flux into the internal wave field. An estimate of this topographically generated 

internal wave field. is given by (Jayne, 2009; Olbers and Eden, 2013). (Eden et al., 2014) used 

this flux in the parameterisation of internal waves. (Nikurashin and Ferrari, 2011) have 

showed that lee waves could be generated by mesoscale eddies, and this source could be 

equally important as the tidal forcing.  

Mesoscale eddy dynamics are unresolved in most ocean models. The turbulent flow of eddies 

is also described by the energy equation in  (Eden et al., 2014).The mesoscale fluctuations are 
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denoted by the EKE and EKE is associated to three main energy exchanges. The first exchange 

is with the mean kinetic energy, which is mainly driven by eddy momentum flux acting on the 

lateral shear of the mean flow. The second exchange is with the Potential Energy (PE) and the 

third exchange is with the dissipation. 

The equation below shows the energetically consistent prognostic EKE budget for the non-

eddy resolving coarse resolution ocean model used in this study. This closure consists of a 

parameterisation of EKE that is integrated as an additional model equation: 

𝑑

𝑑𝑡
 �̅� = 𝑆̅ + 𝑏�́́�̅̅ ̅̅  – 𝜖 - ∇. 𝑴 

The first term on the right-hand side of the equation is energy production term “𝑆̅” which is 

related to the eddy momentum fluxes, barotropic instability, and describing the exchange 

with the mean kinetic energy. The second energy production term “𝑏�́́�̅̅ ̅̅ ” is related to 

baroclinic instability which is also associated to GM parameterisation which is known to 

extract potential energy from the resolved flow. The dissipation of EKE is denoted by “𝜖”, 

which is also partially associated to controlling the surface and vertical structure of EKE. The 

last term on the right-hand side is the divergence of a flux 𝑴 which conations advection of 

EKE by the fluctuating flow and correlation between pressure and velocity fluctuations (Eden 

and Greatbatch, 2008).  

 It is a common practice in global ocean models to use fixed parameterisation of KGM (Gent 

and Mcwilliams, 1990). However, estimates of KGM from observations show significant 

variation. Dissipation of mesoscale eddy energy (𝜖𝑒𝑑𝑑𝑦) is poorly understood. A potential 

mechanism for energy dissipation in the vertical is Lee wave formation over the topography 

by the mesoscale balance flow through which energy is transferred to the internal-gravity 

waves (Nikurashin and Ferrari, 2011). Most models do not have any energy pathways in the 

vertical direction for the dissipation of the mesoscale eddy energy. All the mesoscale 

mechanisms are known to transfer their energy to internal waves or in some cases to the 

small-scale turbulence in the vertical direction, which is the main source of lee-wave 

generation at the bottom of the ocean. To address this problem, (Eden et al., 2014), injected 

the vertically integrated 𝜖𝑒𝑑𝑑𝑦 at the bottom to represent the lee-wave generation, which 

helps this energy regime to become energy-consistent from the surface, to the bottom of the 
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ocean. To obtain a consistent energy cycle of the ocean model without spurious sources and 

sinks, these energy fluxes are transferred to the parameterized forms of energy. This model 

also estimates the EKE of the global ocean at coarse-resolution, and we compare this estimate 

with the high-resolution satellite altimeter data to help validate the EKE parameterisation on 

local and global scales.  

 

Figure 4. 3: Schematic adopted from Talley (2011) showing length and time scales of different 

processes. The pyOM2.2 model keeps track of the energy flow from mesoscales to turbulent 

mixing which is important to understand the large-scale circulation.  

All three energy regimes are implemented based on the energy consistency, and therefore 

when these regimes are linked to each other it provides an energetically consistent 

framework for the global ocean model. The pyOM2.2 model keeps track of the energy flow 

from mesoscales, internal waves and to turbulent mixing which is important to understand 

the large-scale circulation. Mesoscale eddies, internal waves and turbulent mixing that are 

connected in an energetically consistent way in pyOM2.2 and known to impact the large-scale 

circulation (Figure 4.3 shows different mechanisms). The equation used for the total energy 

depends on KE, PE and internal energy. All these parameters have separate parameterisations 

which are diagnosed by the pyOM2.2 model. All of these energy regimes are connected in the 

pyOM2.2 making this model energetically consistent.  
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4.2.3 Experimental Design 

We set up five different experiments in this study. The eddy advection coefficient KGM was 

kept to a constant value of 1000 m2s−1 for all experiments (motivated from Chapter 3 results 

because it gave minimum mean temperature difference among 9 experiments). However, we 

used three different but related parameterisation schemes for the eddy mixing. The first was 

a fixed parameterisation with three different constant values used in experiments 1 to 3 

(standard came with the model). The second parameterisation was unsuppressed eddy 

mixing which and was used in experiment 4 (which we implemented and used in experiment 

4). The third parameterisation was suppressed eddy mixing and was used in experiment 5 

(which we implemented and used in experiment 5). We choose three constant values for 

spatially uniform eddy mixing parameterisation from very small value in experiment 1 to a 

large value in experiment 2 and commonly used value in experiment 3. The aim was to test 

the role of eddy mixing in the evolution of tracer distribution. We choose experiment 1 to be 

our reference/base case experiment because it represents the minimum effect of mixing. 

Therefore, when compared with other parameterisation such as suppressed and 

unsuppressed, it will reflect the impact of these parameterisations on the tracer distribution. 

In Chapter 3 [Eq. (3.1)] and [Eq. (3.2)] illustrated that tracers are altered by the changes in 

advection and diffusion coefficients (KGM and Kiso).  

Table 4. 1– Table showing different values of 𝐾𝐺𝑀 and 𝐾𝑖𝑠𝑜 used in all the five different 

experiments. Experiment 1 is the reference experiment, shaded in grey. 

 

Experiment  KGM [m2s−1] Kiso [m2s−1] Description 

1   1000 1 Base Case (Standard 

Model) 

2 1000 100 Standard Model 

3 1000 1000 Standard Model 
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4 1000 K0  Modified Model for 

this study  

5 1000 KFN  Modified Model for 

this study 

 

4.3 Results: Model Validations  

Climate models continue to improve our understanding of large-scale oceanic processes that 

contribute to climate change. The models that are used to study the large-scale climate 

variability over 10s to 100s of years are generally coarse resolution 1°x1° (Gnanadesikan et 

al., 2006; Khatiwala et al., 2013). Therefore, mesoscale features are not resolved. The 

representation of mesoscale processes in climate models is very important because they play 

a significant role in energy budget and tracer transport (Wunsch, 2008; Griffies et al., 2015; 

Zhang et al., 2016). Despite a very fast increase in the computing power in the physical 

oceanography community, running an eddy-resolving global ocean model for a long period of 

time (more than 100 years) is still not practical with current resources. Therefore, validations 

of coarse resolution models with observations is important to improve the quality of research.  

4.3.1 Validation of EKE  

The prognostic equation for EKE is shown above which is also given by [Eq. (6)] in (Eden and 

Greatbatch, 2008). The equation mainly depends on two parameters: eddy growth rate and 

the KGM parameterisation. The latter depends on the eddy length scale. For further details of 

this parameterisation, the reader is referred to (Eden and Greatbatch, 2008). 
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Figure 4. 4: Log10 of high-resolution 
1

10
° surface EKE (𝑐𝑚2𝑠−2) from the AVISO altimeter 

product (a) & (c), and coarse-resolution (2°) parameterised surface EKE (𝑐𝑚2𝑠−2) from the 

pyOM2.2 model (b) & (d). Different black boxes in Figure 4 are drawn to help compare EKE 

from different regions. 

We have used the EKE estimates of Eden and Greatbatch (2008) in our experiments (Table 

4.1) and we ran all our experiments for 200 years (as discussed section 4.2). Figure 4.4 (b) and 

(d) show EKE averaged over last 10 years (190 to 200) of the simulation. Figure 4.4 (a) and (c) 

represent the long-term time mean of EKE from observations (AVISO altimetry). The spatial 

distribution of EKE in Figure 4.4 (b, model) outside of the equatorial region in broad terms is 

consistent with the Figure 4.4 (a, observations). The model captures the large scale EKE 

distribution for almost all the eastern and western boundary currents (Figures 4 (a) and 4 (b)). 

The amplitude of EKE is well reproduced by the model parameterisation. But the model 

produces low values of EKE in comparison to observations in the Gulf Stream, Kuroshio and 

ACC. Figures 4 shows that model overestimate EKE in the high southern and northern 

latitudes. These findings about the differences are consistent with Eden and Greatbatch 

(2008). They found that at high latitudes the baroclinic instability production term is missing 

and using a constant eddy length scale for KGM produces reasonable advection in the global 

ocean but restricts the amplitude of EKE to match with the observations. Nonetheless, the 

differences in the parameterised EKE are an order of magnitude smaller than observations. 

This is because the model used in this study is a coarse-resolution ocean model which 

depends on many assumptions. This is not ideal, and we acknowledge that EKE in our model 

is underestimated which may impact the calculation of unsuppressed and suppressed mixing 
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rates. In experiments 4 and 5 (Table 1) we used this parameterised EKE for the 

parameterisation of unsuppressed and suppressed eddy mixing rates (we parameterised 

K0 and KFN).  

4.3.2 Validation of Circumpolar Transport  

Figure 4. 5: Circumpolar Transport of all the experiments in Table 4.1. 𝐾𝐺𝑀 𝑎𝑛𝑑 𝐾𝑖𝑠𝑜 values are 

in 𝑚2𝑠−1.  

The zonal circumpolar transport in Figure 4.5 clearly shows that where the wind stress is 

strongest in the SO Figure 4.2 the transport reaches its maximum value of about 85 Sv 

(experiment 5). Towards the Antarctic continental shelf, the transport starts to decrease and 

reaches a value of 10 Sv. Similarly, it decreases north of equatorial flank of the ACC. Around 

20°N and 20°S of the equator the wind stress is minimum (not zero), but the transport is non-

zero. The main reason for this is that in the absence of wind stress, the pycnocline is deepened 

by diapycnal mixing in the north of the ACC. This leads to significant transport via thermal 

wind shear (Munday et al., 2011; Munday et al., 2013). Our results are consistent with 

Munday et al. (2013). Results showed in their Figure 3 (b)  clearly indicate that when diapycnal 

mixing is set to be 10−5 m2s−1 the mean transport is around 90 Sv for 
1

6
° resolution 

experiment, which is consistent with our 2° experiment as shown in Figure 4.5 (note 10−5 
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m2s−1 is the value of diapycnal mixing used in our experiments and similar to most models). 

However, the ACC variation across all five experiments is very small which could be attributed 

to constant GM and no changes in the winds across the suite of experiments.   

4.3.3 Validation of Temperature  

 

Figure 4. 6: Mean (zonal, time and depth mean) temperature difference between experiment 

1 (base case) and the WOD is shown with brown line. The other four lines show the 

temperature difference between experiments 2, 3, 4 and 5 and experiment 1 (base case). These 

lines represent the mean zonal difference, averaged over depth, and years 190 to 200. All 𝐾𝐺𝑀 

and 𝐾𝑖𝑠𝑜 values are shown in  𝑚2𝑠−1 . 

We ran five experiments with three different eddy mixing parameterisations as shown in 

Table 4.1. We compared the temperature distribution of all these experiments with the World 

Ocean Data (WOD), which has a resolution of 1°x 1° (accessed on January 7, 2019; 

https://www.nodc.noaa.gov/OC5/WOD/pr_wod.html).  

Figure 4.6 shows the temperature difference as a function of latitude. The brown line 

represents the temperature difference between experiment 1 and WOD. On average the 

difference between the model and observations is -0.55° C. This clearly shows that all the 

experiments have a cold bias relative to WOD. Small differences are observed in the SO 

https://www.nodc.noaa.gov/OC5/WOD/pr_wod.html


106 

 

whereas large differences are found close to equator and a warm bias at high northern 

latitudes. The maximum difference is associated with the high latitudes in the north, which 

could be explained by the missing Arctic Ocean in our model.  

Red, green, blue, and pink lines show the temperature difference of experiments 2, 3, 4 and 

5 from the base case experiment (experiment 1). In the regions where the base case is biased 

cold compared to WOD (south of 40°N), positive values for experiments 2 through 5 

compared to the base case indicate a reduced cold bias in the model. Conversely, negative 

(experiment 2 through 5) – (base case) south of 40°N indicate a greater cold bias in the model 

compared to observations. Therefore, experiments 2 and 5 (Kiso = 100  m2s−1  and Kiso = 

KFN) adds small increase to cold bias as both lines are close to -0.1°C. Whereas experiments 

3 and 4 (Kiso = 1000  m2s−1  and Kiso = K0) have slightly large values of around -0.2°C, which 

means the cold bias increases in these experiments. The standard deviation for the 

temperature differences of experiments 2, 3, 4 and 5 with respect to base case is on the order 

of (1x 10−3)°C for years 190 to 200, and this small deviation is a good indication that the 

temperature is well equilibrated, and it does not have impact on the results due to internal 

variability. The thermal structure of experiments 2, 3, 4 and 5 with respect to base case moves 

away from the observations and no experiment improves the simulation by moving towards 

the observations.   
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Figure 4. 7: Globally zonal and time averaged, meridional section of the temperature 

difference of experiments 2, 3, 4 and 5 with experiment 1 (base case). Red and green boxes 

represent equatorial regions.  

We now focus on the maps of the temperature difference as shown in Figure 4.7. The four 

panels show the temperature difference of experiments 2, 3, 4 and 5 relative to the 

experiment 1. All panels show dark blue colour at surface to 500m depth and clearly shows 

that all four experiments have a cold bias relative to the base experiment in the upper ocean.  

However, in the interior the differences for all the experiments are smaller. The results form 

Figure 4.7 are consistent with Figure 4.6. The larger biases are associated with experiments 3 

and 4, and smaller biases are associated with experiments 2 and 5.  

Red and green boxes represent equatorial regions. The regions where red and green boxes 

intersect with each other are from roughly -20°N to 20°S (from the surface to 1000m depth). 

Examining equatorial zones of experiment 5 suggests that using KFN parameterisation 

reduces the differences and improves thermal structure of the ocean. This difference is 

smaller than any of the parameterised simulation including unsuppressed K0 (panel c) and 

supports the use of suppression in this equatorial band and it is a preferred option among 

other parameterisations.  

Overall, none of the differences moved closer to the observations instead these differences 

moved away from observations. Also, it suggests that the global temperature difference 

between model and observations (on average) is -0.55° C across all experiments, which we 

acknowledge is the cold bias and a limitation of this model. Kiso = 100 m2s−1 and KFN had 

the smaller, whereas Kiso = 1000 m2s−1 and K0 had the larger differences with the WOD, 

respectively. However, improvements in the thermal structure in experiment 5 suggests the 

use of KFN in the equatorial regions.  

4.3.4 Validation of Salinity  

Figure 4.8 shows the salinity difference similar to temperature difference shown in Figure 4.6. 

On average the salinity difference between experiment 1 and WOD is roughly -0.1 g kg−1. 

This shows that our base case is less saline than the observations. The differences are negative 

and large in the northern hemisphere except in the high northern latitudes where they are 
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positive, which means experiment 1 has saltier water than the observations in that region. In 

the southern hemisphere close to the equator, differences are negative but in the SO they 

are positive. The standard deviation for the salinity difference of experiments 2, 3, 4 and 5 is 

on the order of (1x 10−4)g kg−1 for years 190 to 200, which means that the internal variability 

does not affect the results. The salinity difference of experiments 2, 3, 4 and 5 with 

experiment 1 follows the same pattern we discussed in previous section for temperature 

difference. Experiments 2 and 5 have smaller biases than experiments 3 and 4 with respect 

to WOD.  

 

Figure 4. 8: Same as Figure 4.6 but for the salinity.   

Figure 4.9 shows the maps of the salinity difference. Experiment 2 in panel (a) has the smallest 

difference with experiment 1. Whereas the large differences are associated with experiments 

3 and 4 in panels (b) and (c). Experiment 5 has difference bigger than experiment 2 but smaller 

than experiments 3 and 4. Most of the differences are observed in the first 1000m of the 

ocean. The differences decrease in the interior of the ocean.  

From the temperature and salinity differences (Figures 4.7 and 4.9) it is evident that 

experiments 2 and 5 do a better job of simulating temperature and salinity than experiments 

3 and 4. Experiment 2 has a small value of eddy mixing which is 100  m2s−1 . This suggests 
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that experiment 5, where we use suppressed eddy mixing parameterisation, will have eddy 

mixing rates closer to 100  m2s−1 . Experiments 3 and 4 use 1000  m2s−1 and unsuppressed 

mixing rates, respectively. Both of these experiments have roughly similar temperature and 

salinity differences, which suggests that unsuppressed mixing rates are close to 1000  m2s−1 . 

All these parameterisations have biases for temperature and salinity, and it is hard to suggest 

which one is better than the other provided the improvements in experiments 2 and 5 are 

very small. Overall, there are biases associated to all experiments which is not ideal and a 

limitation of this model.  

   

Figure 4. 9: Same as Figure 4.7 but for the salinity.   

We found that KFN, K0, and spatially uniform Kiso parameterisations produced global 

temperature and salinity differences with WOD. None of the differences moved closer to 

observations rather moved away. Kiso = 100 m2s−1 and KFN had the smaller, whereas 

Kiso = 1000 m2s−1 and K0 had the larger differences with the WOD, respectively.  

4.3.5 Validation of Density   

The mean density values of the WOD and all five experiments, are shown in Figure 4.10. In 

the SO the WOD and all the experiments agree quite well, with small differences close to 

Antarctica. However, in the tropics WOD and all the experiments seems to have larger 
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differences. The WOD is denser than pyOM2.2 modelled data close to equatorial regions from 

20°N to 20°S. In the high northern latitudes these differences are still large. The difference 

between the model and observations is on the order of 0.2 kg m−3. In the previous sections 

we learnt that the temperature and salinity of all the five experiments has biases (see Figures 

4.7 to 4.9), therefore, differences between WOD and model densities are expected. These 

differences may be improved with the better resolution of the ocean model, because the 

model is one quarter the resolution of the WOD. Overall, validations of mean density show 

that model has lower density than WOD and all the five experiments have almost same 

density distribution everywhere in the ocean. This bias is not ideal for tracer experiments and 

may contribute to uncertainties in the global tracer uptake. Also, for simplicity we did not 

tune any parameters (e.g., GM parameterisation) to reduce the biases between model and 

WOD. However, using a non-uniform GM parameterisation can reduce this bias significantly.  

 

Figure 4. 10: Mean-depth averaged density of WOD and all the five experiments from Table 

4.1. All the 𝐾𝐺𝑀 and 𝐾𝑖𝑠𝑜 values are shown in  𝑚2𝑠−1 . The density shown is sigma1, potential 

density with respect to a reference pressure of 1000 dbar, that is, this potential density – 1000 

kg 𝑚−3. 
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4.3.6 Global Meridional Overturning Circulation    

Global meridional overturning stream function is presented in Figure 4. 11, from the control 

run (Table 4.1). All the experiments in Table 4.1 show an almost similar mean meridional 

overturning stream function. This result is expected because winds are unchanged in our 

experiments.  Thus, the surface Ekman transport is the same in all these simulations and 

consequently the surface stream function is also identical in all experiments. Intense features 

are shown in blue (close to the surface), they are shallow low latitude cells with upwelling 

around the equator. These cells are mainly driven by the Ekman transport due to the presence 

of easterly trade winds. Ekman transports in the subpolar zones produce shallow cells with 

equatorward surface flows. In the Northern Hemisphere (NH) this cell is quite weak as it is 

opposed by the strong North Atlantic thermohaline circulation. The corresponding cell in the 

Southern Hemisphere is called the Deacon cell and it extends much deeper. The density 

anomalies induced at depth by convection (northern high latitudes) are advected southward 

with the Atlantic overturning motion and subsequently change the water mass properties in 

the Southern Hemisphere. The altered structure of the deep density field with decreased 

meridional gradients affects the transport of the ACC (Gnanadesikan and Hallberg, 2000). This 

is a very good indication that our model produces major water mass transport pathways for 

the passive tracer experiments. 
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Figure 4. 11: Mean meridional overturning stream function units are in Sverdrup for the 

integration years 100–200 of the control run for the global ocean. The contour interval is 1-3 

Sv for positive values (clockwise) and 1 Sv for negative values (anticlockwise). 

4.4 Results: Modelling of Mixing Length Theory  

Recently, many theoretical and observational studies (Marshall et al., 2006; Ferrari and 

Nikurashin, 2010; Abernathey and Marshall, 2013; Klocker and Abernathey, 2014; Abernathey 

and Ferreira, 2015; Busecke and Abernathey, 2019) have shown that eddy mixing suppression 

(KFN) suppresses the mixing length in the presence of mean flow and eddy propagation and 

results in a new mixing length which is smaller than the eddy length scale Leddy as shown by 

[Eq. (4.3)]. Most of the recent research on suppression has focused on the SO and east Pacific 

where suppression has been identified to be important. However, suppression is likely to be 

very important in other regions where jets and eddies co-exist, such as western boundary 

currents. Therefore, in this study, we provide the 3-D global picture of KFN by parameterising 

it in the global ocean model [Eq. (4.4)]. We assess KFN effects on global tracer distribution. 

All the results for the parameterisation of KFN uses experiments 4 and 5 (Table 4.1).   

The mixing length theory calculates the eddy mixing as shown by [Eq. (4.1)]. The term Г is the 

mixing efficiency constant. Here, we use Г = 0.35 in our calculation of K0, as used by (Klocker 

and Abernathey, 2014). Eddy mixing rates have been estimated from observations (Holloway, 

1986; Stammer, 1998; Klocker and Abernathey, 2014).  Observations such as ARGO profiling 

floats and satellite altimetry provide an estimate of root mean square eddy velocity. 

Theoretical difficulty lies in determining the eddy length scale Leddy, and Hollowa (1986) and 

Stammer (1998) assumed that the largest eddy length scale is equal to Leddy. This is not 

always true because the mixing length can be much smaller than the eddy length scale (Eden, 

2007; Tulloch et al., 2011). The advantage of using the pyOM2.2 is, it not only calculates the 

urms but also estimates Leddy = min(Ld + Lr) (Eden et al., 2014), required for the eddy mixing 

estimates. Where, Ld = ∫
N

(fπ)

0

−H
dz (Eden, 2007; Eden et al., 2014) denotes local Rossby 

radius (N is Brunt-Vaisala frequency, H is the scale height and f is the Coriolis parameter) and 

Lr =  √
urms

β
  (Eden, 2007; Tulloch et al., 2011; Eden et al., 2014) denotes the Rhines scale (β 

is change of Coriolis with latitude). Rossby radius of deformation and Rhines scale are two 
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important quantities that can help to distinguish non-linear mesoscale eddies and liner 

Rossby waves (Theiss, 2004). All of these parameters help to estimate the unsuppressed eddy 

mixing rates using the mixing length theory which is then used for the estimates of suppressed 

mixing rates presented in section 4.4.1.  

4.4.1 Different Length Scales in the Ocean 

Zonally oscillating waves that arise due to the presence of a planetary vorticity gradient are 

called Linear Rossby Waves (LRW) (Klocker and Abernathey, 2014). Whereas mesoscale 

Eddies (ME) are formed from the baroclinic instability and these turbulent fluctuations are 

highly nonlinear (Smith, 2007). In the context of global tracer distribution, a very important 

difference between LRW and ME is that LRW cannot cause irreversible mixing, whereas ME 

can. This difference helps to distinguish regions in the global ocean dominated by LRW and 

ME. As this work aims to explore the effects of eddy mixing suppression on the passive tracer 

transport regions in the global ocean dominated by the eddies are important to the 

interpretation of the results. The Ferrari and Nikurashin (2010) analytical model for eddy 

mixing only applies to the nonlinear eddies (Klocker and Abernathey, 2014). The global ocean 

has a large spectrum of variability and in principle both LRW and ME can co-exist, but, close 

to equator and at low latitudes eddies are suppressed and the energy of eddies is transferred 

to linear Rossby waves (Klocker and Abernathey, 2014).  

Many studies recently have used different approaches to distinguish regions in the global 

ocean dominated by LRW from ME. One such approach is to use the nonlinear parameter 

(
urms

c
) which is a ratio of rms-eddy velocity and intrinsic phase speed (Early et al., 2011; 

Chelton et al., 2011). The intrinsic phase speed c is different from absolute phase speed cw 

because cw = U̅zt −  βLd
2 and includes the Doppler shifting by the depth averaged mean flow, 

whereas c does not include it. If ( 
urms

c
) ˃ 1, then the rms-eddy velocity (urms) exceeds the 

intrinsic phase speed c and the region is dominated by the eddies with length scales of L. 

However, where ( 
urms

c
) ˂ 1, the region is dominated by the wavelike anomalies (Early et al., 

2011). Another approach (Theiss, 2004) uses the Rossby radius of deformation Ld and Rhines 

scale Lr. When ( 
Lr

Ld
) ˃ 1, waves cannot transfer energy into the zonal flows and therefore 
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these regions are dominated by the mesoscale eddies and, when ( 
Lr

Ld
)  < 1, the region is 

dominated by the waves. Theiss (2004) also included a critical latitude where ( 
Lr

Ld
) = 1. This 

critical latitude is the place where a transition from waves to turbulence takes place. Tulloch 

et al. (2009) explored this critical latitude and concluded that at the low latitudes an upscale 

in energy transfer takes place between overlapping Rossby waves and geostrophic turbulence 

time scales. However, at high latitudes such overlap does not exist and that is the main reason 

Rossby waves are not produced and only eddies are found at mid to high latitudes. Klocker 

and Abernathey (2014) used these ideas from the above cited studies and defined a ratio r in 

[Eq. (4.5)] to characterize wavelike and turbulent regions,  

  

r =  
urms

|c|
=  (

Lr

Ld
)2 

     

(4.5) 

The ratio r is between the rms-eddy velocity estimated by the model and eddy phase speed, 

(Rossby-wave dispersion relation). The second equality is the approach of (Theiss, 2004; 

Chelton et al., 2011) which uses Lr and Ld .  
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Figure 4. 12: Ratio r (red line) is shown in panel (a). Regions with r < 1 are dominated by linear 

Rossby waves and r > 1 are dominated by nonlinear mesoscale eddies, the thick black dashed 

lines show the critical latitude. Panel (b) Eddy scale radius (green line) and panel (c) shows the 

Rossby radius of deformation (𝐿𝑑; black line) and the Rhines scale (𝐿𝑟; blue line). All these 

panels calculated from the output of the experiment 5 (Table 4.1).  

In Figure 4.12 (a), using experiment 5 (Table 4.1), we demonstrate that the regions where 

upscale energy transfer is expected to happen and waves are produced are associated with r 

< 1, from -17°S to 20°N. Whereas, for the regions where r > 1, Rossby waves and turbulence 

time scales do not overlap and therefore non-linear mesoscale eddies are likely. The critical 

latitude is where r = 1, shown by the overlap between thin and thick black dotted lines at -

17°S and 20°N. Panel (b) shows the eddy length scale estimated from the diagnostics of 

pyOM2.2 model which is consistent with observations (Chelton et al., 2011). Panel (c) shows 

the Rossby radius of deformation Ld and the Rhines scale Lr. The blue circles show where 

both quantities are equal at the critical latitudes (-17°S to 20°N). The transition from waves 

to turbulence causes the mixing to behave differently in these two regions. Therefore, we 

expect that the model of Ferrari and Nikurashin (2010) is not valid in the equatorial regions.  

4.4.2 Results: Eddy Phase Speed, Zonal Mean Flow and Eddy 

Decorrelation Timescale  

From experiment 5 (Table 4.1), the eddy phase speed is shown by the blue line in Figure 4.13 

(a) and eddy phase speed from linear Rossby wave theory taking the limit (|k| → 0) and 

including the Doppler shift by the depth averaged mean flow cw = U̅zt −  βLd
2 is shown by 

the red line in Figure 4.13 (a). To evaluate c and cw we need an estimate of the Rossby radius 

of deformation, which is provided by the model parameterisation as shown in Figure 4.13 (c). 

This estimate of Ld from the model simulation is consistent with (Tulloch et al., 2009). β is the 

change of Coriolis with latitude which is also provided by the model and finally the depth and 

time averaged mean flow U̅zt which is calculated estimates of zonal mean flow shown in 

Figure 4.13 (b). 
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Figure 4. 13: (a) Eddy phase speed (blue line) and eddy phase speed including the Doppler shift 

(red line). (b) zonal mean flow (green line). (c) eddy decorrelation time scale (red line). All these 

panels calculated from the output of the experiment 5 (Table 4.1). 

In Figure 4.13 (a) both c (blue) and cw (red) are negative everywhere which is consistent with 

the westward propagation of Rossby waves and eddies (Chelton and Schlax, 1996) and 

positive values of r. The blue line c and red line cw both have small differences and agree 

reasonably well from poles to the critical latitudes, which  indicates that eddies dominate and 

they travel at the linear Rossby wave speed Doppler shifted by the depth and time averaged 

mean flow (Killworth, 1986).  

The other main variable that plays a crucial role in determining the suppression from the 

mean flow. The mean flow in the SO is strongest in the core of the ACC (around 50°S) as shown 

by Figure 4.13 (b). It weakens in the mid latitudes and at the equator reaches minimum value. 

Poleward of the critical latitude 20°N, the second highest peak exist around 42°N. In the result 

section we will discuss the eddy mixing rates in the presence of mean flow. The mean flow 

distribution is consistent with (Abernathey and Marshall, 2013). 

Variables in [Eq. (4.4)] such as eddy phase speed relative to the mean flow (U̅ − c), wave 

number k and the eddy decorrelation time scale γ determine the suppression. The inverse 
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eddy decorrelation time scale γ−1, is a crucial variable that helps to determine the strength 

of suppression. In (Ferrari and Nikurashin, 2010; Klocker et al., 2012b) γ represents the 

damping characteristics of non-linear wave-wave interactions. Using the Lagrangian formula, 

pyOM2.2 estimates γ. The values of inverse eddy decorrelation time scale are shown in Figure 

4.13 (c). The inverse of γ is plotted, in order to get the unit of time in days. It is clear that γ−1 

varies between 3 days to 4 days. Therefore, either 3 days or 4 days could be used as a constant 

number in the coarse resolution global ocean models. Our estimate of γ−1 presented in Figure 

4.13 (c) is consistent with observational studies (Bates et al., 2014; Klocker and Abernathey, 

2014) who used γ−1 = 4 days and argued that using 4 days provided them with a plausible 

suppression estimate.  

4.4.3 Results: Unsuppressed and Suppressed Mixing Rates 

In the oceanographic literature the RMS velocity of eddies [urms
2 =  

1

2
(ú̅̅ ̅2 + v̅́2)] is mostly 

calculated using the altimetry data (Tulloch et al., 2009). In this work we use pyOM2.2 model 

which provides the estimate of EKE as shown in Figure 4.4, therefore, we can calculate the 

rms-eddy velocity from EKE estimates.  

 

Figure 4. 14: (a) shows the rms-eddy velocity [𝑢𝑟𝑚𝑠] (blue line), zonal mean flow [�̅�] (green 

circles) eddy phase speed [c] (black line) and the difference between zonal mean flow and eddy 
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phase speed [�̅�-c] (red dotted line), which is a good indicator of the distribution of the 

suppression. (b) shows the square of [𝑢𝑟𝑚𝑠] (blue line), the square of  [�̅�-c] (orange dotted 

line) and the ratio 
 [�̅�−𝑐] 2

[𝑢𝑟𝑚𝑠] 2
 (light green dotted line) which has no units and gives a good 

indication of the strength of suppression. (c) shows the suppression (brown line) and (black 

dotted lines) show the critical latitudes from -17°S to 20°N and this region is dominated by 

linear Rossby waves. (d) shows the unsuppressed mixing (dark blue dotted line) and 

suppressed mixing (dark blue continuous line) respectively. All these panels calculated from 

the outputs of the experiments 4 and 5 (Table 4.1). 

The urms has prominent values in the Western Boundary Currents (WBC) and close to the 

equatorial regions, which is consistent with the eddy kinetic energy map (shown in Figure 

4.4). The maximum values of EKE are found in the WBCs (such as ACC, East Australian Current, 

Kuroshio, Gulf Stream, and Agulhas Current) and close to the equator.  

The zonal mean flow is shown by green dots (Figure 4.14 (a)) it can be seen that it has high 

positive values (eastwards) in the core of the ACC and in the high northern latitudes. Whereas, 

in the tropics (±30°) it is negative westwards. The direction of the mean flow has great impact 

on the suppression (Abernathey and Marshall, 2013). Our results confirm that, and we will 

discuss this in the upcoming sections.  

The eddy phase speed is shown by the black continuous line and its difference with the zonal 

mean flow (U̅-c) is shown by the red dotted line, respectively, in Figure 4.14 (a). The square 

of the difference  (U̅ − c)2 is shown in Figure 4.14 (b) (orange dotted line). It is divided by the 

square of eddy velocity (urms) 2 and is shown by the (light green dotted line) in Figure 4.14 

(b). This ratio light green dotted line does not have any units and it is a good indicator of the 

strength of suppression (Bates et al., 2014).  

It can be seen in Figure 4.14 (a), that zonal mean flow and the eddy phase speed from high 

latitudes to the tropics in both northern and southern hemispheres have the opposite 

propagation directions eastwards and westwards, respectively. In the tropics including the 

critical latitudes both variables propagate in the same direction. The difference (orange line) 

between their magnitude is not large (from poles to tropics), however, at critical latitudes 

(from -17° to +20°) the magnitude of both variables has large differences. Therefore, the 
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square of the difference in the critical latitudes is even bigger as shown by the orange dotted 

line Figure 4.14 (b). This big difference in critical latitudes is the main cause of strong 

suppression (brown line) and reduced KFN (dark blue line, suppressed mixing) as shown in 

Figures 4.14 (c) and (d) respectively.  

The decrease in KFN towards the poles could be explained by the presence of small eddies. 

The sudden decrease of KFN at the critical latitudes despite large eddy size is only explained 

by the fact that in the tropics (especially at the critical latitudes) eddies propagate faster than 

the mean currents (as shown by the orange dotted line in Figure 4.14 (b)), in the same 

westward direction and therefore it greatly suppresses the mixing. However, in the western 

boundary currents and in the ACC (where jets and eddies co-exist), mean currents and eddies 

propagate at similar speeds in the opposite directions (westwards and eastwards, 

respectively). Thus, the suppression is only moderate here as shown by Figure 4.14 (c) (from 

-70° to -17° and 20° to 60°). 

4.4.4 Results: 𝐊𝟎 and 𝐊𝐅𝐍 and their Vertical Profile 

 

Figure 4. 15: (a) and (c) show the global estimate of unsuppressed (𝐾0) and suppressed (𝐾𝐹𝑁) 

eddy mixing rate on a Log10 scale. (b) and (d) shows zonally averaged 𝐾0 and 𝐾𝐹𝑁 also on a 
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Log10 scale. All these panels calculated from the outputs of the experiments 4 and 5 (Table 

4.1). 

We estimated the unsuppressed mixing rates using the mixing length theory in [Eq. (4.2)]. The 

eddy length scale estimate and the rms-eddy velocity are taken from the model energy 

consistency framework and the mixing efficiency constant = 0.35 which is taken from Klocker 

and Abernathey (2014).  

The global map of unsuppressed surface mixing, K0, is shown in the Figure 4.15 (a) and how 

it changes in the vertical direction is shown in Figure 4.15 (b). Similarly inspired by the Ferrari 

and Nikurashin (2010) theory using [Eq. (4.4)] we parameterised suppressed mixing rates, the 

global map of suppressed surface mixing, KFN, is shown in the Figure 4.15 (c) and how it 

changes in the vertical direction is shown in Figure 4.15 (d).  

Figure 4.15 (d) shows that K0 and KFN both have large values in the western boundary 

currents. Qualitatively the pattern of our suppressed mixing rates (Figure 4.15e) in the high 

latitudes resembles well with the pattern derived from observations (Argo Floats) (Cole et al., 

2015, Figure 3e). However, in the critical latitudes K0 is overestimated (close to equator 

values ˃ 5000 m2s−1) because there are no non-linear eddies present in this region 

consequently mixing rates should be very small. 

Panels (a) and (c) both K0 and KFN display a broad spectrum of mixing rates, ranging from 

500 (or less) to roughly 5000 (or more) m2s−1, which is an order of magnitude. These mixing 

rates are controlled by the EKE distribution, zonal mean flow, eddy phase speed and their 

direction of propagation. 

Presently suppressed eddy mixing rate are only available at the ocean surface because 

altimetry data is restricted to the surface of the ocean. The model used in this study provides 

estimates of unsuppressed and suppressed mixing rates along the depth axis as shown in 

Figure 4.15 (b) and (d).  

4.4.5 Results: Comparison of 𝐊𝟎 and 𝐊𝐅𝐍 with Observations 

To quantify unsuppressed and suppressed mixing rates along the depth axis, we have plotted 

vertical profiles of (K0 and KFN) as shown in Figure 4.16. Both K0 and KFN decrease rapidly 
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with depth, in first 1000m below the surface the values of mixing rates are less than 500 

m2s−1. We compare our results firstly with the North Atlantic Tracer Release Experiment 

(NATRE) and secondly with Diapycnal and Isopycnal Mixing Experiment in the Southern Ocean 

(DIMES). The observational estimates of eddy mixing rates in the vertical direction from both 

these experiments are summarized in their Figure 10 of (Bates et al., 2014).  

Our results in Figure 4.16 are for the global ocean and Figure 10 of Bates et al. (2014) show it 

only for the North Atlantic Ocean and the Southern Ocean. We only compare the general 

trends of Figure 10 with our global ocean estimates of unsuppressed and suppressed mixing 

rates in Figure 4.16. The unsuppressed mixing is 4 to 5 times bigger than the suppressed 

mixing in the first 500m, below the ocean surface, as shown by the blue circles and blue 

continuous line. From 500m to 1000m the difference between K0 and KFN decrease from 5 

times to roughly 2 times. Below 1000m the difference become further small and around 

2000m the difference is almost zero, these results are consistent with (NATRE) and (DIMES) 

findings.  

 

Figure 4. 16: Global vertical profiles of 𝐾0 and 𝐾𝐹𝑁 averaged globally from experiments 4 and 

5, the dashed blue line shows a constant (1000 𝑚2𝑠−1) value of eddy mixing used in 

experiment 3.  
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It is a common practice in the coarse resolution global ocean models to use constant values 

of mixing shown in Figure 4.16 with blue dotted line. Around 100m depth the unsuppressed 

mixing is equal to 1000 m2s−1  shown by a black circle in Figure 4.16 and then it decreases 

rapidly with depth. Unsuppressed and suppressed mixing rates have large differences with 

the fixed parameterisation (along z-axis). The vertical profile of eddy mixing is known to play 

a significant role in the tracer uptake, therefore, using the fixed parameterisation for the eddy 

mixing may result into inaccurate estimates of tracer uptake.  

4.4.6 Results: Suppression Factor 

The suppression factor is shown in Figure 4.17 using [Eq. (4.4)]. The inverse eddy decorrelation 

time scale that is used in the calculation of suppression is on average equals to 4 days (Figure 

4.13 (c)) and it is broadly consistent with (Ferrari and Nikurashin, 2010; Klocker and 

Abernathey, 2014). The decorrelation time has strong impact on suppression; therefore, it 

must be carefully prescribed for the KFN estimates.  

 

Figure 4. 17: The suppression factor 
1

1+ 
𝑘2

𝛾2(�̅�−𝑐)2 
taken from [Eq. (4.4)]. As implemented in 

pyOM2.2 for experiment 5. Suppression iis a non-dimensional variable calculated at the 

surface of the ocean (left) and (right). Both panels calculated from the output of the 

experiment 5 (Table 4.1). 
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Given a particular EKE, the diffusivity is maximized when U=c, which corresponds to isotropic 

mixing. The diffusivity can be suppressed when eddies propagate relative to the mean flow, 

i.e., when c is not equal to U (Abernathey and Marshall, 2013). 

The interplay between (U̅ − c)2, (urms)2 and their ratio, 
(U̅−c)2

(urms)2 , decides the pattern and 

magnitude of suppression. In the tropics the 
(U̅−c)2

(urms)2 ≫ 1, therefore the eddy mixing is strongly 

suppressed. However, in the regions where 
(U̅−c)2

(urms)2 is small the suppression is weak. We 

summarise some characteristics of suppression below: 

i. in the high northern and southern latitudes close to the coast (Figure 4.17), we found 

that suppression (experiment 5, Table 4.1) is strong, which is associated to over 

estimation of EKE in these regions (Figure 4.4).  

 

ii. The suppression is very strong in the tropics because the direction of zonal mean flow 

and eddy velocity is the same in this region and 
(U̅−c)2

(urms)2 ≫ 1 (Figure 4.14 (b)). This 

reduces the unrealistically large values of unsuppressed mixing.  

 

iii. The suppression of eddy mixing is found to be large in the regions of strong mean flow 

and EKE such as ACC and western boundary currents. However, eddy mixing values 

are found to be higher on their flanks. 

 

iv. We found the inverse of eddy decorrelation time scale on average is 4 days, which is 

consistent with previous studies Ferrari and Nikurashin (2010), Klocker and 

Abernathey (2014) and Bates et al. (2014). This constant number in many studies 

particularly for the SO produces plausible suppression.   

4.5 Results: Distribution of a Passive Tracer  

To explore the sensitivity of tracer uptake to the eddy mixing parameterisations, we ran five 

experiments with three different parameterisation schemes for Kiso (fixed, unsuppressed, 

and suppressed) with KGM is always kept to a constant value of 1000 m2s−1. The tracer 
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advection-diffusion equation (shown in previous chapter Section 3.2) use altered mixing rates 

(from different parameterisations), that directly impact the tracer transport on each time step 

with revised mixing estimates from all three different parameterisations of eddy mixing.  We 

have excluded experiment 2 (KGM =  1000 m2s−1 and Kiso = 100 m2s−1) for the result 

section of tracer uptake. This experiment was mainly designed to test the effects of small 

values of eddy mixing rates on the global distribution of temperature and salinity.  We run 

each experiment for 100 years until it is equilibrated as indicated by mean kinetic energy 

estimated by the model. We continued to run the model for another 100 years with a passive 

tracer introduced at the surface of the ocean which is relaxed to a value of 1 unit m−3 with a 

restoring time of six hours.  

4.5.1 Different Parameterisations and their Impact Tracer Transport  

 

Figure 4. 18: All four panels show meridional section of tracer distribution of experiment 1 

(base experiment) for the global ocean which illustrate the time evolution of the tracer 

distribution from 100 to 200 years. Both 𝐾𝐺𝑀 and 𝐾𝑖𝑠𝑜 values are shown in  𝑚2𝑠−1 . All these 

panels calculated from the output of experiment 1 (Table 4.1). Title of different panels show 

years 3, 35, 70 and 99 (for the tracer run) these years are equivalent to 103, 135, 170 and 199 

years to the overall run.  
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Figure 4.18 shows the time evolution of experiment 1 (base case). At year 3 after the tracer 

is introduced at the surface, the tracer occupies the mixed layer above the 30.0 

kg m−3 isopycnals. The tracer fills the thermocline at year 35 and at this stage it starts to 

penetrate into the deep ocean in the south of 30°S (Southern Ocean) and in the north of 40°N 

(Atlantic Ocean). By the end of years 70 and 99, the tracer distribution becomes about 12% 

and 22% larger than that at year 3, respectively. At year 35 the region close to Antarctica (50°S 

to 65°S) in the Southern Ocean is partially filled with tracer and at year 99 this region is mostly 

filled with tracer as indicated by the dark red colour. The tracer spreads and penetrates the 

ocean following isopycnals 30.0, 31.0, 31.5, 32.0 and 32.2 kg m−3 and the most tracer 

penetration takes place in the Southern Ocean (35°S to 65°S) shown by the large volume of 

tracer extends from 15S to 45S surface to 1000m depth. The isopycnals in all the four plots 

show no change to their slopes which is a very good indication that model is well equilibrated 

and there are no more changes taking place for the temperature and salinity. We choose 

3000m depth because in our experiments the tracer does not penetrate deeper in the 100 

years simulation. 

The Figure 4.19 (below) shows experiment 5 (suppressed mixing KFN) and experiment 4 

(unsuppressed mixing K0) while keeping the GM parameterisation the same for both 

experiments. With the unsuppressed mixing parameterisation (right panel) the tracer 

penetrates slightly deeper than with suppressed mixing (left panel) in the Southern Ocean (as 

shown by drawing a red line around 1000m on the Figure below). It is also evident that 

suppression (left panel) does alter the distribution of passive tracer in the areas where 

suppression is strong such as in the Southern Ocean (core of ACC around 40° to 50°) and 

western boundary currents. However, the differences between both panels are relatively 

subtle and therefore, we have shown, in Figures 4.20 and 4.21, which show the impact of 

different parameterisations of isopycnal mixing parameterisation on passive tracer 

distribution in this global ocean model and discussed below.   
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Figure 4. 19: Both panels show meridional section of tracer distribution for the global ocean 

which illustrate the time evolution of the tracer distribution at year 199. Both 𝐾𝐺𝑀 and 𝐾𝑖𝑠𝑜 

values are shown in  𝑚2𝑠−1 . Both panels are calculated from the outputs of experiment 5 

(suppressed diffusivity: 𝐾𝐹𝑁) and 4 (unsuppressed diffusivity: 𝐾0) respectively (Table 4.1). Title 

on both panels show year 99 (for the tracer run); these years are equivalent to 199 year in the 

overall run. The red line around 1000m is drawn to show that unsuppressed diffusivity 𝐾0 

tracer uptake is slightly higher than 𝐾𝐹𝑁.  

All the other experiments and their time evolution is not shown here, instead in Figure 4.20 

we show the zonally integrated tracer uptake per year per degree for all the experiments. We 

show four different panels, and each panel represents different year in the simulation. 
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Figure 4. 20: All four panels show zonally integrated tracer uptake rate [-]/year/degree from 

all four experiments from the global ocean experiment. All the 𝐾𝐺𝑀 and 𝐾𝑖𝑠𝑜 values are shown 

in  𝑚2𝑠−1 . All these panels calculated from the outputs of the experiments 1, 3, 4 and 5 (Table 

4.1). Title of different panels show years 35, 70, 99 and 100 (for the tracer run) these years are 

equivalent to 135, 170, 199 and 200 years to the overall run. Panel 4 is the overall average 

plot from 100 to 200 years whereas panels 1 to 3 are snapshots at different timescales.  

All the panels (Figure 4.20) clearly show that there is more tracer penetrating at the high 

southern latitudes which is consistent with Figures 4.18 and 4.19. Upon comparing panels 1, 

2 and 3 it is evident that tracer uptake increases quite significantly from years 35 to 99 for all 

the four experiments. The four different coloured lines in each panel show all the four 

experiments and almost everywhere in the global ocean the tracer distribution is same except 

in the high southern latitudes (with small differences). Experiment 1 (reference experiment) 

has prescribed eddy mixing value of 1 m2s−1 shown by the brown line. Because it has the 

least value of eddy mixing the tracer uptake among others is smallest in the SO. This Figure 

clearly shows that tracer uptake is insensitive to the changes in eddy mixing values.  

 

Figure 4. 21: All nine panels show meridional section of tracer difference for the global ocean 

for all three experiments (experiments 3 to 5) with respect to experiment 1 (control run). Each 

column illustrates the time evolution of the tracer difference at year 35 for column 1, year 70 

for column 2 and year 99 for column 3. Each column also provides a comparison among all 
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three experiments. All the 𝐾𝐺𝑀 and 𝐾𝑖𝑠𝑜 values are shown in  𝑚2𝑠−1 . All these panels 

calculated from the outputs of the experiments 1, 3, 4 and 5 (Table 4.1). Title of different panels 

show years 35, 70, 99 (for the tracer run) these years are equivalent to 135, 170 and 199 years 

in the overall run. 

To quantify these small differences in the SO, we plot the tracer difference plot for the global 

ocean. The formula that we use to evaluate the tracer difference is given by [Eq. (4.6)]. This 

gives us tracer difference is percentage (Figure 4.21). The difference ranges from -5% shown 

to 5% (dark blue to dark red). The red colour illustrates that there is more tracer uptake 

whereas blue illustrates that there is less tracer uptake compared to reference experiment. 

          (Tracer Difference) =  
(Experiment 3 to 5) − (Reference Experiment 1)

(Reference Experiment 1)
x100%                           (4.6)   

Figure 4.21 shows 9 different panels. Left column, panels 1, 4, and 7, show tracer difference 

at year 35 for experiments 3, 4, and 5 with respect to experiment 1. All three panels have 

different parameterisations for Kiso but the KGM is always kept constant to 1000 m2s−1. 

Qualitatively all three panels look different especially from -20° to -50° and at depth from 

1000m to 3000m as shown by the dark red colour and the differences are between 1% to 5%. 

This result is consistent with our chapter 3 findings that different parameterisations for Kiso 

affect the tracer distribution at depth and on decadal time scales. The other major difference 

could be seen close to the equator around mid-depth, where each panel shows a different 

tracer distribution in this region perhaps related to strong suppression in the region. Panel 1, 

4, and 7 shows dark red, light pink and white, respectively.  Whereas in the high northern 

latitudes from 40° to 60° white and light pink colours indicate that there are not any major 

differences between reference experiment and all the other three experiments.  

Middle column, panels 2, 5, and 8 show tracer difference at year 70. Upon comparison it can 

be clearly seen that the difference among all the panels has reduced. Specially panels 5 and 8 

tracer difference distribution look similar in comparison to panel 2.  

Right column, panels 3, 6, and 9 show tracer difference at year 99. The tracer difference in all 

3 panels look identical almost everywhere in the global ocean. This result is also consistent 

with our chapter 3 findings that on the long-time scale 100 years, eddy mixing does not have 
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great impact on the tracer distribution. Instead, it may be eddy advection and changing 

isopycnal slopes that exert a greater control over the tracer uptake.  

It is not an easy task to differentiate the impact of different eddy mixing parameterisations 

on the tracer uptake in a realistic global ocean model. Because the ocean is mostly advective 

and the tracer gradients such as CFCs are relatively smooth and weak, and because eddy 

mixing rates (unsuppressed and suppressed) decrease rapidly with depth are very small below 

300m (Figure 4.16). This comes to simple multiplication of small diffusion times weak tracer 

gradients which results into very small changes. This implies that for tracer like carbon or 

CFCs, it is likely that there may be not enough evidence in the observations to help validate 

the distinct mixing schemes (i.e., unsuppressed and suppressed). The overall total tracer 

concentration in the global ocean was not affected by the changes in different eddy mixing 

parameterisations see Figure C in appendix.  

4.6 Discussion and Conclusion 

The goal of this work was to implement the Ferrari and Nikurashin (2010) suppression of eddy 

mixing theory as a parameterisation in a coarse resolution global ocean model and assess its 

impact on the passive tracer transport relative to unsuppressed mixing and spatially uniform 

parameterisations. The model used in this study is pyOM2.2, which is energetically consistent 

model, and its diagnostics provide estimates of main parameters that are required for KFN 

parameterisation. These parameters helped to estimate suppressed mixing rates not only on 

the surface of the ocean but also along the vertical direction.  

Suppression plays a very important role not only in the SO but in other regions, particularly 

the upper 1000m of the ocean. In the course of implementing suppression, we found close to 

the equatorial regions there exists critical latitudes at -17°S and 20°N. The region between 

these two latitudes is dominated by the wavelike anomalies. When 
Lr

Ld 
  ˃ 1, waves cannot 

transfer energy into the zonal flows and therefore the regions are dominated by the 

mesoscale eddies and, when 
Lr

Ld 
 < 1, the region is dominated by the waves. Theiss (2004) also 

included a critical latitude where 
Lr

Ld 
 = 1. This critical latitude is the place where a transition 

from waves to turbulence and turbulence to waves take place.  
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The suppressed mixing KFN improves the validation of temperature and salinity in the 

equatorial regions. This is a surprising result from theoretical perspective since equatorial 

zone is dominated by the waves with very low eddy activity and one would expect KFN to fail 

there because when r < 1 (Section 4.4.1). However, on practical point level the reduced mixing 

implied by suppression KFN relative to uniform Kiso =  1000 m2s−1 and unsuppressed K0 

(see Figure 4.16) leads to smaller temperature and salinity difference in the equatorial regions 

and thus may be advantage for tracer uptake.  Formally, the mixing length theory that we 

implemented only applies to the regions dominated by the non-linear eddies (Klocker and 

Abernathey, 2014), and not to the regions where waves are dominant such as at low latitudes. 

Therefore, more work is required to understand the factors that control the eddy mixing in 

the equatorial regions including the critical latitudes.  

We also found that the suppression is very strong in the tropics (equatorward of 30°) due to 

the fact that the direction of zonal mean flow and eddy velocity is same in this region. The 

suppression is large in the western boundary currents due to strong EKE. We also noted the 

in the high northern and southern latitudes the suppression in our KFN experiment 

(experiment 5) is strong, which is associated to over estimation of EKE in these regions. The 

EKE estimates from pyOM2.2 are not perfectly correlated with the observed EKE and 

therefore, it may affect the results of KFN and consequently global tracer uptake.  

In the tracer transport experiments for the global ocean we found that all the eddy mixing 

parameterisations produced similar global tracer uptake on long time scale, regardless of the 

very large differences in the mixing rates (upto two orders of magnitude).  We concluded that 

none of the eddy mixing parameterisations showed any sensitivity to the rate of tracer uptake 

(Figure 4.20) except small changes in the Southern Ocean.  

Finally, we make a list of all the main issues that our work has addressed and, we also mention 

what our work does not do. Using an energetically consistent model at a coarse resolution, 

we have provided the estimates of EKE in 3-D. We have also provided a vertical structure of 

unsuppressed and suppressed mixing rates. We have implemented the KFN parameterisation 

for the first time in a global ocean model and we have assessed the effects of KFN and other 

parameterisations on the temperature and salinity structure compared with observations, 

and on the passive tracer transport in the global ocean for the first time. What our work has 
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not achieved because it was out of scope in this chapter is a spatially varying parameterisation 

of KGM, which should capture the changes caused by the changes in the wind forcing and 

provide a realistic estimate of eddy advection for the global ocean. This will help us to better 

quantify the tracer transport and quantify the carbon uptake.  
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Chapter 5 

Conclusion and Outlook 

Some of the difficulties of modern climate modelling lay in the representation of the oceanic 

component of the coupled Atmosphere-Ocean system. The key role of the ocean in the Earth’s 

climate system is the storage and redistribution of the carbon, heat, and other climatically 

important tracers. It is important to accurately represent the oceanic processes that govern 

the transport properties. There are number of technical obstacles in approaching this 

problem, among them is the inability of the modern computers to resolve the mesoscale 

eddies on climatic time scales. Nearly all the coarse resolution (CR) ocean models used for 

climate studies run at a non-eddy-resolving horizontal resolution of 1° or coarser, and 

therefore the effects of eddies (advection and diffusion/mixing) are parameterised in these 

models. Eddy advection (KGM) is associated with changes in overturning circulation, and eddy 

mixing (Kiso) is associated with tracer uptake along isopycnals (Redi, 1982; Gent and 

McWilliams, 1990). Often this parameterisation is assumed to be a constant value of (1000 

m2s−1) that is spatially uniform and leads to inaccurate estimates of global tracer uptake 

(Morrison et al., 2015).  

 

Recently developed, suppressed mixing length theory takes into account eddy propagation 

relative to the background mean flow and suppresses the mixing rates (Ferrari and Nikurashin, 

2010). Observations have also shown the evidence of suppression of mixing (e.g. Naveira 

Garabato et al., 2011; Roach et al., 2018) and revealed that mixing rates are not constant and 

vary spatially. The novelty of this work is that it has addressed the problem associated with 

fixed eddy mixing parameterisation in CR-ocean models. We used Python Ocean Model 

(pyOM2.2) with a closed energy cycle (Eden et al., 2014), the theoretical suppression idea of 

(Ferrari and Nikurashin, 2010), and parameterised suppressed eddy mixing rates in an 

idealised Sothern Ocean channel and realistic global ocean models. We assessed the impact 

of suppressed mixing parameterisation on the dynamics and tracer transport (analogues to 

CFCs or CO2) and documented the sensitivity of the total tracer uptake. This study has resulted 

in contribution to our understanding of the role of eddy parameterisations, in tracer transport, 

in the CR-ocean models.  
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5.1 Synthesis of Results 

A study of the idealised Southern Ocean channel model, Chapter 2, has extended our 

understanding of how improved eddy parameterisations within limits, can lead to more 

accurate estimates of tracer transport. The major contributions include: 

 

i. A new insight about the role of both, Kiso and KGM parameterisations, is important for 

the tracer uptake in the Southern Ocean. 

 

ii. A new understanding of the effects of suppressed mixing rates on the isotherm slopes 

in Southern Ocean, and to its sensitivity to changing wind strengths.  

 

iii. A demonstration of how using a combination of improved fixed KGM and suppressed 

eddy mixing parameterisations, in an idealised CR-Southern Ocean channel model can 

lead to up to 8% improvement in the total tracer uptake with respect to the ground 

truth from a high resolution (HR) eddy resolving model.   

 

iv. We concluded that not only the eddy mixing parameterisation such as KFN, but also 

an improved eddy advection parameterisation KGM (sensitive to wind changes) is 

equally important to accurately estimate the tracer transport. 

Overall, this study of idealised Southern Ocean CR-channel model suggests that suppressed 

eddy mixing parameterisation (KFN) perform better than the traditionally used 

parameterisations, in the context of tracer uptake. KFN relies on the energy consistency 

framework of pyOM2.2 and captures the wind sensitivity information and suppression effect. 

Therefore, it improves the slope of isotherm in the Southern Ocean. Eddy advection plays a 

key role in minimising the tracer uptake residual compared with high-resolution simulation to 

less than 2%.  

We started this project to only parameterise suppressed eddy mixing rates in CR-ocean 

models and assess the impact of this new parameterisation scheme on the tracer uptake. 

However, results of Chapter 2 discovered that the accuracy of tracer transport in the CR-

ocean models not only depends on Kiso but also on KGM. Therefore, in Chapter 3 we moved 

from an idealised Southern Ocean CR-channel model to realistic CR-global ocean model, to 
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investigate which eddy effect, KGM or Kiso, dominates the global tracer uptake on different 

time scales. The global model includes the dynamics of wind driven gyres, western boundary 

currents, the equatorial regions, and is therefore a more demanding test case for testing eddy 

advection and mixing parameterisations. Chapter 3 extended our understanding about the 

role KGM plays to control the global tracer distribution on long time scales. We designed a set 

of nine experiments and changed, KGM and Kiso, from 100, to 500, and 1000 m2s-1, across all 

9 experiments. Our reference experiment has KGM and Kiso values of 500 m2s-1. The main 

findings of this chapter: 

i. We identified that KGM and Kiso are both important to control the tracer distribution 

on short time scales (tens of years) for the global ocean. Our results demonstrated 

that global tracer transport is highly sensitive to the choice of values for both KGM and 

Kiso. 

 

ii. The new results showed that on the long-time scales (a hundred years) KGM had 

greater control over the global tracer distribution and Kiso tended to control the 

tracer distribution in the Southern Ocean consistent with Chapter 2 results.  

 

iii. Fixed KGM and Kiso parameterisations produced tracer differences from -5% to 5% 

with respect to the reference experiment on time scale of 100 years. But for the 

climate projections models can run on longer time scales, this means that these 

differences could become substantially larger than 10%.  

Overall, these results support that the parameterisation of Kiso is more effective for the 

Southern Ocean tracer uptake (Frölicher et al., 2015; Gnanadesikan et al., 2015; Waugh et al., 

2019). However, KGM exerts greater control over the global tracer distribution, because 

changing KGM changes the depth of the pycnocline which then changes the volume of water 

that fills up with tracer (Mignone et al., 2006). Furthermore, the finding (iii) result also 

suggests that in the global ocean model, there is a need of non-uniform eddy mixing 

parameterisation to reduce the high uncertainties in the global tracer uptake. This led us to 

test KFN and KGM in the global ocean in chapter 4.   
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In Chapter 4, we implemented KFN in a realistic global ocean model. It has deepened our 

understanding about the importance of eddy parameterisation in CR-global oceans on long 

time scales. We used a suite of five different experiments in this study. Chapter 3 results from 

global mean temperature difference showed that KGM =  1000 m2s−1 had the smallest 

difference with WOD. The eddy advection coefficient KGM is always kept to a constant value 

of 1000 m2s−1 for all experiments. However, we have used three different parameterisation 

schemes for eddy mixing coefficient (Kiso). The first one was, spatially uniform fixed, second 

spatially varying unsuppressed (K0) parameterisation, we used in experiment 4. The third, 

spatially varying suppressed mixing parameterisation (KFN), we used in experiment 5. We 

prescribed, Kiso = 1 m2s−1, in our reference experiment 1 to provide the base case of a 

global ocean with minimum isopycnal mixing. Thus, allowing the assessment of different eddy 

mixing parameterisations (in experiments 2, 3, 4 and 5) on the global tracer distribution. The 

main results include: 

i. KFN parameterisation implies strong suppression on the enhanced eddy mixing in the 

tropics (±20°) due to the same direction of mean flow (U̅) and eddy phase speed (c) 

also noted by Abernathey and Marshall (2013): “When the mean flow and the phase 

speed have the same sign, as in the westward-flowing equatorial currents, the mean 

flow enhances mixing. When they have the opposite sign, as in the eastward-flowing 

equatorial counter current or in most of the mid-latitude ocean, the mean flow 

suppresses mixing. Near the equator, where the mean flow consists of zonal jets of 

alternating sign, we saw complex patterns of enhancement and suppression”. 

 

ii. The new results showed that KFN not only reduces the large value of unsuppressed 

mixing rates in the tropics but it also reduces the temperature and salinity differences 

with the WOD observations.    

 

iii. The misfit between WOD observations and simulations over the full water depth with 

the three eddy mixing parameterisations (KFN, K0, and Kiso ) did not reduce, but 

rather increased in all experiments.  
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iv. We concluded that none of the eddy mixing parameterisations showed any sensitivity 

to the global tracer uptake except small changes in the Southern Ocean (Figure 4.19).  

Overall, this work provides evidence that in a 2°x2° pyOM2.2 model that KFN and other mixing 

parameterisation schemes give limited scope to improve the tracer uptake estimates on 

decadal and century time scales and that the key uncertainty from Chapter 2 and Chapter 3 

is in KGM. 

5.2 Implications  

The results of this work have important implications both for our understanding of the effects 

of eddy processes on large-scale ocean dynamics and for the eddy parameterisation in the 

CR-ocean models.  

Firstly, the results presented in the idealised CR-Southern Ocean channel model, contribute 

to an improved understanding of the impact of eddy effects (KGM and Kiso) on the tracer 

uptake and models temperature structure. Results of tracer uptake from the CR experiments 

were compared with the twin HR-eddy-resolving experiments to test the skill of eddy mixing 

suppression parameterisation against the ground truth. These clean set of experiments made 

validation and testing of ideas straight forward. Additionally, energy consistency of pyOM2.2 

at coarse resolution with suppressed mixing parameterisation enabled us to emulate the HR 

statistics almost perfectly for temperature, Eddy Kinetic Energy (EKE), and tracer uptake. 

These results establish that with the help of energy consistency framework we can 

parameterise improved eddy effects (KGM and Kiso) in the idealised CR ocean models to 

match the response of HR models. For all three wind cases suppressed eddy mixing, on 

average, minimised the tracer uptake difference with high-resolution to less than 2%. This 

result, in context of heat and carbon uptake, has potentially very important climate related 

implications.  

In the global ocean experiments (Chapters 3 and 4) we did not have a twin HR model for the 

validations of tracer uptake. However, CFC-11 or other similar tracers could be potentially 

used for specific validation of tracer uptake. For temperature and salinity, we used 

observations from World Ocean Data (WOD) for the validations of CR-global ocean models. 

We found plausible agreements (for temperature, salinity, and density) between model and 

observations globally. At the high latitudes, the differences became larger. There are three 
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main findings that we draw from global ocean studies, firstly on shorter time scales (decades), 

changes in KGM and Kiso both are of roughly equal importance in the global tracer uptake. 

Secondly on longer time scales (several decades), KGM exerts a greater control over the global 

tracer uptake than Kiso. Finally, results of different mixing parameterisations (fixed, 

unsuppressed, and suppressed) of eddy mixing, from global models, have shown that 

regardless of time scales Southern Ocean tracer uptake is highly sensitive to the changes in 

Kiso. This implies that Southern Ocean eddy mixing is important for the tracer uptake. The 

global ocean is known to uptake almost 30% of the anthropogenic carbon dioxide emissions 

and the Southern Ocean is responsible for almost half of that carbon uptake (Roemmich and 

Gilson, 2009; Khatiwala et al., 2013; Roemmich et al., 2019). Assuming a spatially constant 

number for the mixing rates leads to biases in the current projections of climate models and 

uncertainty in the heat and carbon uptake of up to 20% to 30% (Morison et al., 2015). Given 

Chapter 4 results: KFN, K0, and spatially uniform Kiso parameterisations had some but limited 

control over tracer uptake compared with GM. Therefore, the suppressed eddy mixing rates 

coupled with improved eddy advection parameterisation is likely to reduce the uncertainties 

in the tracer uptake of coarse resolution global ocean models used for climate studies.  

5.3 Future Work 

This work is an incremental step towards the better understanding of the tracer uptake, a 

problem of fundamental importance in the global ocean. This research has triggered many 

new questions about the pathways for improved eddy parameterisation in CR-ocean models. 

First and foremost, our results established that both eddy mixing and advection 

parameterisations are important for the tracer uptake.  

 

Previously thought, eddy advection is only associated to large-scale ocean dynamics. Different 

KGM parameterisations were used in several different global ocean models for an inter-

comparison study (Farneti et al., 2015). Their study concluded that eddy advection regime 

demands KGM to be strongly sensitive to the wind changes for improving the large-scale ocean 

dynamics as shown in Chapter 2. 

 

But our results also show that, eddy advection can impact the tracer transport on long-time 

scales. Therefore, it will be of great interest for better estimates of tracer transport to 
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parameterise KGM dependent on wind stress or EKE using the energetically consistent 

framework of (Eden et al., 2014). We can then remove the fixed KGM assumption and test the 

large-scale ocean dynamics and global tracer uptake with a wind dependent form of KGM.  

 

Due to relatively low resolution of the global ocean model (Chapters 3 and 4), it was not 

possible to reduce the biases at all depths and regions for the different dynamically important 

variables. An important next step is therefore to investigate different processes that can 

reduce these biases. We suggest that future modelling studies should use an interactive (EKE 

dependent) KGM to improve the representation of the ocean state particularly at high 

latitudes in the CR-ocean models.  

 

The focus of this work was to assess the impact of suppressed eddy mixing parameterisation 

on tracer transport. We discovered that KFN improves the overall thermal structure of the 

Southern Ocean. Different fixed values of Kiso in other CR-ocean model changed the global 

temperature distribution and exerted a strong control over the Antarctic sea ice (Pradal and 

Gnandesikan, 2014). Our results of eddy mixing associated with the thermal structure is 

critically important in context of global tracer uptake. Additionally, it lies at the intersection 

between ocean dynamics and ocean modelling. Therefore, further research is required to 

understand how to better understand suppressed eddy mixing and parameterise it properly 

in the CR-ocean models.     

 

Although we have parameterised the suppressed mixing theory of (Ferrari and Nikurashin, 

2010) in energetically consistent CR-ocean model, with significant progress on understanding 

the sensitivity of tracer uptake in the Southern Ocean, there are still several ways to extend 

the theoretical idea of suppression to make more progress. The suppressed mixing KFN 

improves the validation of temperature and salinity in the equatorial (and other) regions. This 

equatorial result is surprising from theoretical perspective since equatorial zone is dominated 

by the waves with very low eddy activity and one would expect KFN to fail there because when 

r < 1 (Section 4.4.1). However, on practical level, the reduced mixing implied by suppression 

KFN relative to uniform Kiso =  1000 m2s−1 and unsuppressed K0 (see Figure 4.16) leads to 

smaller temperature and salinity differences in the equatorial regions and thus may be 

advantage for tracer uptake for this region.   
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More progress can be made on this topic by using CR-global ocean pyOM2.2, because it 

provides the vertical structure of EKE, and other important parameterers required for 

parametrising eddy effects. Our work has successfully used the energetically consistent frame 

work to parameterise KFN in 3-D. A valuable next step could be to parametrise KGM (wind 

dependent) in 3-D, in the CR-global ocean models with the potential to analyse different 

energy and momentum related regimes.   

 

Observational records are very important to validate the modelling results and they help to 

evaluate the model performance. One limitation of this study was the lack of a suiTable tracer 

dataset and tracer module in pyOM2.2 for the validation of global tracer uptake. An important 

aspect to consider for the future work is how to effectively use the existing long-term 

observational records of primary physical variables such as temperature, salinity, density, 

horizontal velocities (u and v) as well as tracers such as CFC-11, oxygen, and nutrients for the 

validation purposes.  
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Appendix 

 

 

Figure A: Same as Figure 2.14 but the convectional region close to Antarctica has been 

subtracted from this plot. Time series of globally averaged tracer concentration for three 

different wind values. Panel (a) shows the HR experiments for all wind cases. Panel (b), (c) and 

(d) show the CR and the HR for 0.1 𝑁 𝑚−2, 0.2 𝑁 𝑚−2, and 0.3 𝑁 𝑚−2 cases, respectively.  
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Figure B: Zonally averaged potential density surfaces from three different experiments 

(experiments 1, 2, and 3 - shown with green, red, and blue respectively- Both 𝐾𝐺𝑀 and 𝐾𝑖𝑠𝑜 

values are in 𝑚2𝑠−1 as shown in the legends). All these isopycnals are calculated at the end of 

the model run (year 200) for the Southern Ocean. The density shown is sigma1 (calculated in 

𝑘𝑔 𝑚−3), potential density with respect to a reference pressure of 1000 dar, that is, this 

potential density – 1000 kg 𝑚−3. 
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Figure C: Time series of total tracer concentration of all the five experiments in Table 4.1. 
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